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ABSTRACT 
The interaction of the ocean, atmosphere and ice in the Arctic region plays a critical 
role in modulating global climate.  However, recent observations have illustrated the 
region is changing rapidly in response to anthropogenically-induced warming.  Given 
the uncertainty in climate model predictions, one way to analyse the response of the 
Arctic to warming is to generate records through transient warm intervals from the 
geological past.  However, the most pronounced warming event of the Cenozoic, 
known as the Palaeocene/Eocene thermal maximum (PETM), is poorly documented in 
the Arctic region. 
Therefore, in order to place further constraints on environmental conditions in the high 
Arctic during the PETM, this thesis documents results from two new PETM localities in 
the Spitsbergen Central Basin, the BH9/05 core and the Bergmanfjellet outcrop section.  
Results from sedimentological, palynofacies and dinoflagellate cyst (dinocyst) analyses 
have been compared to previous results from the Longyearbyen section (Spitsbergen) 
and Intergrated Ocean Drilling Project Site 302-4A in order to analyse spatial and 
temporal changes across the event in this high Arctic setting.  Analysis of Fe and Mn 
XRF time-series from core BH9/05 has been used to construct a cyclostratigraphic age 
model to constrain temporal changes.  Together with radio-isotopic dating of a 
bentonite layer within the PETM, the cyclostratigraphic age model implies that the 
onset of the event occurred on a falling limb of the 405 kyr eccentricity cycle (between 
55.728 and 55.964 Ma).  Given that other early Palaeogene transient warming events 
(hyperthermals) have consistently been documented at the peak of both 100 and 405 
kyr eccentricity cycles, or on the rising limb of such cycles, this suggests the PETM may 
have been initiated by a different mechanism compared to other hyperthermals. 
Furthermore, comparison of dinocyst assemblages across the Spitsbergen Central 
Basin illustrates a pronounced influx of the low salinity tolerant taxon Senegalinium 
during the PETM, consistent with a regime of enhanced precipitation and runoff.  Such 
conditions led to salinity stratification, which together with elevated productivity and 
the warming of Arctic waters led to sedimentary anoxia and enhanced burial of marine 
organic matter.  As the mechanisms driving anoxia and elevated productivity seen in 
the Central Basin would be expected to occur across the Arctic region, it is probable 
that the enhanced burial of contemporary marine organic matter was a pan-Arctic 
phenomenon in marginal settings.  Given the burial of this type of organic matter 
sequesters carbon directly from the exogenic system, this suggests that the Arctic 
would have been a significant carbon sink during the PETM.     
  ii   
      
  iii   
Contents 
Chapter 1: Introduction.......................................................................................................1 
1.1 The importance of the Arctic climate system............................................................1 
1.2 Informing Arctic climate predictions using an ancient fossil analogue: the 
Palaeocene-Eocene thermal maximum.............................................................................2 
1.2.1 Transient temperature changes in the exogenic system...................................4 
1.2.2 The carbon isotope excursion .............................................................................4 
1.2.3 The duration of the PETM.....................................................................................8 
1.2.4 Eustatic variations across the PETM ..................................................................11 
1.2.5 Ocean acidification .............................................................................................11 
1.2.6 The hydrological cycle and redox changes.......................................................13 
1.2.7 Floral and faunal change....................................................................................15 
1.2.8 The trigger mechanism ......................................................................................17 
1.3 The PETM in high northern latitudes .......................................................................18 
1.4 Aims of this report ....................................................................................................22 
1.5 Objectives...................................................................................................................23 
1.6 Geological setting......................................................................................................23 
1.6.1 Palaeogeography and tectonic setting..............................................................24 
1.6.3 Age constraints...................................................................................................29 
Chapter 2: constraints on the numerical age of the Palaeocene/Eocene boundary31 
Abstract.............................................................................................................................31 
2.1 Introduction ...............................................................................................................32 
2.2 Materials and methods..............................................................................................34 
2.2.1 Geological succession ........................................................................................34 
2.2.2 Palynological processing....................................................................................38 
2.2.3 Radio-isotopic dating..........................................................................................39 
2.2.4 XRF time-series....................................................................................................39 
2.2.5 Time-series analysis............................................................................................40 
2.3 Results........................................................................................................................40 
2.3.1 Radio-isotopic dating..........................................................................................40 
2.3.2 Cyclostratigraphic analysis ................................................................................43 
2.3.2.1 Records in the depth domain .........................................................................43 
2.3.2.2 Records in the time domain............................................................................46 
2.3.3 The numerical age of the Paleocene/Eocene boundary...................................48 
2.4 Discussion..................................................................................................................50 
2.4.1 Comparison with recent age estimates for the P/E boundary.........................50 
2.4.2 On the age of the K/Pg boundary......................................................................53 
2.4.3 Implications for the PETM trigger mechanism .................................................53      
  iv   
2.5 Conclusions ............................................................................................................... 55 
Chapter 3: A low salinity Arctic during the Palaeocene/Eocene thermal maximum: 
new evidence from dinoflagellate cysts........................................................................ 57 
Abstract ............................................................................................................................ 57 
3.1 Introduction............................................................................................................... 58 
3.1.1 Dinoflagellate cysts as proxies for sea surface conditions............................. 62 
3.2 Material and Methods ............................................................................................... 63 
3.2.1 Geological setting............................................................................................... 63 
3.2.2 Organic carbon isotopes.................................................................................... 66 
3.2.3 Palynological processing.................................................................................... 66 
3.3 Results........................................................................................................................ 67 
3.3.1 Bergmanfjellet carbon isotope record .............................................................. 67 
3.3.2 Dinocyst assemblages........................................................................................ 67 
3.3.2.1 Core BH9/05.................................................................................................... 67 
3.3.2.2 Bergmanfjellet ................................................................................................. 69 
3.3.3 Redox conditions................................................................................................ 71 
3.3.4 Age model........................................................................................................... 72 
3.4 Discussion.................................................................................................................. 73 
3.4.1 Basin-scale versus local events.......................................................................... 73 
3.4.1.1 Basin-scale temporal changes........................................................................ 73 
3.4.1.2 Spatial changes within basin-scale events .................................................... 80 
3.4.1.3 Local acmes ..................................................................................................... 82 
3.4.2 A low-salinity Arctic during the PETM............................................................... 83 
3.5 Conclusions ............................................................................................................... 84 
Chapter 4: Reconstructing basin-scale carbon burial during the Palaeocene/Eocene 
thermal maximum in Arctic Spitsbergen....................................................................... 85 
Abstract ............................................................................................................................ 85 
4.1 Introduction............................................................................................................... 86 
4.2 Material and methods............................................................................................... 88 
4.2.1 Geological setting............................................................................................... 88 
4.2.2 Mass accumulation rates and carbon burial..................................................... 89 
4.2.2.1 Dry bulk density.............................................................................................. 90 
4.2.2.2 Sedimentation rates........................................................................................ 90 
4.2.2.3 Total organic carbon....................................................................................... 92 
4.2.3 Palynology........................................................................................................... 92 
4.2.4 Organic geochemistry........................................................................................ 92 
4.3 Results........................................................................................................................ 93 
4.3.1 Mass accumulation rates ................................................................................... 93 
4.3.2 Total carbon burial............................................................................................. 96      
  v   
4.3.3 Palynology...........................................................................................................98 
4.3.4 Organic geochemistry ......................................................................................100 
4.4 Discussion................................................................................................................100 
4.4.1 Carbon burial within the Central Basin ...........................................................100 
4.4.2 Organic matter source variations through the PETM in the Arctic ...............103 
4.4.3 The Arctic as a carbon sink during the PETM.................................................105 
4.5 Conclusions..............................................................................................................106 
Chapter 5: Discussion, conclusions and future work................................................107 
5.1 Key questions...........................................................................................................107 
5.1.1 Is the PETM stratigraphically complete in core BH9/05?...............................107 
5.1.2 Was the BH9/05 time-series altered by short-lived changes in sedimentation 
rate, or overprinting from a non-orbital influence? .................................................108 
5.1.3 How does the stratigraphic thickness of the PETM interval relate to fluvial 
runoff? .........................................................................................................................109 
5.2 Synthesis of major conclusions..............................................................................111 
5.2.1 Links between Arctic hydrology, the marine biosphere and carbon burial..111 
5.2.1.1 Arctic sea level rise........................................................................................112 
5.2.1.2 Enhanced hydrology, runoff and stratification............................................112 
5.2.1.3 Anoxia, productivity and carbon burial.......................................................112 
5.2.2 Constraints on the numerical age and trigger mechanism for the PETM.....114 
5.3 Further research ......................................................................................................114 
5.3.1 Testing the numerical age of the Palaeocene-Eocene boundary...................114 
5.3.2 Towards a robust age model for the PETM.....................................................115 
5.3.3 Testing Arctic PETM Hypotheses .....................................................................116 
5.3.3.1 Hypothesis 1..................................................................................................116 
5.3.3.2 Hypothesis 2..................................................................................................117 
5.3.3.3 Hypothesis 3..................................................................................................118 
References.........................................................................................................................119 
 
Appendices: 
Appendix 1: The Longyearbyen record of the PETM 
Includes: 
File A1.1: Readme detailing the contribution of Adam J. Charles to the Harding et 
al. (2011) publication 
File A1.2: Copy of Harding et al. (2011), Earth Planet. Sci. Lett., 303, 97-107 
File A1.3: Data utilised within Harding et al. (2011)      
  vi   
Appendix 2: Constraints on the numerical age of the Palaeocene/Eocene boundary 
Includes: 
File A2.1: Readme detailing the contribution of Adam J. Charles to the Charles et al. 
(2011) publication 
File A2.2: Copy of Charles et al. (2011), Geochem. Geophys. Geosyst., 12, 
doi:10.1029/2010GC003426 
File A2.3: Data utilised in Charles et al. (2011) 
Appendix 3: Data generated for Chapter 3; A low salinity Arctic during the 
Palaeocene/Eocene thermal maximum: new evidence from dinoflagellate cysts 
Includes: 
File A3.1: Dinocyst data from core BH9/05 and Bergmanfjellet, and carbon isotope 
data from the latter locality. All data generated by Adam J. Charles. Note the slides 
utilized to generate the dinocyst data are deposited within the University of 
Southampton collection. 
Appendix 4: Data generated for Chapter 4; Reconstructing basin-scale carbon 
burial during the Palaeocene/Eocene thermal maximum in Arctic Spitsbergen 
Includes: 
File A4.1: TOC data from Bergmanfjellet, and palynofacies data from core BH9/05. 
All data generated by Adam J. Charles. 
Appendix 5: Slow release of fossil carbon during the Palaeocene–Eocene Thermal 
Maximum (Cui et al. 2011) 
Includes: 
File A5.1: Readme detailing the contribution of Adam J. Charles to the Cui et al. 
(2011) publication 
File A5.2: Copy of Cui et al. (2011), Nat. Geosci., 4, 481-485 
File A5.3: Copy of Cui et al. (2011) supplementary material 
Appendix 6: representative images of key dinocyst taxa 
Includes: 
File A6.1: Plate containing images of key dinocyst taxa utlised in Chapter 3 to infer 
palaeoceanographic changes      
  vii   
List of figures 
Chapter 1: Introduction 
Figure 1.1: Projected annual precipitation and temperature changes in the Arctic 
region (above 60°N) for the A1B scenario............................................................................2 
Figure 1.2: Global palaeogeographic reconstruction at ~56 Ma (equatorial projection), 
illustrating the position of Palaeocene/Eocene boundary sections...................................3 
Figure 1.3: Selected deep marine records of the Palaeocene/Eocene boundary. ............5 
Figure 1.4: Evidence for coupled temperature and hydrological change during the 
PETM.......................................................................................................................................7 
Figure 1.5: Sea surface (SST) and annual mean air temperature (MAT) changes across 
the PETM from the Arctic (Site 302-4A, Lomonosov Ridge, Arctic Ocean)........................9 
Figure 1.6: expressions of the PETM CIE from different parameters and settings........10 
Figure 1.7: Cyclostratigraphic records of the PETM .........................................................12 
Figure 1.8: Schematic diagram of probable palaeoceanographic conditions in 
continental margin and oceanic settings during the PETM..............................................15 
Figure 1.9: Geographic distribution of the dinocyst Apectodinium during the PETM. ..17 
Figure 1.10: Palaeogeographic reconstruction of the Arctic region at ~50 Ma.............20 
Figure 1.11: Geochemical and palynological records from Site 302-4A (Leg 302: 
Lomonosov Ridge)...............................................................................................................21 
Figure 1.12: a) Summary of lithological, geochemical and palynological changes during 
the PETM in the Longyearbyen section, Spitsbergen........................................................21 
Figure 1.13: Modern and Palaeoceanographic context of the Spitsbergen Central 
Basin.....................................................................................................................................24 
Figure 1.14: Outcrop expression of the Gilsonryggen Member, Frysjaodden Formation, 
Spitsbergen..........................................................................................................................25 
Figure 1.15: Expression of the PETM at outcrop level.. ...................................................26 
Figure 1.16: Top of the Hollendardalen Formation on Nordenskiöldfjellet...................28 
 
Chapter 2: Constraints on the numerical age of the Palaeocene/Eocene boundary 
Figure 2.1: Study area.........................................................................................................35 
Figure 2. 2: Lithological, dinocyst and geochemical datasets across the P/E boundary 
from the Longyearbyen outcrop section and core BH9/05..............................................37 
Figure 2. 3: Comparison of PETM CIE records from Spitsbergen and selected ODP 
sites......................................................................................................................................38 
Figure 2. 4: BH9/05 time-series in the depth domain.. ...................................................41 
Figure 2. 5: Calibration curve for the Niton UK portable XRF device to wavelength 
dispersive (WD) XRF.............................................................................................................42      
  viii   
Figure 2.6: U-Pb data for sample SB01-1.......................................................................... 43 
Figure 2.7: Filtered records of core BH9/05 in the depth domain.. ............................... 47 
Figure 2.8: The age of the Paleocene/Eocene boundary in Spitsbergen, using 
cyclostratigraphic Option A................................................................................................ 49 
Figure 2.9: The age of the Paleocene/Eocene boundary in Spitsbergen, using 
cyclostratigraphic Option B................................................................................................ 51 
Figure 2.10: The position of the P/E boundary (equivalent to the PETM CIE onset) with 
respect to orbital forcing.................................................................................................... 52 
 
Chapter 3: A low salinity Arctic during the Palaeocene/Eocene thermal maximum: 
new evidence from dinoflagellate cysts 
Figure 3.1: The study sections........................................................................................... 61 
Figure 3.2: The Bergmanfjellet section............................................................................. 65 
Figure 3.3: Comparison of Spitsbergen PETM sections in the depth domain................ 68 
Figure 3.4: Absolute and relative abundances of dinocysts from core BH9/05, plotted 
against depth....................................................................................................................... 71 
Figure 3.5: Absolute and relative abundance of dinocysts from the Bergmanfjellet 
outcrop section, plotted against depth............................................................................. 75 
Figure 3.6: redox indicators in core BH/905 through the PETM interval....................... 76 
Figure 3.7: Comparison of relative and absolute dinocyst abundance data across the 
Central Basin, plotted against age..................................................................................... 77 
Figure 3.8: Schematic diagram illustrating palaeoceanographic changes in the Central 
basin during the PETM, and their affect on dinocyst assemblages................................. 79 
Figure 3.9: Comparison of the Senegalinium spp. acme (Spitsbergen) with proxies 
typically used to infer changes in hydrology .................................................................... 81 
Figure 3.10: Summary diagram of biotic and palaeoceanographic events across the 
Central Basin during the PETM........................................................................................... 82 
 
Chapter 4: Reconstructing basin-scale carbon burial during the Palaeocene/Eocene 
thermal maximum in Arctic Spitsbergen 
Figure 4. 1: The study sections. ........................................................................................ 89 
Figure 4.2: Lithological, organic carbon isotope and TOC records through the PETM on 
Spitsbergen.......................................................................................................................... 91 
Figure 4.3: MAR C
org plotted against different PETM age model options........................ 97 
Figure 4.4: Organic matter source variations during the PETM in core BH9/05..........101 
Figure 4.5: Light micrographs of palynological preparations from core BH9/05........102 
Figure 4.6: Fluorescence micrographs from core BH9/05. ...........................................104 
      
  ix   
Chapter 5: Discussion, conclusions and future work 
Figure 5.1: Stratigraphic thickness of inferred precession cycles from core BH9/05 
during the PETM interval...................................................................................................109 
Figure 5.2: Schematic representation of the palaeoceanographic regime in Spitsbergen 
during the PETM. ...............................................................................................................111 
      
  x        
  xi   
List of tables 
Chapter 1: Introduction 
Table 1.1: Evidence for eustatic sea level rise at the Palaeocene-Eocene boundary......14 
 
Chapter 4: Reconstructing basin-scale carbon burial during the Palaeocene/Eocene 
thermal maximum in Arctic Spitsbergen 
Table 4.1: MARs C
org for core BH9/05 derived using different age model options........94 
Table 4.2: MARs C
org and total carbon accumulated for individual Spitsbergen PETM 
localities, within the ‘core’ interval of the CIE...................................................................95 
Table 4.3: Estimates of total carbon burial within the Spitsbergen Central Basin, based 
on data from individual PETM localities.............................................................................99 
 
Chapter 5: Discussion, conclusions and future work 
Table 5.1: Evidence for palaeoceanographic changes in the Arctic region during the 
PETM...................................................................................................................................113 
      
  xii        
  xiii   
DECLARATION OF AUTHORSHIP 
 
I, Adam Charles 
 
declare that the thesis entitled 
 
Palaeoceanographic change during the Palaeocene/Eocene thermal maximum in Arctic 
Spitsbergen 
 
and the work presented in the thesis are both my own, and have been generated by me 
as the result of my own original research. I confirm that: 
 
•  this work was done wholly or mainly while in candidature for a research degree at 
this University; 
•  where any part of this thesis has previously been submitted for a degree or any 
other qualification at this University or any other institution, this has been clearly 
stated; 
•  where I have consulted the published work of others, this is always clearly 
attributed; 
•  where I have quoted from the work of others, the source is always given. With the 
exception of such quotations, this thesis is entirely my own work; 
•  I have acknowledged all main sources of help; 
•  where the thesis is based on work done by myself jointly with others, I have made 
clear exactly what was done by others and what I have contributed myself; 
•  part of this work has been published as: Charles et al. (2011), Geochemistry, 
Geophysics, Geosystems, 12, doi:10.1029/2010GC003426. 
 
Signed: ……………………………………………………………………….. 
 
Date:…………………………………………………………………………….      
  xiv        
  xv   
Acknowledgements 
The work presented within this thesis could not have been carried out without the 
advice and support I received from friends and colleagues, as well as the logistical and 
financial backing of several organisations. I would like to extend my gratitude to 
everyone listed below, as they all contributed to the work presented here. 
 
The project was funded by the Natural Environment Research Council (NERC), with 
additional support from Shell UK. James Eldrett and Willem Schuurman of Shell UK 
require a special mention for implementing the CASE partnership with Shell, as well as 
co-ordinating my trips to Aberdeen. The work undertaken in Spitsbergen would not 
have been possible without the aid from Store Norske Spitsbergen Grubekompani, who 
provided logistical help on multiple occasions, as well as permitting access to drill core 
material for sampling. I am especially grateful to Nils Tokheim and Malte Jochmann, as 
both gave up their time on numerous occasions to provide me with help and advice. 
 
I consider myself to be very fortunate to have worked with two PhD supervisors who 
were always available for a quick chat and some helpful advice to boost my spirits, Ian 
Harding and John Marshall. The time I spent discussing my science with Ian and John 
dramatically improved my writing, critical thinking and ability to discuss my science 
with others, for which I am extremely grateful. 
 
At the onset of my PhD, I was lucky enough to attend the first meeting of the 
Worldwide University Networks paleo-Arctic Climates and Environments (WUN pACE) 
meeting in Spitsbergen. The results of the subsequent collaborations are evident in the 
following chapters, and so I would like to extend my thanks to WUN pACE organiser-in-
chief Tim White, who put in countless hours to get the project online and keep it 
going. In 2008, WUN pACE sampled core BH9/05, with Henning Dypvik, Jeno Nagy, 
Lars Riber, David Jargvoll, and Jonna Poikolainen requiring a special mention for their 
exertions in the core store. During this time, John Hurley’s logistical advice regarding 
the use of the Niton UK XRF scanner was invaluable. The WUN research mobility 
programme also kindly funded a month’s placement at Utrecht University, where 
helpful discussions with Henk Brinkhuis, Appy Sluijs, Sander Houben and Peter Bijl took 
place. 
 
Whilst processing my palynology and TOC samples in the lab, Shir Akbari provided a 
tremendous amount of logistical help, as well as interesting stories to keep me going. I 
would also like to thank Mike Bolshaw and Dave Spanner for the help they provided 
when I was generating my carbon isotope data, as well as Paul Cornick at Petrostrat for      
  xvi   
discussions regarding dinocyst taxonomy. Steve Bohaty also deserves special thanks 
for the excellent advice he gave me whilst dealing with the reviewers’ comments for 
the first Spitsbergen paper published in EPSL. Along the same lines I would also like to 
thank Dan Condon, Heiko Pälike, Ying Cui, Lee Kump and Ian Croudace for their 
contributions to the recently published Geochemistry Geophysics Geosystems paper 
(Chapter 2), which dramatically helped to improve the manuscript. The efforts of 
Rebecca Hodgkinson, Marcus Badger and Richard Pancost have also made the 
conclusions to Chapter 4 much more robust, and their contributions are therefore 
much appreciated. 
 
Others requiring a special mention include Paul Wilson, who provided me with some 
part-time lab work enabling me to write up in Southampton, which permitted me to 
discuss my science with other scientists on a daily basis as I wrote the thesis. Working 
in the lab during the arduous task of completing the thesis also proved to be a good 
distraction, with Megan Spencer and Cristina Sghibartz providing amusing anecdotes 
and banter to keep my spirits up. For the same reason, I would also like to thank all my 
friends who have kept me going of the last four years, especially Anna Kaczmarska, 
Aldo Aquino-Cruz and Pornsri Mingkwan, who were there from the start. Last, but by 
no means least, I would like to thank my family for their unconditional support, saying 
the right things at the right time, and for the number of times they have had to put up 
with me complaining to them about my data, without understanding what I was talking 
about! To all of you, I would like to say a giant thank you, I hope this thesis justifies all 
the help and advice you have given me through the years!  
  1   
Chapter 1: Introduction 
1.1 The importance of the Arctic climate system 
The interaction of the ocean, atmosphere and ice in the Arctic plays a critical role in 
modulating global climate, and modern temperature records illustrate that the region 
is warming at a faster rate than lower latitudes in response to anthropogenically 
induced global warming (IPCC AR4 2007).  The volume of both Arctic sea ice and 
continental ice sheets affects planetary albedo, which in turn regulates the net amount 
of solar radiation absorbed at the Earth’s surface and thus surface temperatures (IPCC 
AR4 2007).  A consequence of the current temperature increases in high northern 
latitudes is the rapid decline in both the volume and geographic extent of the Arctic 
sea ice (Comiso et al. 2008; Stroeve et al. 2008).  This has led to predictions that 
summer (September) sea ice will be lost before the year 2100, and potentially as soon 
as 2037 (Boé et al. 2009; Wang and Overland 2009).  The increased temperatures have 
also resulted in an increase in mass wasting from continental ice caps (IPCC AR4 2007) 
which, coupled with increases in precipitation, have resulted in an increase in 
freshwater runoff into the Arctic Ocean and North Atlantic via the Fram and Denmark 
straits (Peterson et al. 2002, 2006).   Such increased runoff will decrease water density 
and therefore hinder the formation of North Atlantic deep water (Rahmstorf 2002).  In 
this way perturbations in Arctic climate have, and will continue to exert, a major 
influence on global thermohaline circulation and thus global climate (Rahmstorf 2002). 
 
However, there is a considerable degree of uncertainty associated with climate models 
which suggest the response of the region to global climate change (Figure 1.1). 
Although the models agree that Arctic surface air temperatures will rise further, 
estimates of mean temperature rise by the year 2100 range from +2.8ºC to +7.8ºC 
(mean ensemble value +5 ºC, A1B scenario; IPCC AR4 2007).  These estimates are 
further complicated by the uncertainty associated with the quantity of fossil fuels that 
will be released by future generations, which alters the mean ensemble temperature 
increase depending on the quantity of fossil fuels incorporated in the model runs 
(mean 5.2ºC increase in A2 scenario; 3.4ºC B2 scenario; IPCC AR4 2007).  Similar 
uncertainties exist in predictions of precipitation changes (Figure 1.1).  Again, models 
agree that precipitation will increase in the Arctic region by 2100 (mean ensemble 
value +18%, A1B scenario), with the greatest increases in winter (December, January, 
February).  However, the range of the predicted precipitation change is significant, with 
minimum predicted increases of 10 %, and maxima of 28 % (IPCC AR4 2007).Adam J. Charles    Chapter 1 
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Figure 1.1: Projected annual precipitation and temperature changes in the Arctic 
region (above 60°N) for the A1B scenario. Changes were calculated by subtracting the 
average temperature and precipitation changes from 1980-1999 from those from 
2080-2099 for the IPCC model ensemble (21 models). Thick black line represents the 
average, with the dark grey line represent the 25 and 75% quartiles respectively. Light 
grey shaded region represents the total range of the models. From IPCC AR4 (2007). 
 
 
1.2 Informing Arctic climate predictions using an ancient 
fossil analogue: the Palaeocene-Eocene thermal maximum 
Given the uncertainty inherent in future climate predictions, one way to provide 
empirical data demonstrating the response of Arctic climate to transient warming 
events is to generate climatic records of such events from the geological past.   One 
such event, the Palaeocene-Eocene thermal maximum (PETM, ~56 Ma; Kennett and 
Stott 1991; Sluijs et al. 2007a), has been taken as an ancient analogue for 
anthropogenic global warming.  The different boundary conditions in the Palaeogene 
(such as plate tectonic configuration [Figure 1.2], ocean circulation and the lack of 
continental ice sheets) prevent direct quantitative comparisons between modern 
warming and that inferred at the PETM.  Despite this, analysis of the forcing 
mechanisms and their associated feedbacks, leads and lags may illustrate how the 
Earth system responds to transient climatic perturbations.  A summary of the key 
aspects of the PETM is given below. 
     
 
Figure 1.2: Global palaeogeographic reconstruction at ~56 Ma (equatorial projection), illustrating the position of Palaeocene/Eocene 
boundary sections (modified after McInerney and Wing 2011). See supplemental Table 1 of McInerney and Wing (2011) for full list of 
site localities. Note the dearth of localities documented in the high northern latitudes. 
 Adam J. Charles    Chapter 1 
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1.2.1 Transient temperature changes in the exogenic system 
Numerous multi-proxy datasets illustrate that atmospheric, sea surface and deep water 
temperatures increased on a global scale at the PETM (Figures 1.3-1.5; Kennett and 
Stott 1991; Bains et al. 1999; Thomas et al. 2002; Zachos et al. 2003, 2006, 2008; 
Tripati and Elderfield 2005; Wing et al. 2005; Sluijs et al. 2006; 2007b; 2011; Weijers 
et al. 2007; Secord et al. 2010).  The transient temperature change is recorded by 
inorganic proxies including bulk carbonate (Bains et al. 1999), Mg/Ca and δ
18O from 
planktonic and benthic foraminiferal calcite (Figure 1.3; Kennett and Stott 1991; 
Thomas et al. 2002; Zachos et al. 2003, 2006, 2007, 2008; Tripati and Elderfield 
2005), both phosphate and carbonate in mammal tooth enamel (Secord et al. 2010), 
and soil carbonates (Koch et al. 1995; Wing et al. 2000). Such changes are also 
recorded from fossil plant leaves (Wing et al. 2005), as well as the tetraether lipids of 
both marine and terrestrial archea (Tex
86 and the MBT index proxies respectively, 
Figures 1.4-1.5; Sluijs et al. 2006; 2007b; 2011; Zachos et al. 2006; Weijers et al. 
2007).  The rises in sea surface temperatures these proxies record range from 5ºC in 
the tropics (Zachos et al. 2003) up to 8-9ºC at the mid-latitudes and poles (Figure 1.3; 
Kennett and Stott 1991; Sluijs et al. 2006; Zachos et al. 2006). Such changes are 
corroborated by proxies for annual mean air temperature, with an ~5°C rise derived 
from the mid-latitude Bighorn Basin (Wing et al. 2000, 2005; Secord et al. 2010), and 
an ~8°C rise in the high Arctic (Site 302-4A; Figure 1.5; Weijers et al. 2007). Similarly, 
Mg/Ca and δ
18O proxies indicate deep water temperature increases of ~5°C (Kennett 
and Stott 1991; Tripati and Elderfield 2005; Zachos et al. 2008).  Given the number of 
different proxies recording this transient temperature increase and the global scale of 
the records, the temperature rise during the PETM is a robust signal.  Furthermore, 
recent high-resolution studies have suggested that the onset of warming preceded the 
marked perturbation of the carbon cycle during the PETM (Thomas et al. 2002; Sluijs et 
al. 2007b; Secord et al. 2010), which has implications for the trigger mechanism of the 
event (see Section 1.2.8). 
 
1.2.2 The carbon isotope excursion 
Stable carbon isotope records (δ
13C) demonstrate a marked perturbation of the global 
carbon cycle during the PETM, with a sharp (2.5-6 ‰) negative carbon isotope 
excursion (CIE) recorded in both organic and inorganic carbon in marine and terrestrial 
settings (Figures 1.3-1.7; e.g. Kennett and Stott 1991; Koch et al. 1992; Bains et al. 
1999; Thomas et al. 2002; Zachos et al. 2003, 2005, 2006, 2007, 2008; Magioncalda 
et al. 2004; Sluijs et al. 2006; 2007b; 2011; Handley et al. 2008, 2011; Robinson 
2011).  Together with the shoaling of the calcite compensation depth at the PETM 
(Section 1.2.5), the negative CIE implies the injection of isotopically light carbon into 
the exogenic system, either in the form of methane or carbon dioxide (Dickens et al.  
     
 
Figure 1.3: Selected deep marine records of the Palaeocene/Eocene boundary. ODP Site 690 bulk carbonate record from Bains et al. 
(1999), with foraminferal isotopic records from Kennett and Stott (1991), Thomas et al. (2002) and Kelly et al. (2005). ODP Site 1263 
bulk carbonate record of Zachos et al. (2005), with foraminferal isotopic records from McCarren et al. (2008). ODP Site 1209 data 
from Zachos et al. (2003). Note that Site 690 and 1263 foraminiferal isotopic records contain both multi-and single specimen 
analyses, whilst records from Site 1209 are from single specimens only. CIE phases defined by changes in bulk carbonate (following 
Röhl et al. [2007]) are shown for ODP Sites 690 and 1263. Identification of CIE phases at Site 1209 is complicated by the absence of a 
bulk record and the scatter associated with δ
13C records of single specimen foraminifera. Arrows ‘a’ and ‘b’ indicate intervals where 
bulk records may be biased by changes in microfossil assemblage/reworking (see text for details). Adam J. Charles    Chapter 1 
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1995; Kurtz et al. 2003; Svensen et al. 2004; Higgins and Schrag 2006).  Theoretically, 
the magnitude of the PETM CIE can be used to determine the amount of carbon 
injected into the exogenic system to cause the inferred warming (Dickens et al. 1995, 
1997; Panchuk et al. 2008; Zeebe et al. 2009; Cui et al. 2011).  Furthermore, the CIE 
shape can be used together with age models for the PETM to derive the rate of carbon 
injection at the onset of the event (e.g. Cui et al. 2011).  Several studies have indeed 
focused on constraining the magnitude and shape of the PETM CIE (e.g. Bains et al. 
1999; Bowen et al. 2004; Smith et al. 2007; Handley et al. 2008; Diefendorf et al. 
2010). 
 
The shape of the PETM CIE has thus been used to split the event into two parts, the 
‘core’ and ‘recovery’ intervals respectively, with the latter commonly divided into two 
phases (Figures 1.3-1.4 and 1.6-1.7).  A third phase with enhanced burial of carbonate 
has also been proposed by Murphy et al. (2010), but the global correlation of this 
interval is highly problematic as it can only be defined in oceanic settings.  The onset 
of the PETM is defined as an abrupt negative shift in δ
13C values, which marks the 
beginning of the ‘core’ interval of the CIE (Figures 1.3-1.7; Sluijs et al. 2007a).  Within 
the core of the CIE, δ
13C values remain relatively depleted compared to pre-CIE values, 
often resulting in a ‘plateau’ of  δ
13C values (e.g. Bains et al. 1999; Magioncalda et al. 
2004; Zachos et al. 2005; Sluijs et al. 2007a; 2007b).  Subsequently the exponential 
return of δ
13C to heavier isotopic values defines the ‘recovery’ interval (Röhl et al. 2007; 
Bowen and Zachos 2010), with an initial more rapid increase to heavier values (phase I) 
followed by a gradual return to stable (flat trajectory) values in recovery phase II 
(Figures 1.3-1.7; Röhl et al. 2007). 
 
However, whilst the broad trends in the CIE shape described above are consistent 
between different depositional settings, records are complicated by differences in both 
the magnitude of the CIE, and changes in δ
13C superimposed on the overall CIE shape 
(e.g. Sluijs et al. 2007a). Such changes can be caused by site specific artefacts, as well 
as the individual isotopic fractionation factors associated with the different parameters 
recording carbon cycle perturbation.  For example, Bains et al. (1999) analysed bulk 
carbonate δ
13C records from ODP sites 1051 (Blake Nose) and 690 (Weddell Sea), and 
argued that these records were representative of the CIE shape, as similar inflection 
points were observed at both localities.  Bains et al. (1999) argued that short-lived 
plateau regions between the onset and peak of the CIE (e.g. arrow ‘a’ in Figure 1.3) 
were indicative of multiple phases of carbon injection during the onset of the PETM.  
However, analysis of single specimen foraminifera illustrated no intermediate δ
13C 
values were present in Site 690 (Figure 1.3; Thomas et al. 2002), and nannofossil 
records illustrate that the plateau regions in the 690 bulk carbonate record correspond  
     
 
Figure 1.4: Evidence for coupled temperature and hydrological change during the PETM, from selected localities. Berganuy section lithostratigraphy, 
soil nodule δ
13C and δ
 18O data from Schmitz and Pujalte (2007). Black and Green solid lines represent 3pt running average of δ
 13C and δ
 18O of soil 
nodules, respectively. DSDP Site 549 data from Ravizza et al. (2001). Note the CIE phases are not defined at Berganuy and Site 549 owing to the low 
resolution δ
 13C data. IODP Site 302-4A data from Sluijs et al. (2006), other than deuterium data (from Pagani et al. 2006). Grey shaded areas 
represent areas of drilling disturbance. Forada outcrop section data from Tipple et al. (2011). CIE phases at Site 302-4A and Forada are plotted 
according to the definitions of Röhl et al. (2007). Note the most enriched deuterium values and the occurrence of a fluvial megafan occur at (or 
preceeding) the onset of the PETM CIE in Forada, Site 302-4A and Berganuy. This suggests the onset of hydrological cycle perturbation began 
at/preceding the CIE onset. Adam J. Charles    Chapter 1 
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to marked assemblage changes.  Thus the plateaux may therefore be artefacts of such 
changes (Bralower 2002).  Similar artefacts have been observed in the bulk carbonate 
record of Site 1263 (Leg 208, Walvis Ridge; arrow ‘b’ in Figure 1.3), where nannofossil 
reworking after the PETM onset resulted in a transient positive excursion of bulk δ
13C 
values within the CIE (Raffi and De Bernardi 2008).  This suggests that the plateau 
regions observed by Bains et al. (1999) are artefacts of analysing bulk records 
composed of several sources of carbonate.  The shape of δ
13C records from oceanic 
records is further complicated by carbonate dissolution at the onset of the PETM (see 
Section 1.2.5), which led to corrosion and therefore an hiatus at the onset of the event 
(Zachos et al. 2005; McCarren et al. 2008).  Typically, this results in a jump in δ
13C 
values, leading to an apparent steepening of the onset region of the PETM CIE (e.g. 
Figure 1.3; McCarren et al. 2008). 
 
1.2.3 The duration of the PETM 
To date, bathyal sections have typically been utilised to construct age models which 
constrain the duration of the PETM CIE (e.g. Norris and Röhl 1999; Röhl et al 2000; 
2007; Farley and Eltgroth 2003; Murphy et al. 2010).  Ages for magnetostratigraphic 
reversals were initially used to derive average sedimentation rates via linear 
interpolation, enabling the calculation of the CIE duration (e.g. Kennet and Stott 1991).  
These time scales have subsequently been refined using cyclostratigraphy, with the 
sedimentation rates derived from palaeomagnetic reversals used to test for the 
presence of orbital cycles within time series datasets (e.g. Norris and Röhl 1999; Röhl 
et al 2000; 2007; Abdul Aziz et al 2008).  The identification of precession cycles (~21 
kyr), and the number of these cycles within the PETM CIE at ODP Site 1051 led to the 
first cyclostratigraphic estimate for the duration of the CIE (~150 ±20 kyr, 7 precession 
cycles; Norris and Röhl 1999).  Subsequently, comparison of Site 1051 with Site 690 
led to the identification of an hiatus at the base of a chalk clast layer in the former, and 
a revised estimate of 210-220 kyr for the duration of the CIE (11 precession cycles) 
based on the stratigraphically more complete Site 690 (Röhl et al. 2000).  However, 
time series datasets from multiple sites on the Walvis Ridge illustrated that the number 
of precession cycles at Site 690 was overestimated by Röhl et al. (2000), owing to the 
low signal-to-noise ratio in Ca records at this site (Röhl et al. 2007).  Analysis of the 
Walvis Ridge sites and additional barium data from Site 690 led Röhl et al. (2007) to 
calculate a CIE duration of 170 kyr (8.5 precession cycles; Figure 1.7), with similar 
estimates derived from terrestrial sections in the Bighorn Basin (157 kyr, 7.5 
precession cycles, Polecat Bench and Red Butte sections: Abdul-Aziz et al. 2008). Adam J. Charles    Chapter 1 
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Figure 1.5: Sea surface (SST) and annual mean air temperature (MAT) changes across 
the PETM from the Arctic (Site 302-4A, Lomonosov Ridge, Arctic Ocean). MAT records 
derived using the Methylation index of Branched Tetraethers (MBT) proxy (see Weijers 
et al. [2007] for details). Grey bars indicate intervals of drilling disturbance. Bulk 
organic carbon and TEX
86’ records from Sluijs et al. (2006), with MAT record from 
Weijers et al. (2007). 
 
 
However, as noted in Section 1.2.5, the deep sea records utilised in the studies just 
described are affected by carbonate dissolution, leading to the truncation of cycles in 
time series records, and therefore the underestimation of the duration of the CIE onset 
(Röhl et al. 2007).  This problem is compounded by the changes in sedimentation rate 
associated with the change from carbonate to clay deposition, preventing filtering of 
time-series records in the depth domain and making cycle identification subjective 
(Murphy et al. 2010).  Finally, the use of bulk carbonate records to define the duration 
of particular phases of the CIE is also problematic, as the admixed nature of these 
records may have altered the shape of the CIE (e.g. Figure 1.3; Bralower 2002; Raffi 
and De Bernardi 2008), thus hindering correlation between different depositional 
settings. 
 
One way to avoid some of the problems associated with cyclostratigraphic PETM 
records in bathyal settings is to construct extraterrestrial 
3He age models (Farley and 
Eltgroth 2003; Murphy et al. 2010).  On the timescale of the PETM the 
3He flux to the 
sediment has been inferred to have been constant, and therefore the concentration of 
extraterrestrial 
3He in the sediment can be used to infer sedimentation rates (Farley 
and Eltgroth 2003; Murphy et al. 2010).  Farley and Eltgroth (2003) argued that the 
duration of the entire PETM was <120 kyr based on 
3He records from Site 690.   
     
 
Figure 1.6: expressions of the PETM CIE from different parameters and settings (note that deep marine CIEs are illustrated in Figure 
1.3). a) Tawanui, New Zealand, from Crouch et al. (2003). b) Bass River, New Jersey, from John et al. (2008). c) Core BH9/05, 
Spitsbergen, from Cui et al. (2011). d) Polecat Bench, Bighorn Basin. Dispersed organic carbon (DOC) and soil carbonate nodule 
records from Magioncalda et al. (2004) and Bowen et al. (2001) respectively. Phases of the CIE (as defined by Röhl et al. 2007) are 
plotted for comparison. 
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However, after accounting for core expansion, and the revised estimates for the 
duration of magnetochrons in this interval (Westerhold et al. 2007), the duration of the 
PETM was revised to 90 ±10 to 140 ±30 kyr (Sluijs et al. 2007a).  Subsequently, 
Murphy et al. (2010) derived a duration of 217 +44/-31 kyr based on a 
3He age model 
from ODP Site 1266.  Therefore the durations of the PETM calculated from ODP sites 
690 and 1266 do not overlap within their quoted uncertainties, even after estimates 
were revised for Site 690.  Such an offset may (at least in part) be related to the age 
models used to calculate the flux of extraterrestrial 
3He to the sites of deposition 
within the ‘calibration intervals’ required for this method  (see Murphy et al. 2010 for 
discussion). 
 
1.2.4 Eustatic variations across the PETM 
Given the global distribution of marginal marine PETM sections, eustatic variations can 
be assessed through the analysis of sea level proxies at different localities.  Data from 
the Atlantic, Pacific and Arctic Oceans, and the Tethys and Turgay Strait regions all 
illustrate evidence for sea level rise during the PETM (Table 1.1).  The global 
distribution and number of sites illustrating such evidence mitigates against localised 
effects (e.g. tectonics, isostacy), indicating the sea level rise associated with the PETM 
was eustatic in nature.  Evidence of highly expanded continental margin sections in 
New Jersey (Sluijs et al. 2008b) and Spitsbergen (Harding et al. 2011, file A1.2, 
Appendix 1) has suggested that the onset of sea level rise preceded the PETM CIE, 
providing further evidence to support the contention that environmental change began 
prior to the CIE onset. 
 
1.2.5 Ocean acidification 
The CIE marking the PETM is synchronous with a pronounced drop in the percentage of 
carbonate at many locations on a global scale (Crouch et al. 2003a; Dupuis et al. 2003; 
Zachos et al. 2005; Guisberti et al. 2007; McCarren et al. 2008; Egger et al. 2009; 
Leon-Rodriguez and Dickens 2010).  In Atlantic oceanic sites, the decline in carbonate 
is interpreted as a >2 km shoaling of the calcite compensation depth (CCD; Zachos et 
al. 2005), resulting in increased carbonate dissolution with depth (McCarren et al. 
2008), and reduced sedimentation rates in bathyal-abyssal settings (Farley and Eltgroth 
2003; Röhl et al. 2007; Murphy et al. 2010).   Pacific and Southern Ocean sites were 
less affected by carbonate dissolution (e.g. Zachos et al. 2003), with a reversed 
carbonate ion gradient (relative to the present day) from the Atlantic to the Pacific 
(Zeebe and Zachos 2007).  Carbonate dissolution would have been driven by the 
injection of methane and/or carbon dioxide into the exogenic system (Dickens et al. 
1995).  This resulted in an increased dissolved inorganic carbon (DIC) content (with a 
constant alkalinity), which acts to decrease carbonate ion concentration, lowering the Adam J. Charles    Chapter 1 
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ocean saturation state and leading to CCD shoaling (e.g. Kump et al. 2009; Ridgwell 
and Schmidt 2010).  Conversely, during the recovery interval of the PETM bathyal 
settings demonstrate elevated carbonate percentages (Kelly et al. 2005; 2010; Leon-
Rodriguez and Dickens 2010).  Such high carbonate content may have been driven by 
enhanced weathering during the recovery interval of the CIE (Dickens et al. 1997; Kelly 
et al. 2005; Kump et al. 2009). Specifically, increased weathering would enhance 
bicarbonate ion concentration in the oceans, in turn leading to elevated carbonate 
formation and an ‘overshoot’ of the CCD to depths exceeding those before the PETM, 
enhancing carbonate burial in oceanic settings (Dickens et al. 1997; Kump et al. 2009). 
 
 
 
Figure 1.7: Cyclostratigraphic records of the PETM from a) ODP Site 1263 (Leg 208; 
Walvis Ridge) and b) ODP Site 690 (Leg 113, Weddell Sea) reproduced from Röhl et al. 
(2007). δ
13C
carbonate records from Zachos et al. (2005) for Site 1263, and from Bains et al. 
(1999) for Site 690. Ba records and precession cycle numbers from Röhl et al. (2007). Adam J. Charles    Chapter 1 
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Nannofossil records have been utilised to interpret potential changes in surface water 
acidity, with the suggestion that lower surface water pH resulted in the presence of 
malformed morphotypes of certain nannofossil species at multiple sites (Jiang and 
Wise 2006; Raffi and De Bernardi 2008).  However, this hypothesis has been challenged 
by Bown and Pearson (2009), who argue that the relatively low number of extinctions 
(up to 10 %) and malformed species (<3 % of known taxa) suggest that marked surface 
water acidification did not occur.  This is corroborated by the continuous deposition of 
shallow water carbonate during the CIE at ODP Site 871 (Limalok Guyot; Robinson 
2011), as well as the lack of a calcification bias in nannofossils during the interval of 
pronounced taxanomic turnover at the PETM (both heavily calcified and fragile taxa 
appear and disappear within the event: Gibbs et al. 2006a).  Furthermore, the Sr/Ca 
productivity indicator also suggests carbonate production in nannofossils remained 
constant across the PETM interval (Gibbs et al. 2010).  A recent modelling study also 
found that surface waters were not undersaturated with respect to carbonate during 
the PETM, for carbon release scenarios of 2180 gigatonnes of carbon over 1 kyr, and 
6840 gigatonnes of carbon over 10 kyr (Ridgwell and Schmidt 2010). 
 
1.2.6 The hydrological cycle and redox changes 
Typically, continental margin sections show an increase in sedimentation rates during 
the PETM, believed to be caused by enhanced terrestrial runoff which resulted in 
increased mass accumulation rates of siliciclastics and organic carbon (John et al. 
2008; Sluijs et al. 2008a).  This, coupled with increases in weathering intensity 
(Ravizza et al. 2001; Dallanave et al. 2010), precipitation (Schmitz and Pujalte 2007) 
and an enhanced deuterium flux to the high Arctic (Pagani et al. 2006), has been used 
as evidence for an intensification of the hydrological cycle initiated at PETM onset 
(Figure 1.4).  Changes in the hydrological cycle may also be linked to changes in redox 
conditions in neritic localities, through changes in runoff and stratification (Figure 1.8).  
Evidence for decreased oxygenation in neritic localities has been documented on a 
global scale (Gavrilov et al. 1997; 2003; Bolle et al. 2000; Sluijs et al. 2006; Lippert 
and Zachos 2007; Weller and Stein 2008; Handley et al. 2011; Harding et al. 2011), 
dramatically illustrated by the deposition of a sapropel unit in sections across Asia 
(Gavrilov et al. 1997; 2003; Bolle et al. 2000).  It has been proposed that the enhanced 
runoff caused by the intensified hydrological cycle led to elevated nutrient 
concentrations in neritic localities, enhancing planktonic productivity and biological 
oxygen demand (BOD).  Elevated runoff is also believed to have resulted in enhanced 
stratification (e.g. Sluijs et al. 2008a; Sluijs and Brinkhuis 2009), which together with 
elevated BOD reduced oxygen levels in neritic localities (Figure 1.8). 
   
Table 1.1: Evidence for eustatic sea level rise during the Palaeocene-Eocene boundary (Modified after Harding et al. 2011) 
Region  Location  Site  Evidence  References 
Wilson Lake & Bass River  Geochemical: lower branched index of tetraethers (BIT) index ratios within PETM 
Biological: most offshore dinocyst assemblages within PETM 
Sedimentological: decreasing percentage of >63 µm grain size fraction going into PETM 
Cramer et al. (1999); John et al. 
(2008); Sluijs et al. (2008b) 
New Jersey margin 
Clayton  Sedimentological: change from ~40% glauconite rich sand preceeding PETM to ~1% within PETM 
Biological: change from inner neritic to middle neritic benthic foraminiferal assemblages (with highest 
tau values) within PETM, with highest percentage of planktonic foraminifera 
Gibson et al. (1993); Gibson & Bybell 
(1994) 
Doel - Belgium  Steurbaut et al. (2003); Sluijs et al. 
(2008b) 
Woensdrecht - The Netherlands  Sluijs et al. (2008b) 
Southeast England 
Sedimentological: regional unconformities above and below PETM suggesting sea level lowstands. 
Resumption of marine deposition within PETM suggests sea level transgression 
Biological (Doel, Belgium only): decreasing percentage of terrestrial palynomorphs, increasing 
percentage of aquatic palynomorphs toward minimum δ
13C values 
Powell et al. (1996) 
North Sea 
Mungo Field  Maximum flooding surface inferred during Apectodium augustum acme in Beyond Petroleum (BP) 
stratigraphic framework 
Payne et al. (2005) 
Atlantic 
Spain  4 sections: (Campo to Bacamorta)  Sedimentological: unconformity representing subaerial exposure replaced by aggradational alluvial 
plain deposits laterally interfingered with marine deposits within PETM 
Pujalte & Schmitz (2006); Pujalte et 
al. (2009) 
Californian margin  Lodo Gulch & Tumey Gulch  Sedimentological: decreasing percentage of >63 µm grain size fraction going into PETM  John et al. (2008) 
Tawanui  Biological: most offshore dinocyst assemblages within the PETM  Crouch & Brinkhuis (2005); Sluijs et 
al. (2008b) 
Pacific 
New Zealand 
Kumara  Sedimentological: terrestrial sedimentation precedes and postdates marine PETM sediments 
Biological: Transition from no marine palynomorphs before the CIE to >30 % marine palynomorphs with 
marine dinocysts during the CIE 
Geochemical: decline in n-alkane terrigenous to aquatic ratio, carbon preference index and odd-over-
even predominance during the PETM 
Sluijs et al. (2008b); Handley et al. 
(2011) 
Lomonosov Ridge  Site 302-4A  Geochemical: lower BIT index & increase in Rock Eval hydrogen index within PETM 
Biological: decreased percentage of terrestrial palynomorphs within PETM 
Sluijs et al. (2006; 2008a)  Arctic 
Spitsbergen  Longyearbyen  Geochemical: decreasing quartz percentages toward minimum δ
13C values within the PETM, elevated 
H/C ratios indicating more marine influence during CIE 
Biological: most offshore dinocyst assemblages & decreased percentage of terrestrial palynomorphs 
within PETM 
Harding et al. (2011) 
Egypt to Israel depth 
transect 
6 sections: Gebel Duwi (Eygpt) to 
Ben Gurion (Israel) 
Biological (Gebel Duwi only): Increased abundances of outer neritic & upper bathyal Ostracods at PETM 
Sedimentological: lowstand deposition immediately preceding PETM replaced by black shale deposition 
with fish debris indicative of transgressive systems tract during the CIE 
Speijer & Morsi (2002); Speijer & 
Wagner (2002) 
Tethys 
Georgia – Tadjikistan 
epicontinental sea 
6 sections: Kheu River (Georgia) 
to Kurpai (Tadjikistan) 
Sedimentological: Erosive unconformity representing subaerial exposure below the PETM replaced by 
marine deposition (fish scales and marine dinocysts preserved) at the onset of the event 
Geochemical: Elevated hydrogen index values within the PETM indicate a more marine influence 
Crouch et al. (2003b) Gavrilov et al. 
(1997; 2003) 
Turgay 
Strait 
Kazakhstan  Sokolovsky quarry   Biological: most offshore dinocyst assemblages within PETM  Iakovleva et al. (2001) 
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Decreases in the amount of bioturbation at Site 690 (Weddell Sea; Kennett and Stott 
1991) and in New Zealand (Nicolo et al. 2010), together with the development of 
sedimentary laminations through the PETM at Site 999 (Caribbean Sea; Bralower et al. 
1997), and geochemical evidence for lower oxygen conditions from ODP Leg 208 sites 
(Walvis Ridge; Chun et al. 2010), all suggest that decreases in oxygen content also 
occurred globally in bathyal settings.  However, the low percentage of organic carbon 
and surface water oligotrophic microfossil assemblages (Section 1.2.7) indicates that 
decreased oxygenation at these localities was not caused by enhanced productivity and 
BOD (Bralower 2002; Tremolada and Bralower 2004).  However, the redox changes can 
be explained if the PETM CIE was caused by the injection of methane hydrates into the 
ocean, as the oxidation of the released methane in the water column would lower 
oxygen levels within intermediate water masses (Figure 1.8; Tremolada and Bralower 
2004; Nicolo et al. 2010; Dickens 2011). 
 
 
Figure 1.8: Schematic diagram of probable palaeoceanographic conditions in continental 
margin and oceanic settings during the PETM (from Tremolada and Bralower 2004). 
 
 
1.2.7 Floral and faunal change 
Pronounced floral and faunal changes occurred during the PETM, with migrations and 
increased taxonomic turnover documented in both marine and terrestrial settings 
(Koch et al. 1992; Kelly et al. 1996, 1998; Clyde and Gingerich 1998; Bralower 2002; 
Wing et al. 2005; Gibbs et al. 2006a; Harrington and Jaramillo 2007; Bown and Pearson 
2009; Jaramillo et al. 2010).  Calcareous and agglutinated benthic foraminifera 
suffered marked extinctions at the onset of the event, with ~30-50 % of calcareous 
species becoming extinct (Kennet and Stott 1991; Thomas 1998; Takeda and Kaiho 
2007).  Conversely, originations and migrations of warm-water planktonic foraminiferal 
taxa have also been documented (Kelly et al. 1996, 1998), indicating the response of Adam J. Charles    Chapter 1 
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benthic and planktonic foraminiferal communities was decoupled during the PETM 
(Thomas 1998).  Such a response was probably caused by differential changes to 
surface water and benthic environments (e.g. Sections 1.2.5 and 1.2.6). 
 
Increased rates of extinction (up to 10 % of species) and origination are observed in 
nannofossils during the PETM, with the most pronounced taxanomic turnover observed 
within the core of the CIE interval (Bralower 2002; Tremolada and Bralower 2004; Gibbs 
et al. 2006a; Bown and Pearson 2009).  Marked differences in nannofossil assemblages 
are also observed between neritic and oceanic settings, with an increased abundance 
of mesotrophic taxa in neritic localities indicating enhanced productivity (Gibbs et al. 
2006b).  Conversely, elevated abundances of oligotrophic taxa are observed in open 
ocean settings (Monechi et al. 2000; Bralower 2002; Tremolada and Bralower 2004; 
Bown and Pearson 2009).  This implies an enhanced productivity gradient between 
neritic and oceanic settings during the PETM, which was probably the result of 
enhanced continental runoff in neritic settings, together with increased stratification in 
the open ocean (Gibbs et al. 2006b). 
 
In addition, a global PETM acme in the dinocyst genus Apectodinium is inferred to be 
(at least partially) caused by a combination of both surface water warming and 
increased nutrient availability in neritic localities (Figure 1.9; Brinkhuis et al. 1994; 
Bujak and Brinkhuis 1998; Crouch et al. 2001, 2003a, 2003b; Egger et al. 2003; Sluijs 
and Brinkhuis 2009; Harding et al. 2011; Sluijs et al. 2011).  However, whilst high-
nutrient warm surface waters occurred in shelf settings during other intervals of 
geological time, the global acme of one genus is a unique event in the dinocyst record.  
Therefore, the involvement of another as yet unknown factor(s) has been invoked as 
being responsible for the global acme of Apectodinium at the PETM (Sluijs and 
Brinkhuis 2009). 
 
In terrestrial settings, high taxanomic turnover is recorded in both plant and 
mammalian communities, with the latter also experiencing transient dwarfism during 
the PETM (e.g. Clyde and Gingerich 1998; Wing et al. 2005; Jaramilo et al. 2010).  A 
significant reduction in the size of terrestrial ichnofossils in the Bighorn Basin, 
Wyoming, during the CIE suggests dwarfism was not restricted to mammals (Smith et 
al. 2009).  Analysis of plant macro- and micro-fossils has demonstrated the poleward 
migration of tropical taxa to the mid-latitudes during the PETM in North America (Wing 
et al. 2005), with the extinction of ~20 % of palynoflora in the Gulf Coast region 
(Harrington and Jaramillo 2007).  Conversely, plant diversity and origination rates 
increased in the South American tropics (Jaramilo et al. 2010), which may indicate the 
response of tropical plant communities was highly variable on a spatial scale.  Evidence Adam J. Charles    Chapter 1 
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for such spatial heterogeneity may also be recorded in the Arctic, given the dominance 
of angiosperm pollen at Site 302-4A (Sluijs et al. 2006), and its near-absence in the 
Longyearbyen section, Spitsbergen (Harding et al. 2011). 
 
1.2.8 The trigger mechanism 
The initial trigger mechanism of the carbon injection and subsequent warming at the 
Palaeocene Eocene boundary remains controversial, with several different hypotheses 
having been proposed.  It has been suggested that the PETM could have been caused 
by the oxidation of ≥5x10
3 gigatonnes of organic carbon in the form of CO
2, evolved 
from either from a global conflagration (Kurtz et al. 2003), or the desiccation of an 
epicontinental seaway (Higgins and Schrag 2006).  However, to date little proxy 
evidence exists to support these mechanisms.  Furthermore, Dickens (2011) has 
argued that the desiccation of epicontinental seaways also occurred at other times 
during the Palaeogene which are not linked to transient warming events, and such a 
mechanism was therefore unlikely to have caused the PETM. 
 
 
 
Figure 1.9: Geographic distribution of the dinocyst Apectodinium during the PETM, 
from Sluijs et al. (2007a; see their Figure 4, for the references associated with 
individual localities). Adam J. Charles    Chapter 1 
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The most widely accepted hypothesis for the cause of the PETM is the dissociation of 
1-2x10
3 gigatonnes of methane hydrate, which would account for the observed 
magnitude of the CIE (Dickens et al. 1995, 1997; Zeebe et al. 2009; Cui et al. 2011).  
Various mechanisms which may have been responsible for the dissociation of such a 
volume of methane hydrate include large-scale sediment failure on continental slopes 
(Katz et al. 1999), mantle plume-induced uplift (Maclennan and Jones 2007), or 
changes in ocean circulation (Bice and Marotzke 2002; Lunt et al. 2010).  The rise in 
temperature and/or changes in pressure invoked by the aforementioned mechanisms 
would have resulted in changes to the hydrate stability field, resulting in the release of 
methane and the 2.5 – 6 ‰ CIE in the exogenic system.  To release methane hydrates 
via changes in temperature, an initial warming must have preceded the CIE, and 
evidence for this phenomenon has been put forward from terrestrial (Secord et al. 
2010) and marine continental margin sections (New Jersey, North Sea; Sluijs et al. 
2007b), as well as Southern Ocean localities (Thomas et al. 2002).  One plausible 
mechanism which may have resulted in pre-CIE warming is the synchronous 
emplacement of the North Atlantic Igneous province, an event which would have 
released large quantities of carbon dioxide (Storey et al. 2007).  Hydrothermal vent 
systems in the Vøring and Møre basins have been documented in seismic profiles and 
dated to the Palaeocene-Eocene boundary (Svensen et al. 2004, 2010).  Methane 
released from these vent systems may thus have triggered the pre-CIE warming 
required to initiate the PETM, or may have even released enough methane to cause the 
event itself (Svensen et al. 2004, 2010).  However, the precise cause of any purported 
pre-CIE warming remains contentious.  A full discussion of the possible causes of the 
PETM is provided by Sluijs et al. (2007a), who also explore the recovery of the global 
climate system after the carbon injection. 
 
1.3 The PETM in high northern latitudes 
Given that the polar regions represent an end-member scenario for meridional 
temperature and hydrological gradients, information constraining the climatic 
conditions in such settings is essential to understand Earth system processes in the 
Palaeogene, and to constrain global climate models (e.g. Sluijs et al. 2008a).  However, 
until recently (prior to 2004) no high northern latitude PETM sites had been 
documented, owing to the lack of continental land masses in the Arctic region, the 
poor age control on those successions that were known, and also the logistical 
constraints on ocean drilling through Arctic sea ice to retrieve seafloor sediment 
records.  Whilst data on Arctic Palaeogene climates has been provided from terrestrial 
deposits (e.g. Jahren and Sternberg 2002; 2003; Uhl et al. 2007; Greenwood et al. Adam J. Charles    Chapter 1 
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2010), obtaining robust age constraints in such settings has proved problematic (e.g. 
Jahren and Sternberg 2002). 
 
The Integrated Ocean Drilling Program (IODP) Leg 302 (usually referred to as the Arctic 
Coring Expedition [ACEX]) was the first to core Palaeocene-Eocene boundary sediments 
from the Arctic Ocean (Figure 1.10; Backman et al. 2006; Moran et al. 2006).  The 
PETM interval was identified through the presence of sub-tropical dinocyst taxon 
Apectodinium, together with CIEs in bulk organic matter and n-alkanes (Figure 1.11; 
Sluijs et al. 2006; Pagani et al. 2006).  Despite the core gaps within the PETM CIE, 
records from Site 302-4A have indicated that summer-biased Arctic sea surface 
temperatures may have reached ~23 ºC during the PETM (Figure 1.11; Sluijs et al. 
2006), with coeval surface air temperatures of ~25 ºC (Figure 1.5; Weijers et al. 2007).  
Given the global temperature increase, an enhanced deuterium flux to the high Arctic 
during the CIE has been interpreted as evidence for increased moisture transport to the 
region (Figure 1.4; Pagani et al. 2006).  This together with increased sedimentation 
rates, terrestrial palynomorph and n-alkane concentrations during the PETM (Sluijs et 
al. 2008a; Weller and Stein 2008), is consistent with an environment where high 
precipitation resulted in high runoff (Sluijs et al. 2008a).  Given that analysis of 
dinocyst assemblages and fish bones indicate low salinity conditions (Sluijs et al. 2006; 
2008a; Waddell and Moore 2008; Gleason et al. 2009), it is probable that elevated 
precipitation and runoff resulted in water column stratification (Sluijs et al. 2008a).  In 
addition, there is evidence for photic zone euxinia during the CIE (Figure 1.11; Sluijs et 
al. 2006; Stein et al. 2006; Weller and Stein 2008), with the combined effects of 
stratification, high productivity and warming probably causing a decline in oxygen 
levels in the water column (Sluijs et al. 2006; 2008a). 
 
More recently, work on the Palaeogene succession in the Spitsbergen Central Basin 
(Figure 1.10) has revealed that the PETM is recorded in the marine mudstones of the 
Frysjaodden Formation (Cui et al. 2011; Harding et al. 2011; see files in Appendix 1 
and 5).  An Apectodinium acme together with a -4 ‰ CIE in bulk organic carbon (δ
13C
TOC) 
have been used to identify the PETM near Longyearbyen (Figure 1.12; Harding et al. 
2011; data archived in file A1.3, Appendix 1), with a CIE of the same magnitude in core 
BH9/05 drilled near Sveagruva (Cui et al. 2011, Appendix 5).  Given the 30 m and 50 m 
stratigraphic thickness of the CIE in Longyearbyen and core BH9/05 respectively (Cui et 
al. 2011; Harding et al. 2011), the Spitsbergen succession permits a high resolution 
analysis of the PETM in a high northern latitude setting.  Data from the Longyearbyen 
section have demonstrated that sea level rise preceded the onset of the PETM CIE 
(Figure 1.12), illustrating that the CIE lagged the onset of environmental change in the 
Arctic (Harding et al. 2011).  In addition, dinocyst assemblages from Longyearbyen Adam J. Charles    Chapter 1 
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also suggest salinity-driven stratification, with low salinity tolerant dinocysts inhabiting 
a freshwater cap above more saline waters below (Harding et al. 2011). 
 
 
Figure 1.10: Palaeogeographic reconstruction of the Arctic region at ~50 Ma (polar 
projection). Red dots illustrate the high Arctic PETM sections documented to date, 
IODP Site 302-4A (Lomonosov Ridge), and the Central Basin (Spitsbergen). Green 
arrows indicate the direction of possible oceanographic currents. A = Asia, E = Europe, 
Gr = Greenland, NA = North America. Modified after Backman et al. (2006). 
 
 
Similar to Site 302-4A, the increased abundance of pyrite and amorphous organic 
matter (AOM) in the Longyearbyen section has been used as evidence for a decline in 
oxygen levels during the PETM (Harding et al. 2011).  However, the organic linings of 
benthic foraminifera are also observed within the CIE interval at this site (Harding et al. 
2011). Although it might be argued that the very low abundances of these organic 
linings may be reworked (Harding et al. 2011), an alternative explanation is that 
transient more oxygenated pulses briefly permitted small numbers of forams to 
colonise the site (akin to the benthic fauna of the Kimmeridge Clay; Jenkins 2000).   Adam J. Charles    Chapter 1 
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Figure 1.11: Geochemical and palynological records from Site 302-4A (Leg 302: 
Lomonosov Ridge), from Sluijs et al. (2006). Vertical black bars on left indicate intervals 
of core recovery, with horizontal shaded bars representing regions of drilling 
disturbance. Note the presence of green sulphur bacterial biomarker isorenieratene, 
indicative of photic zone euxinia during the CIE. 
 
 
 
Figure 1.12: a) Summary of lithological, geochemical and palynological changes 
during the PETM in the Longyearbyen section, Spitsbergen (from Harding et al. 2011; 
data and manuscript archived in files A1.2 and A1.3, Appendix 1). b) Expanded view of 
the onset interval of the carbon isotope excursion. 
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Thus, whilst evidence exists for a decline in oxygen levels during the PETM in 
Spitsbergen (Harding et al. 2011), such a decline may not have been as pronounced as 
that observed at Site 302-4A (Sluijs et al. 2006; Stein et al. 2006; Weller and Stein 
2008).  Other differences between the Longyearbyen Section and Site 302-4A include 
the abundance of angiosperm pollen, which is abundant at the latter locality (Figure 
1.11; Sluijs et al. 2006) but exceedingly rare in the Longyearbyen section (Harding et 
al. 2011).  Given the more pronounced fractionation of angiosperm versus 
gymnosperm biomarkers in the Arctic during the PETM (Schouten et al. 2007), the 
difference in floral composition may (at least in part) explain the different magnitude 
of the δ
13C
TOC isotopic excursions in Spitsbergen and Site 302-4A (~4 ‰ and ~6 ‰ 
respectively: Sluijs et al. 2006; Cui et al. 2011; Harding et al. 2011).  Given the 
proximal palaeoenvironmental settings of both the Longyearbyen Section and Site 302-
4A, the differences CIE magnitude, angiosperm pollen abundance (and potentially 
oxygenation), may be caused by localised conditions superimposed on regional Arctic 
trends.  Such differences between the sections therefore make it difficult to assess 
which (if either) was representative of the Arctic region during the PETM.  Furthermore, 
the coring gaps in Site 302-4A prevent comparison between this site and the 
Longyearbyen section during the onset and peak of the PETM CIE.  Harding et al. 
(2011) argued for maximum flooding during the peak CIE (Figure 1.12), with 
subsequent maximum stratification ~33 kyr after the CIE onset: but the coring gaps at 
Site 302-4A prevent these key hypotheses from being tested on a regional Arctic basis.  
This together with the differences between Site 302-4 and the Longyearbyen section, 
poses the following questions: 
 
1.  How widespread and strongly developed was anoxia/euxinia in high northern 
latitudes during the PETM?   
2.  How pronounced was the spatial oceanographic variability in high northern 
latitudes during the PETM? 
3.  How pronounced was spatial and temporal biotic variability across the PETM in 
the Arctic, and what factors were driving such changes in biotic assemblage? 
 
 
1.4 Aims of this report 
Given the stratigraphically expanded nature of the Palaeogene succession (e.g Cui et 
al. 2011; Harding et al. 2011; file A1.3, Appendix 1), the Spitsbergen Central Basin 
provides the temporal resolution required to further constrain conditions in the high 
Arctic during the PETM.  To this end two additional PETM localities in the Central Basin 
are analysed in this study, in order to assess palaeoceanographic conditions across the Adam J. Charles    Chapter 1 
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basin during this hyperthermal event.  In light of the questions posed above (Section 
1.3), analyses of the successions developed in core BH9/05 and a new PETM outcrop 
section at Bergmanfjellet are documented in Chapters 3 to 5, with the following aims: 
 
1.  To constrain any possible changes in bottom water oxygen levels across the 
PETM in Spitsbergen (Chapter 3), and assess how such changes affect carbon 
burial (Chapter 4). 
2.  To constrain temporal and spatial biotic changes in the Central Basin through 
the PETM (Chapter 3). 
3.  To construct an age model in order to provide a time frame in which to assess 
the rate of potential biological and oceanographic changes observed across the 
PETM interval (Chapter 2). 
 
1.5 Objectives 
In order to realise the aims proposed above, a series of objectives were defined.  The 
numerical designation of each objective below matches the corresponding aim in 
Section 1.4: 
 
1.  To perform analyses of sedimentological, biomarker, micopalaeontological 
(dinoflagellate cysts) and palynofacies data across the PETM interval to provide 
qualitative constraints on bottom water oxygen levels and potential changes in 
the composition of carbon buried. 
2.  To analyse dinoflagellate cyst assemblages across the PETM in core BH9/05 and 
the Bergmanfjellet outcrop section in order to constrain temporal biotic 
changes across the PETM.  To compare the new data with previous results from 
the Longyearbyen section to identify biotic events occurring on both a local and 
basinal scale, thus further constraining spatial variability in biotic assemblages. 
3.  To collect and analyse Fe and Mn concentration data in order to construct a 
cyclostratigraphic age model via time series analysis, for core BH9/05. 
 
1.6 Geological setting 
Spitsbergen is the largest island in the Svalbard Archipelago, situated on the NW corner 
of the Barents Shelf (Figures 1.10 and 1.13).  Several Palaeogene sedimentary basin 
successions are now exposed on Spitsbergen, the largest being the Central Basin, with 
preserved deposits spanning an area of around 60 x 200 km (Steel et al. 1981, 1985; 
Harland 1997; Dallman et al. 1999).  All three localities discussed within this thesis lie 
within the Central Basin (Figure 1.13), with the PETM being located in the Gilsonryggen Adam J. Charles    Chapter 1 
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Member of the Frysjaodden Formation (Figures 1.14-1.15; Harding et al. 2011).  
Harland (1997; and references therein) provides a comprehensive overview of the 
stratigraphy of the Central Basin and the other Palaeogene depocentres on 
Spitsbergen.  The stratigraphic nomenclature used in this report adheres to that 
proposed by Dallman et al. (1999). 
 
 
Figure 1.13: Modern and Palaeoceanographic context of the Spitsbergen Central Basin. 
a) Map of Spitsbergen, illustrating the position of two PETM localities, the Longyearbyen 
section and core BH9/05 (after Uroza and Steel 2008; Blythe and Kleinspehn 1998). b) 
The Palaeogene stratigraphy of the Central Basin, Spitsbergen (after Steel et al. 1985). c) 
Palaeoceanographic reconstruction of Spitsbergen (black) in the Eocene (after Mosar et 
al. 2002). 
 
 
1.6.1 Palaeogeography and tectonic setting 
During the Palaeogene Spitsbergen was situated at ~75°N (Harland 1997), and attached 
to the NE corner of Greenland, but with the progressive opening of the northern North 
Atlantic a predominantly transpressional dextral strike-slip motion between the two 
continental masses was initiated by the early Eocene (Figure 1.13; Kellogg 1975; Müller 
and Spielhagen 1990; Harland 1997).  Henceforth the Central Basin developed as a 
foreland basin (Kellogg 1975; Helland-Hansen 1990), with sediment shed from the 
rising West Spitsbergen Orogenic Belt coupled with subsidence resulting in a thick 
sedimentary succession (up to 2.5 km; Helland-Hansen 1990). 
 
The basin margins in the Eocene were constrained by the orogenic belt to the west 
(Helland-Hansen 1990; Müller and Spielhagen 1990) and by the distribution of Permian 
strata to the northeast (chert clasts from these strata were eroded and rafted into the 
basin during deposition of the Frysjaodden Formation: Birkenmajer and Narebski 1963; Adam J. Charles    Chapter 1 
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Figure 1.14: Outcrop expression of the Gilsonryggen Member, Frysjaodden Formation, 
Spitsbergen. A) View of Nordenskiöldfjellet taken from Sarkofagen mountain, near 
Longyearbyen (See file A1.2, Appendix 1 for lithostratigraphic log). Photograph taken 
looking northeast. Note the position of the PETM immediately above the 
Hollendardalen Formation. B) View of the northern slope of Bergmanfjellet, South coast 
of Van Mijenfjorden (see Figure 3.2 for lithostratigraphic log). Photo taken looking 
northwest. Author for scale. Note the yellow-brown expression of the mudstones 
deposited within the PETM CIE, compared to the dark grey mudstones, above and 
below this interval. Adam J. Charles    Chapter 1 
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Figure 1.15: Expression of the PETM at outcrop level. A) Sediments deposited within 
the CIE on Nordenskiöldfjellet (Longyearbyen section; see file A1.2, Appendix 1 for 
lithostratigraphic log). Note the red/brown alteration of the PETM sediments at this 
locality. B) Close up of sediments deposited within the PETM at Bergmanfjellet, 
illustrating pronounced laminations within the CIE and orange/yellow alteration of 
sediments at this locality. Photo taken ~92m height on log in Figure 3.2. 
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Bikenmajer et al. 1972; Kellogg 1975; Dalland 1977).  There is consensus that the 
southern margin of the basin was open, with a marine connection to the opening North 
Atlantic at this time (Livšic 1974; Kellogg 1975; Müller and Spielhagen 1990; Harland 
1997).   However, the position of the eastern margin of the basin is poorly constrained.  
Livšic (1974) suggested a restricted basin predominantly closed to the east based on 
bivalve assemblages, which are comprised entirely of euryhaline taxa, but conversely, 
Helland-Hansen (1990) argued that the predominance of wave- and storm-generated 
sedimentary structures coupled with the sedimentary architecture suggested a basin 
open to both the south and east. 
 
The Palaeogene stratigraphy of the Spitsbergen Central Basin consists of a lower 
predominately transgressive succession with an eastern sediment provenance (the 
Firkanten to Grumantbyen formations, including two transgressive-regressive cycles: 
Kellogg 1975; Bruhn and Steel 2003; Nagy 2005), and an upper regressive 
megasequence (the Frysjaodden to Aspelintoppen formations; Figure 1.13) sourced 
from the West Spitsbergen Orogenic Belt (Steel et al. 1981; Helland-Hansen 1990). 
 
The Palaeogene succession of the Central Basin rests unconformably on Cretaceous or 
older strata (Figure 1.13).  Cretaceous sedimentation took place in a continental shelf 
setting (the Carolinefjellet Formation) but was terminated by uplift initiated in the 
north which resulted in an unconformity truncating Albian to Palaeocene sediments 
(Kellogg 1975; Harland 1997).  The onset of Palaeogene deposition in the Central Basin 
is marked by the deltaic coal-bearing strata of the Firkanten Formation, the lowermost 
transgressive-regressive sequence in the basin (Bruhn and Steel 2003; Nagy 2005).  
Delta fans built out from both the north and the east, resulting in deposition of 
proximal-distal facies along a northeast-southwest transect (Kellogg 1975).  The basal 
coal-bearing delta plain deposits (Todalen Member) are overlain by transgressive delta 
front sandstones (the Endalen Member), which interfinger with prodeltaic deposits (the 
Kolthoffberget Member) to the southwest (Steel et al. 1981; Nagy 2005). At the top of 
the Endalen Member a regionally developed alluvial conglomerate marks the top of the 
transgressive-regressive cycle (Kellogg 1975; Bruhn and Steel 2003). 
 
The marginal marine nature of the basin is corroborated by both lagoonal and marine 
agglutinated foraminiferal assemblages in the Firkanten Formation (Nagy 2005), 
together with marine bivalves (Livšic 1974).  The overlying transgressional mudstones 
and siltstones of the Basilika Formation were also deposited in marginal marine 
conditions, with both brackish-water agglutinated forams (Vonderbank 1970) and 
sparse marine dinocysts present (Manum and Throndsen 1986).  The Basilika 
Formation grades into the regressive sandstones of the Grumantbyen Formation, Adam J. Charles    Chapter 1 
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which, although thoroughly bioturbated for the most part, preserve rare hummocky-
cross stratification implying deposition above storm wave base (Dalland 1977; Bruhn 
and Steel 2003).  A regionally developed conglomerate on top of the Grumantbyen 
Formation marks the top of the second transgressive-regressive cycle (Kellogg 1975; 
Dalland 1979; Bruhn and Steel 2003). 
 
The base of the Frysjaodden Formation marks the onset of the predominantly 
regressive succession recorded in the upper stratigraphic units (Helland-Hansen 1990).  
The formation predominantly comprises structureless mudstones and siltstones 
containing chert dropstones, which increase in abundance toward the northeast 
(Birkenmajer and Narebski 1963; Birkenmajer et al. 1972; Dalland 1977; Dallman et al. 
1999).  In northwestern regions of the basin, the regressive tidal deltaic sandstones of 
the Hollendardalen Formation are intercalated with the Frysjaodden Formation 
(Dallman et al. 1999).  The Hollendardalen Formation consists of siltstones at the base 
which grade upwards into sandstones with bivalves and rare plant fossils, with 
intermittent rootlet beds and coal seams up to 1m thick at the top of the unit (Figure 
1.16; Livšic 1974; Dallman et al. 1999; Harding et al. 2011). 
 
Figure 1.16: Top of the Hollendardalen Formation on Nordenskiöldfjellet (Longyearbyen 
section; see file A1.2, Appendix 1 for lithostratigraphic log). A) Rootlets extending 
through sandstone beds. B) Close up of ~10 cm coal horizon, at a laterally equivalent 
height to the rootlets shown in panel A. Coin for scale. 
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The geographical distribution and northwestern provenance of the Hollendardalen 
Formation represents the first significant clastic input derived from the rising West 
Spitsbergen Orogenic Belt (Steel et al. 1981; Müller and Spielhagen 1990).  The 
Frysjaodden Formation can only be resolved into members in the northwestern parts of 
the basin where the Hollendardalen Formation is present (Dallman et al. 1999).  The 
Hollendardalen splits the shales of the Frysjaodden Formation into the 
Marstranderbreen Member below and the Gilsonryggen Member above it respectively.  
The 250-500m thick prodeltaic mudstones of the Gilsonryggen Member are interrupted 
by the turbiditic sandstones and slump deposits of the Bjørnsonfjellet Member, which 
tapers eastwards from >10 m on the western basin margin to thin sandstone beds on 
the eastern margin (Steel et al. 1981; Helland-Hansen 1990). 
 
The Frysjaodden Formation grades upwards into the shelf-margin delta succession of 
the Battfjellet Formation, which displays marked lateral facies variations within 
eastwardly prograding clinoforms, indicative of a shelf-slope-basin setting (Kellogg 
1975; Mellere et al. 2002).  Continued regression led to the deposition of the overlying 
non-marine clastic Aspelintoppen Formation which contains abundant plant debris, 
plant macrofossils, petrified wood and thin coal seams (Kellogg 1975; Helland-Hansen 
1990; Dallman et al. 1999). 
 
1.6.3 Age constraints 
Robust age constraints for the Palaeogene stratigraphy of the Spitsbergen Central 
Basin are sparse, owing to a dearth of both macro- and micro-fossils in the sediments, 
and even when such fossils are found their preservation is poor (Manum et al. 1976; 
Manum and Throndsen 1986).  The endemic nature of some macrofossil assemblages 
also means that they are of limited use as correlation tools (Manum and Throndsen 
1986). 
Early work attempting to date the formations focused on plant fossil assemblages, with 
both Heer (1868; 1870; 1876) and Nathorst (1910) inferring a Miocene age for the 
Firkanten and Aspelintoppen Formations.  Conversely work on molluscs implied that 
the succession was Palaeogene in age, with Ravn (1922) suggesting Palaeocene and 
Eocene ages for the Grumantbyen and Battfjellet formations respectively.  Subsequent 
studies agreed that the lower formations in the succession were Palaeocene in age, 
with Vonderbank (1970) assigning the Basilika Formation to this epoch.  Livšic (1974) 
collated information from several fossil groups (molluscs, plant fossils, spores, pollen 
and foraminifera) and was also able to deduce a Palaeocene age for the Basilika 
Formation, and defined an Eocene age for the Grumantbyen to Battfjellet formations. 
Later work by Manum and Throndsen (1986) supported a Palaeocene age for the 
Basilika Formation based on dinoflagellate cysts.  The same authors also carried out Adam J. Charles    Chapter 1 
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palynological analyses of spot samples from the lower Gilsonryggen Member at several 
different localities, and documented the occurrence of the dinoflagellate cyst genus 
Apectodinium.  This led Manum and Throndsen (1986) to conclude that the lower 
Gilsonryggen Member was latest Palaeocene in age (e.g. Luterbacher et al. 2004).  
However, as only spot samples were analysed the exact position of the Palaeocene-
Eocene boundary was not constrained. 
 
Fission track analysis of apatite crystals has resulted in additional constraints on the 
Central Basin’s depositional history, indicating that deposition of the Firkanten 
Formation commenced ~64 ±2 Ma (Palaeocene: Danian) with the base of the 
Aspelintoppen being deposited ~49 ±2 Ma (Eocene: latest Ypresian - earliest Lutetian; 
Blythe and Kleinspehn 1998).  Recent work by Harding et al. (2011) has built on the 
study of Manum and Throndsen (1986) by carrying out high resolution palynological 
analyses to constrain the position of the Palaeocene-Eocene boundary, and documents 
the environmental changes associated with the PETM.  The position of the Palaeocene-
Eocene boundary was located ~3 m above the top of the Hollendardalen Formation in 
the Longyearbyen area (Figure 1.12).  Furthermore, palaeomagnetic analysis has 
indicated that the Gilsonryggen Member was deposited within Chron 24r, implying that 
~250 m of sediment accumulated within ≤2 Myr, given recent estimates for the time 
between the onset of the PETM and the top of Chron 24r (Westerhold et al. 2007). 
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Chapter 2: constraints on the numerical age 
of the Palaeocene/Eocene boundary 
This chapter is an exact copy of the article published in Geochemistry Geophysics 
Geosystems (Appendix file A2.2). 
Citation: Charles, A.J., Daniel J. Condon, Ian C. Harding, Heiko Pälike, John E.A. 
Marshall, Ying Cui, Lee Kump and Ian W. Croudace (2011), Constraints on the 
numerical age of the Paleocene-Eocene boundary, Geochem. Geophys. Geosyst., 12, 
doi:10.1029/2010GC003426. Copyright [2011] American Geophysical Union. 
Reproduced by permission of American Geophysical Union. 
Author contributions: Adam J. Charles collected and analysed Fe and Mn XRF and 
palynological data, with guidance from Ian C. Harding, Heiko Pälike, John E.A. Marshall, 
Ying Cui, Lee Kump and Ian W. Croudace. Daniel J. Condon carried out radio-isotopic 
analysis of sample SB01-1. Adam J. Charles wrote the manuscript with contributions 
from Daniel J. Condon (sections 2.2.3 and 2.3.1, as well as a paragraph on 
radioisotopic dating in the introduction section). 
Abstract 
Here we present combined radio-isotopic dating (U-Pb zircon) and cyclostratigraphic 
analysis of the carbon isotope excursion at the Paleocene/Eocene (P/E) boundary in 
Spitsbergen, to determine the numerical age of the boundary. Incorporating the total 
uncertainty from both radio-isotopic and cyclostratigraphic datasets gives an age 
ranging from 55.728-55.964 Ma, within error of a recently proposed astronomical age 
of ~55.93 Ma. Combined with the assumption that the Paleocene Epoch spans twenty-
five 405 kyr cycles, our new age for the boundary suggests an age of ~66 Ma for the 
Cretaceous/Paleogene (K/Pg) boundary. Furthermore, our P/E boundary age is 
consistent with the hypothesis that the onset of the Paleocene-Eocene thermal 
maximum (PETM) at the boundary occurred on the falling limb of a 405 kyr cycle, 
suggesting the event was initiated by a different mechanism to that which triggered 
the other early Eocene hyperthermals. 
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2.1 Introduction 
The early Cenozoic was an interval of globally warm climate (e.g. Zachos et al. 2001, 
2008; Pearson et al. 2007; Sluijs et al. 2008a; Bijl et al. 2009), punctuated by a series 
of short-term global-scale transient warming events known as hyperthermals (Kennett 
and Stott 1991; Zachos et al. 2001, 2008; Cramer et al. 2003; Lourens et al. 2005; 
Nicolo et al. 2007; Agnini et al. 2009; Galeotti et al. 2010). The most pronounced 
hyperthermal, the Paleocene-Eocene thermal maximum (PETM), reflects global-scale 
warming of both surface and bottom waters by ~5ºC (Kennett and Stott, 1991; Zachos 
et al. 2003; Tripati and Elderfield 2005; Sluijs et al. 2006). Negative carbon isotope 
excursions (CIEs) and carbonate dissolution horizons have been shown to be coeval 
with warming during both the PETM and other hyperthermals (Lourens et al. 2005; 
Zachos et al. 2005, 2010), implying that a significant quantity of isotopically light 
carbon was injected into the exogenic system to cause the observed warming (Dickens 
et al. 1995; 1997; Sluijs et al. 2007a; Panchuk et al. 2008; Zeebe et al. 2009). 
However, the trigger mechanism for carbon release at the PETM is controversial, with 
several hypotheses proposed (see Sluijs et al. [2007] for a review). Several authors have 
suggested that insolation maxima during the peak of 100 and 405 kyr eccentricity 
cycles resulted in warming of oceanic deep waters, causing the dissociation of 
methane hydrates, thus instigating the warming event(s) (Cramer et al. 2003; Lourens 
et al. 2005; Sluijs et al. 2007a). Conversely it has also been suggested that the 
methane and carbon dioxide which initiated the PETM were generated from contact 
metamorphism of organic-rich sediments around intrusions in North Atlantic 
sedimentary basins (Svensen et al. 2004, 2010; Storey et al. 2007); a trigger requiring 
no orbital forcing but coeval magmatism. An understanding of the causative 
mechanism(s) for the PETM and later Eocene hyperthermals therefore requires a 
precise and accurate temporal framework within which the various records can be 
integrated in order to assess potential drivers (geologic and/or astronomical).  Much 
progress has been made through the construction of high-resolution proxy and 
lithologic records from various ODP and IODP sites (Zachos et al. 2001, 2003, 2005, 
2008; Sluijs et al. 2007a, 2008), and the construction of orbitally-tuned timescales for 
these intervals have helped elucidate the relative timing/sequencing of different events 
(Lourens et al. 2005; Westerhold et al. 2007; 2009; Westerhold and Röhl, 2009; 
Galeotti et al. 2010).  However, an outstanding issue relates to the numerical age of 
key events, such as the PETM, which are currently considered to be ‘floating’ – i.e. the 
age models contain only relative ages with respect to certain stratigraphic markers. 
This issue is the result of four factors: (1) the ‘unstable’ nature of the astronomical 
solutions in the early Paleogene, meaning that numerical ages derived from tuning 
geological datasets to astronomical solutions carry high uncertainty (Laskar et al. Adam J. Charles    Chapter 2 
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2004); (2) a gap in cyclostratigraphic records in the middle Eocene, meaning composite 
cyclostratigraphic records for the entire Eocene cannot currently be constructed (Hilgen 
2008; Pälike and Hilgen 2008); (3) disagreement surrounding the length of the 
Paleocene Epoch as derived from floating cyclostratigraphic timescales, with the 
presence of either twenty-four or twenty-five 405 kyr eccentricity cycles proposed 
(Kuiper et al. 2008; Westerhold et al. 2008; 2009; Hilgen et al. 2010), and (4) a lack of 
geologically well constrained radio-isotopic dates, for both the P/E and K/Pg 
boundaries and  associated magneto-chrons.  This is largely a result of uncertainty in 
the 
40Ar/
39Ar dating methods (Kuiper et al. 2008; Renne et al. 2010; Channell et al. 
2010) that are used to underpin Cenozoic timescales (note this uncertainty also 
prevents the accurate determination of the number of 405 kyr cycles in the Paleocene). 
 
The current astronomical solutions are unstable prior to ~40 Ma owing to the chaotic 
nature of the orbits (Laskar 1999; Varadi et al. 2003; Laskar et al. 2004; Pälike et al. 
2004); therefore, unlike the Neogene timescale, construction of a numerical geologic 
timescale for the Paleogene relies on radio-isotopic dating (primarily 
40Ar/
39Ar and/or U-
Pb) of minerals (sanidine and/or zircon) from volcanic ash layers (e.g. Wing et al. 2000; 
Luterbacher et al. 2004).  Time-series analysis of various proxy records (colour, 
elemental, isotopic) permits identification of cyclicity within sedimentary records that 
can be attributed to orbital (Milankovitch) forcing, which has permitted the 
development of floating timescales for the early Paleogene (Lourens et al. 2005; 
Westerhold et al. 2007, 2008, 2009; Westerhold and Röhl, 2009; Galeotti et al. 2010). 
Such floating timescales can be constrained via radio-isotopic dating of minerals from 
volcanic layers, either directly or by correlation (using bio- and/or magento-
stratigraphy).  At present 
40Ar/
39Ar dates underpin much of the Cenozoic timescale. 
However the accuracy of these dates is relative to ages of the mineral standard used in 
their calibration - typically the Fish Canyon sanidine (FCs) standard, in addition to the 
potassium decay constants (Renne et al. 1998), both of which have been the focus of 
ongoing research.  Attempts to calibrate the age of FCs using sanidines from multiple 
tuff layers with both 
40Ar/
39Ar and astronomical ages, has resulted in an age of 28.201 
±0.046 Ma (Renne et al. 1998; Kuiper et al. 2008).  Renne et al. (2010) derive an age of 
28.305 ±0.036 Ma for the FCs based upon a dataset of paired 
238U/
206Pb (zircon) and 
40Ar/
39Ar (sanidine and biotite) dates for rocks where the minerals should give 
equivalent dates.  Furthermore, Channell et al. (2010) used astronomical ages for 
Quaternary magnetic reversals, also dated by 
40Ar/
39Ar, to derive an age of ~27.93 Ma 
for FCs.  These age estimates for the FCs do not overlap within their quoted 
uncertainties, and combined indicate that the accuracy of 
40Ar/
39Ar dates is (at present) 
limited to ~1 %.  In contrast, the accuracy of U-Pb dates is relative to isotopic tracers 
which can be accurately calibrated to SI units, and the decay constants that are known Adam J. Charles    Chapter 2 
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through counting experiments (Jaffey et al. 1971). Precise isotope ratio determinations 
can therefore result in 
238U/
206Pb (zircon) dates with total uncertainties of <0.2 % (Jaffey 
et al. 1971; Condon et al. 2007).  Furthermore, transformation of mineral dates into 
eruption/stratigraphic dates requires interpretation of mineral date populations and 
consideration of petrology (i.e., magma chamber processes, mineral closure 
temperature for retention of isotopes systematics). 
 
Compounding the problem of Paleogene timescale calibration is the issue that the 
geological context of radio-isotopically dated samples is somewhat uncertain with 
respect to the proxy records being constrained.  As a result, recent numerical ages 
derived for the P/E boundary using the recalibrated 
40Ar/
39Ar radio-isotopic data and 
cyclostratigraphic datasets have yielded inconsistent ages for the boundary (Kuiper et 
al. 2008; Westerhold et al. 2008, 2009), preventing consensus on the duration of the 
Paleocene epoch and the exact temporal relationship of the PETM to potential 
geologic/orbital triggers (e.g. Svensen et al. 2004, 2010; Storey et al. 2007). More 
robust constraints on the numerical age of the P/E boundary are therefore required in 
order to (1) constrain the duration of the Paleocene Epoch, to ascertain the number of 
405 kyr cycles within it and permit the accurate correlation of IODP, ODP and DSDP 
cores, (2) anchor currently floating cyclostratigraphic records, and (3) constrain the 
exact temporal relationship between the PETM and potential triggers. 
 
The P/E boundary is defined at the base of the 2.5-6 ‰ negative CIE (Dupuis et al. 
2003), coeval with the PETM. Typically, previous studies have only indirectly derived a 
numerical age for the P/E boundary (e.g. Wing et al. 2000; Luterbacher et al. 2004; 
Westerhold et al. 2007, 2008, 2009; Kuiper et al. 2008), owing to the absence of ash 
layers within the PETM CIE (the exception being Jaramillo et al. [2010]; see Section 
2.4.1).  Here we document a U-Pb (zircon) date from a bentonite layer within the PETM 
CIE from the Longyearbyen section in the Central Basin of Spitsbergen. We combine 
this date with cyclostratigraphic datasets, from both the Longyearbyen section 
(Harding et al. 2011) and core BH9/05 (drilled near Sveagruva, Spitsbergen; Dypvik et 
al. [2011]), to constrain the age of the P/E boundary. 
 
2.2 Materials and methods 
2.2.1 Geological succession 
The study localities are situated in the Paleogene Central Basin of Spitsbergen, the 
largest island in the Svalbard Archipelago, situated on the NW corner of the Barents 
Shelf (Figure 2.1; Harland [1997]; Dallman et al. [1999]). Harland (1997; and references 
therein) provides a comprehensive overview of the stratigraphy of the Central Basin Adam J. Charles    Chapter 2 
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and the other Paleogene successions on Spitsbergen. The stratigraphic nomenclature 
used in this report adheres to that proposed by Dallman et al. (1999). During the 
Paleogene Spitsbergen was situated at ~75°N (Harland 1997), adjacent to the NE corner 
of Greenland, but with the progressive opening of the northern North Atlantic a 
predominantly transpressional dextral strike-slip motion between the two continental 
masses was initiated in the Paleocene (Figure 2.1; Bruhn and Steel [2003]).  For the 
remainder of the Paleogene the Central Basin developed as a subsiding foreland basin 
(Kellogg 1975; Helland-Hansen 1990; Müller and Spielhagen 1990; Harland 1997), the 
sediment shed from the rising West Spitsbergen Orogenic Belt resulting in a thick 
sedimentary succession (up to 2.5 km: Helland-Hansen [1990]). 
 
 
Figure 2.1: Study area. a) Map of Spitsbergen illustrating study localities (after Uroza 
and Steel [2008]; Blythe and Kleinspehn [1998]). b) The Paleogene stratigraphy of 
Spitsbergen illustrating the interval of the Frysjaodden Formation studied at each 
locality (after Uroza and Steel [2008]; Steel et al. [1985]). c) Paleogeographic 
reconstruction of Spitsbergen (in black) and the Svalbard archipelago in the Eocene 
(after Mosar et al. [2002]). 
 
 
Two sections were studied: the Longyearbyen outcrop section and core BH9/05.  At 
Longyearbyen the PETM lies within the Gilsonryggen Member of the Frysjaodden 
Formation (Harding et al. 2011), a unit of around 250 m of homogeneous mudstones. 
A -4 ‰ organic carbon isotope excursion (δ
13C
TOC) is present between 3 and 28 m above 
the top of the Hollendardalen Formation, with the coeval presence of the PETM-
diagnostic dinoflagellate cyst Apectodinium augustum (Harding et al. 2011). Two 
conspicuous bentonite horizons occur at 10.90 and 14.60 m above the top of the 
Hollendardalen Formation, within the PETM CIE (Figure 2.2). 
 Adam J. Charles    Chapter 2 
  36 
The Frysjaodden Formation is identified from 551-110 m depth in core BH9/05 (Dypvik 
et al. 2011), drilled NW of the town of Sveagruva near Urdkollbreen.  The cored 
succession cannot be divided into members due to the fine grained nature of the 
lithologies (Dallman et al. 1999). The mudstone-dominated succession is continuous 
across the upper Paleocene-lower Eocene interval, with only minor amounts of 
carbonate detected in XRD analyses (Dypvik et al. 2011). A ~4.2 ‰ organic carbon 
isotope (δ
13C
TOC) excursion is present at the base of the Frysjaodden Formation in core 
BH9/05 (534-487 metres depth, see Figure 2.2; Cui [2010]), again coincident with two 
bentonite horizons lying at 517.20 and 511.10 metres depth respectively (Dypvik et al. 
2011).     
   
 
Figure 2.2: Lithological, dinocyst and geochemical (organic carbon isotope [δ
13C
TOC‰]; TOC [%]; Log Fe [ppm]) datasets across the P/E 
boundary from a) the Longyearbyen outcrop section (Harding et al. 2011) and b) core BH9/05 (Log: Dypvik et al. 2011; δ
13C
TOC: Cui 
2010). Note the Hollendardalen Formation is absent in core BH9/05, due to pinch out south of the Longyearbyen section (e.g. 
Dallman et al. 1999). Cycle numbers and CIE phases adhere to those proposed by Röhl et al. (2007). Note that the heights/depths 
used to define the base and top of recovery phase I are based on analysis of both cyclostratigraphic and δ
 13C
TOC records (as suggested 
by Röhl et al. [2007]), due to the asymptotic shape of CIE recovery interval in Spitsbergen. Adam J. Charles    Chapter 2 
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2.2.2 Palynological processing 
Sixty-six samples were processed in order to constrain the δ
13C
TOC excursion in core 
BH9/05 using dinoflagellate cyst (dinocyst) biostratigraphy. Sample processing 
methods were identical to those of Harding et al. (2011), with the exception that no 
samples were subject to ultrasonic treatment. Concentrations of dinocysts were 
generated by counting 300 specimens where possible, with normalisation against the 
out-of-count Lycopodium spike (Stockmarr 1971). Dinocyst taxonomy follows that of 
Fensome and Williams (2004). The appearance of the dinocyst Apectodinium augustum 
at the start of the δ
13C
TOC excursion firmly identifies the PETM in core BH9/05, 
illustrating that the bentonite horizons in both the Longyearbyen section and core 
BH9/05 are coeval (Figure 2.2). The PETM CIE from core BH9/05 is plotted in Figure 2.3 
to illustrate the different phases of the CIE in Spitsbergen, with respect to ODP sites 
690 and 1263. 
 
 
Figure 2. 3: Comparison of PETM CIE records from Spitsbergen and selected ODP sites. 
a) Core BH9/05, Spitsbergen, δ
13C
TOC (‰) record of Cui (2010; black), and Log Fe (ppm; 
this study). b) ODP Site 1263 (Leg 208, Walvis Ridge) δ
13C
carbonate (‰) record from Zachos 
et al. (2005; black), and Ba (area) records from Röhl et al. (2007; grey). c) ODP Site 690 
(Leg 113, Weddell Sea) δ
13C
carbonate (‰) record from Bains et al. (1999; black) and Ba 
records from Röhl et al. (2007; grey). Panels b) and c) after Röhl et al. (2007). Cycle 
numbers and CIE phases adhere to those proposed by Röhl et al. (2007). Note that due 
to the asymptotic shape of CIE recovery interval in Spitsbergen, we identified the onset 
and end of recovery phase I using both the δ
13C
TOC and cyclostratigraphic records of core 
BH9/05, as suggested by Röhl et al. (2007). Adam J. Charles    Chapter 2 
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2.2.3 Radio-isotopic dating 
Analysis of the lower bentonite layer in the Longyearbyen section (sample SB01-1; 
Figure 2.2), was carried out at the NERC Isotope Geosciences Laboratory (NIGL), UK. 
Zircons were isolated from around 300 grams of sample SB01-1, using conventional 
mineral separation techniques. Prior to isotope dilution thermal ionization mass 
spectrometry (ID-TIMS) analyses zircons were subject to a modified version of the 
chemical abrasion technique (Mattinson 2005). For details of sample pre-treatment, 
dissolution and anion exchange chemistry at NIGL the reader is referred to Sláma et al. 
(2008). Our U-Pb ID-TIMS analyses utilized the EARTHTIME 
205Pb-
233U-
235U (ET535) tracer 
solution. Measurements at the NERC Isotope Geosciences Laboratory were performed 
on a Thermo Triton TIMS. Pb analyses were measured in dynamic mode on a MassCom 
SEM detector and corrected for 0.14 ±0.04 %/u. mass fractionation. Linearity and dead-
time corrections on the SEM were monitored using repeated analyses of NBS 982, NBS 
981 and U500. Uranium was measured in static Faraday mode on 10
11 ohm resistors or 
for signal intensities <15 mV, in dynamic mode on the SEM detector. Uranium was run 
as the oxide and corrected for isobaric interferences with an 
18O/
16O composition of 
0.00205 (IUPAC value and determined through direct measurement at NIGL). U-Pb 
dates and uncertainties were calculated using the algorithms of Schmitz and Schoene 
(2007), combined with a 
235U/
205Pb ratio of 100.18 and 
233U/
235U double spike ratio of 
0.99464 for the ET535 tracer.  All common Pb in the analyses was attributed to the 
blank and subtracted based on the isotopic composition and associated uncertainties 
analyzed over time. The 
206Pb/
238U ratios and dates were corrected for initial 
230Th 
disequilibrium using a Th/U
[magma] of 4 ±1 applying the algorithms of Schärer (1984)  
resulting in an increase in the 
206Pb/
238U dates of ~100 kyrs and an additional 
uncertainty contribution of ~10 kyrs.  Errors for U-Pb dates are reported in the 
following format: ±X(Y)[Z], where X is the internal or analytical uncertainty in the 
absence of all systematic error (tracer calibration and decay constants), Y includes the 
quadratic addition of tracer calibration error (using a conservative estimate of the 2σ 
standard deviation of 0.1% for the Pb/U ratio in the tracer), and Z includes the 
quadratic addition of both the tracer calibration error and additional 
238U decay 
constant errors of Jaffey et al. (1971). All analytical uncertainties are calculated at the 
95% confidence interval.  These 
238U/
206Pb dates are traceable back to SI units via the 
gravimetric calibration of the EARTHTIME U-Pb tracer and the determination of the 
238U 
decay constant (Jaffey et al. 1971; Condon et al. 2007). 
 
2.2.4 XRF time-series 
Fe and Mn time-series were generated for core BH9/05 using a Niton UK XL3t portable 
XRF scanner.  Measurements (n=1195; Appendix 2) were taken every 20 cm 
throughout that part of the core section recording the δ
13C
TOC excursion (550 m to 480 Adam J. Charles    Chapter 2 
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m core depth) and every 40 cm outside this interval (Figure 2.4).  Twelve samples were 
analyzed using wavelength dispersive (WD) XRF, to calibrate results from the Niton UK 
scanner.  These samples were crushed to a fine powder and air dried at 105 ºC.  The 
sample (0.5 g ±0.0003) was mixed with 5 ±0.003 g lithium tetraborate flux (Fluxana 
GmbH, Germany) and fused at ~1100 ºC using a Vulcan fusion system (HD Elektronik 
und Elektrotechnik GmbH, Germany) to provide a 1:10 glass bead.  The glass beads 
were analysed using a Philips MAGIX-PRO automatic sequential wavelength dispersive 
X-ray fluorescence spectrometer fitted with a 4 kW Rh X-ray tube. Loss on ignition (LOI) 
was estimated from the function (100 %- ∑ XRF oxides) since the original XRF major 
element calibration was constructed on this basis. We obtained correlation coefficients 
(r
2) between the WD XRF and the Niton UK scanner of 0.76 for Fe and 0.89 for Mn 
(Figure 2.5). 
 
2.2.5 Time-series analysis 
Both Fe and Mn time-series were first smoothed using a 5-point moving average in 
order to reduce noise.  Log Fe and Mn values were used in order to stabilize cycle 
variance, with the data also normalized and detrended before spectral analysis 
(Weedon 2003). Gaussian filtering and tuning were carried out using Analyseries 
version 1.1 (Paillard et al. 1996). In order to generate both wavelet and multi-taper 
method power spectra, both Fe and Mn time-series were re-sampled using a constant 
sample spacing, via linear interpolation using Analyseries. Multi-taper method power 
spectra (Thompson 1982) were calculated using SSA-MTM toolkit (Dettinger et al. 
1995; Ghil et al. 2002) with a red noise model to assess confidence levels. Wavelet 
spectra were calculated using the Matlab script of Torrence and Compo (1998).  The 
time-series was zero padded to reduce edge effects, with a red noise model to assess 
confidence levels (Torrence and Compo 1998). 
 
2.3 Results 
2.3.1 Radio-isotopic dating 
Zircons separated from bentonite sample SB01-1 were small (<50 µm) with aspect 
ratios of ~3 to ~7. Thirteen single grains were analyzed, and the resulting data are 
presented in Appendix 2.  Three of the thirteen analysis produced discordant U-Pb data 
with Paleozoic 
207Pb/
206Pb dates.  The remaining ten analyses yielded 
206Pb/
238U dates 
between 57.08 and 55.71 Ma (Figure 2.6).   U-Pb ages for volcanic ash beds are 
determined by the interpretation of U-Pb dates from single zircon crystals.  Utilization 
of the chemical abrasion pre-treatment technique (Mattinson 2005) for the effective 
elimination of Pb-loss means that we consider each zircon 
206Pb/
238U date accurate (i.e., 
they do not reflect post-crystallization Pb-loss).  Detailed studies of zircons and other  Adam J. Charles    Chapter 2 
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Figure 2.4: BH9/05 time-series in the depth domain. a) and c) Log Mn and Fe wavelet 
spectra respectively. Black lines indicate 95 % significance level. Shaded area indicates 
the ‘cone of influence’ where edge effects make recognition of cycles less confident 
(Torrence and Compo 1998). Warm (cold) colors indicate high (low) spectral power. b) 
Log Mn (blue) and Fe (red) time-series. Grey bands represent 2σ error values for the 
precision of the Niton UK XRF scanner, calculated using the standard deviation derived 
from repeat analyses of fifteen samples, each measured 10 times. Yellow box indicates 
stratigraphic thickness of PETM CIE. d) and e) Multi-taper method power spectra 
(Thompson 1982) for the intervals from 475-551 m and 135-475 m respectively. Grey 
bars illustrate the dominant cycles and their stratigraphic thickness. Note the wide 
bandwidth on panel d is the result of the short stratigraphic thickness of the time-
series with respect to the cycle wavelengths being analyzed (which has the effect of 
smearing out the spectral peaks). Spectra were generated by re-sampling the time-
series using a constant sample spacing (0.2 m, panel d; 0.5 m, panel e), using 3 
tapers. Red noise models were generated using SSA-MTM toolkit (Ghil et al. 2002) to 
calculate the confidence levels illustrated. Adam J. Charles    Chapter 2 
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Figure 2.5: Calibration curve for the Niton UK portable XRF device to wavelength 
dispersive (WD) XRF. 
 
 
minerals dateable by the U-Pb system often indicate a protracted interval of zircon 
crystallization in a magmatic system, demonstrating the possibility that some zircon in 
a given ash layer record ages of the eruption (i.e., those that crystallized immediately 
prior to eruption) and some older ages which reflect the pre-eruptive crystallization 
(and residence) of zircons (Schoene et al. 2010).  In such samples the age of the 
youngest zircon (or zircon population) is considered to best approximate the age of 
the ash layers with older zircon dates reflecting pre-eruptive crystallization.  Excluding 
obvious inheritance of Paleozoic zircon, we observe a range of zircon 
206Pb/
238U dates in 
sample SB01-1 from 57.08 ±0.06 to 55.71 ±0.14 Ma, with the five youngest analyses 
yielding a weighted mean 
206Pb/
238U date of 55.785 ±0.034(0.066)[0.086] Ma (MSWD = 
0.88, calculated using Isoplot 3.0 [Ludwig 1991]) which is interpreted as being the best 
estimate for the zircons of this sample. We consider this date to best approximate the 
age of sample SB01-1 and the older zircon 
206Pb/
238U dates to reflect analyses of 
xenocrystic and/or zircons that have experienced pre-eruptive magma residence, with 
the single analysis precision of ~100 kyr permitting de-convolution of the mixed age 
population.  An alternative to the conventional approach of taking a weighted mean 
date based upon a coherent population of youngest 
206Pb/
238U dates would be to 
interpret the single zircon dates.  As the youngest five analyses form a coherent 
population this would have no discernable effect on the interpreted 
206Pb/
238U date for Adam J. Charles    Chapter 2 
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SB01-1 and would increase the total uncertainty by an additional ~20 kyrs, and as such 
our proposed date for SB01-1 is insensitive to different approaches to zircon date 
interpretation. 
 
 
Figure 2.6: U-Pb data for sample SB01-1. a) conventional U-Pb concordia plot of 
zircons analysed from sample SB01-1. The grey band reflects the uncertainty in the 
238U 
and 
235U decay constants (Jaffey et al. 1971). b) plot of 
238U/
206Pb dates for single zircon 
crystals analyses (same data as in Figure 2.6a).  Dashed ellipses/bars represent 
analyses of zircon that are considered to be xenocrysts and/or inherited crystals that 
are disregarded in calculation of final date, whereas as grey filled ellipses/bars 
represent the analyses used for calculation of the weighted mean final date (see text 
for discussion). 
 
 
2.3.2 Cyclostratigraphic analysis 
A detailed description of the cyclostratigraphic age model for the Longyearbyen 
section can be found in Harding et al. (2011, Appendix 1). Here, numerical ages from 
Longyearbyen (Harding et al. 2011) were corrected using the numerical age of the 
bentonite. However, we also generated Fe and Mn time-series from core BH9/05, with 
cyclostratigraphic analysis of this data discussed below. 
 
2.3.2.1 Records in the depth domain 
In order to build an orbital age model for core BH9/05, it was first necessary to 
ascertain if the cycles present in the time-series were derived from orbital forcing 
(Weedon 2003; Bailey 2009).  Comparison of the Fe/Mn time-series of core BH9/05 Adam J. Charles    Chapter 2 
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with the TOC record from Longyearbyen illustrates that the same cycles are present in 
the depth domain in both different parameters and localities within Spitsbergen (Figure 
2.2). This confirms the cycles present in the PETM are not predominantly the result of 
stochastic noise (Weedon 2003). 
 
The BH9/05 time-series (Figure 2.4) illustrate a strong cyclicity within the interval from 
the base of the Frysjaodden Formation to the top of the PETM (551-487 m), with two 
dominant cycle lengths of 4-6 m (~0.2 cycles/m) and 20 m (0.05 cycles/m) above 95 % 
confidence level (Figure 2.4; note that the short stratigraphic thickness of this interval 
with respect to the cycle wavelengths being analyzed results in a wide bandwidth for 
the power spectra shown in Figure 2.4d, which has the effect of smearing out the 
spectral peaks). Above this interval the cycle wavelength increases, with components at 
0.12 and 0.024 cycles/m representing 8 m and 42 m cycles respectively (Figure 2.4). 
The wavelet spectra therefore suggest that the sedimentation rate increases above the 
PETM (as cycle wavelength increases when sedimentation rates rise). This is in contrast 
to other PETM continental margin sections, which typically show an increase in 
sedimentation rates within the PETM (e.g. John et al. 2008; Sluijs et al. 2008a). 
However, the Central Basin lies adjacent to the West Spitsbergen Orogeny, and thus the 
high volume of sediment shed off the growing orogenic belt at this time (Harland 
1997; Dallman 1999) probably overprinted any climatically induced changes in 
sedimentation. The increase in sedimentation rates above the PETM is also consistent 
with the gradual infilling of the basin through time, eventually leading to deposition of 
the overlying shelf margin delta and terrestrial formations (Battfjellet and 
Aspelintoppen Formations respectively [see Dallman 1999]). 
 
In order to estimate the duration of the Fe and Mn cycles, an independent estimate of 
the sedimentation rate is required. Outside the PETM interval, no such constraints are 
currently available. Therefore, the rest of this study will focus on the interval between 
the base of the Frysjaodden Formation and the end of the PETM (551–487 m), where 
the PETM CIE acts as an external constraint on cycle durations. Note that the PETM CIE 
is a valid external constraint for the following reasons: (1) The CIE inflection points in 
δ
13C
TOC and δ
13C
n-alkane records in core BH9/05 are at stratigraphically equivalent heights 
(Cui 2010), indicating changes in organic matter assemblage did not alter the 
stratigraphic position of the CIE inflection points. (2) The abundance of reworked pre-
Cenozoic palynomorphs is low throughout the lower Frysjaodden Formation (Harding 
et al. 2011), indicating reworking of such material did not significantly alter the δ
13C
TOC 
record. Furthermore the consistent stratigraphy between Spitsbergen sites (Figure 2.2), 
suggests localized reworking of Paleocene organic matter did not significantly affect Adam J. Charles    Chapter 2 
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our records (as differential reworking of isotopically heavy pre-PETM material would 
alter the carbon isotope stratigraphy between sites; Harding et al. [2011]). 
 
The stratigraphic thickness of the PETM CIE in core BH9/05 (onset to the end of 
recovery phase II: 533.66 m to 487.00 m) was combined with previously published 
data for the duration of this interval to calculate the sedimentation rate during the 
PETM. However, different estimates for the duration of the PETM CIE currently exist. 
Röhl et al. (2007) used cycles in Fe, Ca and Ba at ODP sites 1263 (Walvis Ridge) and 
690 (Weddell Sea) to derive a PETM duration of 170 kyr (8.5 precession cycles), which 
is similar to cyclostratigraphic results from the Bighorn Basin (157 kyr, 7.5 precession 
cycles; Abdul Aziz et al. [2008]). A recent re-appraisal of the 
3He age model of Farley 
and Eltgroth (2003) led to estimates from 90 ±10 to 140 ±30 kyr for the duration of 
the PETM CIE at ODP Site 690 (Sluijs et al. 2007a), with the upper estimate consistent 
with recent cyclostratigraphic results. As similar durations for the PETM CIE have been 
derived from both low (Walvis Ridge), mid (Bighorn Basin) and high (Weddell Sea) 
latitudes it is reasonable to assume that the duration of the event would have been 
similar in the Arctic (170 kyr, sensu Röhl et al. [2007]).  Given the 46.6 m thickness of 
the CIE (Figure 2.2) and assuming that its duration is 170 kyr yields a sedimentation 
rate of 27.4 cm/kyr (4660 cm/170 kyr). Using this sedimentation rate the 4-6 m and 
20 m cycles within the PETM represent 15-22 kyr and 73 kyr cycles respectively. 
 
However, recently Murphy et al. (2010) derived a duration of 217 +44/-31 kyr for the 
PETM CIE (onset to the end of recovery phase II) from ODP Site 1266 using an 
extraterrestrial 
3He age model. Potential reasons for the difference between this age 
model and that of Röhl et al. (2007) were previously discussed in Murphy et al. (2010). 
Using a duration of 217 kyr for the PETM CIE (onset to the end of recovery phase II) 
together with the stratigraphic thickness of the same interval from core BH9/05 gives 
sedimentation rates of 21.5 cm/kyr (4660 cm/ 217 kyr). In this scenario, the 4-6 m 
and 20 m cycles would have durations of 19-28 kyr and 93 kyr respectively. The 
duration of the 4-6 m cycles using either the Röhl et al. (2007) or Murphy et al. (2010) 
age models is therefore consistent with their derivation from precession forcing. The 
ratio between the 4-6 and 20 m cycles suggests the 20 m cycle represents the short 
eccentricity component (~100 kyr), consistent with the cycle duration derived using the 
Murphy et al. (2010) age model. The dominance of precession and eccentricity with a 
minor obliquity component in late Paleocene/early Eocene sediments is typical and has 
been observed at numerous sites on a global scale (e.g. Westerhold et al. 2007, 2008; 
Abdul Aziz et al. 2008; Sluijs et al. 2008a). 
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Because of the different age models for the duration of the PETM CIE, we present two 
options for the interpretation of the cycles within core BH9/05 (Section 2.3.2.2). We 
extracted the Gaussian filter outputs from the Fe and Mn time-series in the depth 
domain at wavelengths of 4.2 m (0.24 ±0.07 cycles/m), and 20 m (0.05 ±0.01 
cycles/m; Figure 2.7). The 4.2 m and 20 m filters represent the precession and short 
eccentricity components respectively, with precession cycles numbered according to 
Röhl et al. (2007). Figure 2.7 shows that a minimum of 8.5 precession cycles are 
present within the PETM CIE (from onset to end of recovery phase II), consistent with 
the cyclostratigraphic age model of Röhl et al. (2007). If we consider the Röhl et al. 
(2007) age model to be the most accurate, the precession cycles labeled 1 to 3 in 
Figure 2.7 (i.e. excluding those marked with an asterisk) correspond to one short 
eccentricity (20 m) cycle. However, between 4-6 precession cycles (typically 5) should 
be present for every one short eccentricity cycle (e.g. Pälike 2005), and thus it is 
difficult to reconcile the two filter outputs in this interval. Furthermore, we identify 
three additional cycles with low amplitude in the time-series and filter outputs in the 
PETM interval (marked with asterisks) when compared to the Röhl et al. (2007) age 
model (Figure 2.7). If these cycles are interpreted as low-amplitude precession cycles, 
the duration of the PETM CIE is consistent with that obtained from the 
3He age model 
of Murphy et al. (2010; i.e. 11 precession cycles). Using this approach the short 
eccentricity:precession cycle ratio is 1:5, consistent with orbital cycle ratios (e.g. Pälike 
2005). Two of the additional precession cycles occur within the interval between the 
PETM CIE onset and the end of recovery phase I (making a total of 7 cycles; Figure 2.7), 
which is equivalent to the clay layer interval in ODP Leg 208 sites (Figure 2.3). This is 
consistent with the hypothesis of Röhl et al. (2007), who argued that 5-7 precession 
cycles must be present within the clay layer interval of Leg 208 sites, in order to 
maintain the phase of the 405 kyr eccentricity cycle extracted from Site 1262. 
 
2.3.2.2 Records in the time domain 
Here we construct two separate cyclostratigraphic age models for core BH9/05 (from 
551-487 m), each based on the different options for the duration of the PETM CIE from 
Röhl et al. (2007) and Murphy et al. (2010). Option A, matching the BH9/05 records to 
the Röhl et al. (2007) age model, was carried out by matching the Fe concentration 
record from BH9/05 to that of ODP Leg 208, Site 1263 (Westerhold et al. [2007]; 
corrected after Röhl et al. [2007]; Appendix 2), using the PETM CIE as an external 
constraint. The duration of the PETM CIE from the 
3He age model of Murphy et al. 
(2010) is longer than recent cyclostratigraphic estimates of the PETM CIE (e.g. Röhl et 
al. 2007; Abdul Aziz et al. 2008), and therefore tuning the BH9/05 record to another 
site consistent with this 
3He age model is currently not possible. Therefore, in order to 
build an age model for core BH9/05 consistent with the results of Murphy et al. (2010), Adam J. Charles    Chapter 2 
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we assigned a 21 kyr duration to the interval between each precession cycle peak, for 
each cycle identified in the filter output of Figure 2.7c (following a similar approach by 
Westerhold et al. [2007] and Röhl et al. [2007]). Note that this approach assumes 
sedimentation rates remained constant between precession cycle peaks. Cycle peaks 
were assigned ages relative to cycle -1 in Figure 2.7c, with the resultant age model 
(Option B) shown in Appendix 2. However, we note that precession cyclicity is quasi-
periodic, with cycle durations ranging from 19-24 kyr in duration (e.g. Pälike 2005). 
Therefore we estimate an error of ±3 kyr for each precession cycle peak utilized in age 
model Option B. 
 
 
 
Figure 2.7: Filtered records of core BH9/05 in the depth domain. a) δ
13C
TOC (‰) from 
Cui (2010), illustrating the phases of the PETM CIE from Röhl et al. (2007). b) BH9/05 
Log Fe (ppm; red) and Mn (ppm; blue) time-series. Cycle numbers adhere to those of 
Röhl et al. (2007), with potential additional cycles marked with an asterisk. c) Log Fe 
(red) and Log Mn (blue) 4.2 m (0.24 ±0.07 cycles/m) Gaussian filter output, 
representing the precession component of orbital forcing (cycle numbers as in panel 
b). d) Log Fe (red) and Log Mn (blue) 20 m (0.05 ±0.01 cycles/m) filter, representing 
the short eccentricity (~100 kyr) component of orbital forcing. 
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2.3.3 The numerical age of the Paleocene/Eocene boundary 
The P/E boundary is defined as the base of the PETM CIE (Dupuis et al. 2003) and we 
therefore integrate the age of the bentonite with time-series datasets to constrain the 
age of the P/E boundary (and by inference the onset age for the PETM CIE). Numerical 
ages for both the cyclostratigraphic age models from Section 2.3.2.2 and the record 
from the Longyearbyen section (Harding et al. 2011) were corrected using the age of 
the bentonite. In order to constrain the age of the P/E boundary, the relative duration 
between the dated bentonite horizon and the onset of the PETM CIE is required. No 
grain size fluctuations or abrupt shifts in carbon isotope values were observed within 
this interval in either the Longyearbyen section or core BH9/05 (Figure 2.2), implying 
that sedimentation was continuous between the onset of the CIE and the lower 
bentonite horizon. 
 
Figure 2.8 shows the duration between the bentonite and base of the PETM CIE using 
age model Option A for core BH9/05 together with the cyclostratigraphic age model 
from the Longyearbyen section (Harding et al. 2011). Cycle counting using the 
Gaussian filter output of precession illustrates a 40 and 45 kyr duration between the 
lower bentonite and the base of the PETM CIE in core BH9/05 and at Longyearbyen 
respectively; which results in numerical ages of 55.827 ±0.086 Ma (BH9/05) and 
55.831 ±0.086 Ma (Longyearbyen) for the P/E boundary (Figure 2.8). As each section 
was tuned independently, the 5 kyr difference between the ages derived from each 
section partly represents the error associated with the tuning process. However, as the 
time-series from each section are constructed from different parameters (TOC% in 
Longyearbyen; Fe and Mn concentrations in core BH9/05), part of the 5 kyr offset may 
result from differences in how the individual parameters were incorporated into the 
sedimentary record. Therefore we incorporate the 5 kyr offset into the error for the age 
the P/E boundary. Further error results from tuning the cyclostratigraphic records from 
Spitsbergen to the Fe record of ODP Site 1263, because carbonate dissolution at the 
base of the PETM clay layer at Site 1263 results in a minor hiatus in this section 
(Zachos et al. 2005; McCarren et al. 2008). It is estimated that the duration of missing 
time owing to carbonate dissolution is on the order of 10 kyr (Röhl et al. 2007), which 
we incorporate into the error, producing an age of 55.829 ±0.101 Ma (Figure 2.8). 
Conversely, using age model Option B for core BH9/05 results in a duration of 81 kyr 
between the bentonite and the base of the PETM CIE (Figure 2.9), giving an age of 
55.866 ±0.098 Ma for the P/E boundary. The error based on age model Option B 
includes ±0.086 Myr from U-Pb dating of bentonite SB01-1, and ±0.012 Myr error from 
cycle counting (4 precession cycles at ± 3 kyr per cycle; Section 2.3.2.2). Note that no 
error for carbonate dissolution is applied to Option B because this approach required 
no tuning to Site 1263, and the near absence of carbonate in the Frysjaodden Adam J. Charles    Chapter 2 
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Formation (Dypvik et al. 2011; Harding et al. 2011) implies that carbonate dissolution 
did not alter the Spitsbergen PETM records. The difference between age model option 
A and B for the age of the P/E boundary is thus ~37 kyr, and both options are within 
error of one another because the accuracy of the radio-isotopic date dominates the 
uncertainty of our derived P/E boundary age.  Therefore the age of the boundary 
inferred here is not significantly altered by large changes in the duration of the PETM 
CIE used to derive the respective age models. Taking into account both the 
cyclostratigraphic options and their uncertainty, together with the uncertainty from the 
radio-isotopic dating of sample of SB01-1, we derive an age range of 55.728-55.964 
Ma for the P/E boundary (Figure 2.10). 
 
 
 
Figure 2.8: The age of the Paleocene/Eocene boundary in Spitsbergen, using 
cyclostratigraphic Option A. a) δ
13C 
TOC (‰) from the Longyearbyen section (black) 
(Harding et al. 2011) and core BH9/05 (red) (Cui 2010). b) Longyearbyen TOC (%) 
(Harding et al. 2011). c) Core BH9/05 Log Fe (ppm, red) and Mn (ppm, blue). d) 21 kyr 
Gaussian filter outputs for TOC (black) Log Fe (red) and Log Mn (blue) respectively, 
illustrating an ~40 kyr duration between the onset of the PETM CIE and the bentonite 
layer. 
 Adam J. Charles    Chapter 2 
  50 
2.4 Discussion 
2.4.1 Comparison with recent age estimates for the P/E boundary 
Owing to the lack of direct radio-isotopic dating of the P/E boundary (other than 
Jaramillo et al. [2010], see below), earlier studies have derived numerical ages 
indirectly using either astronomical solutions and/or cycle counting from stratigraphic 
horizons which are themselves constrained by radio-isotopic dating. Three different 
astronomical age options have recently been proposed for the P/E boundary 
(Westerhold et al. 2007, 2008). These options were derived by extracting the 405 kyr 
cycle from both Fe and a* records from ODP Site 1262 (Leg 208, Walvis Ridge; 
Westerhold et al. [2007]). Combined with broad radio-isotopic age constraints the 
correlation of the extracted 405 kyr cycle to astronomical solutions (Varadi et al. 2003; 
Laskar et al. 2004) yields three different options each separated by one 405 kyr cycle 
(option one: ~55.53 Ma; option two: ~55.93 Ma; option three: ~56.33 Ma). Note that 
three options were proposed due to the uncertainties associated with both 
astronomical solutions and 
40Ar/
39Ar radio-isotopic dating (Westerhold et al. 2007, 
2008). The error associated with each option is ±20 kyr (Westerhold et al. 2007), 
derived from the error associated with the extremely stable 405 kyr eccentricity cycle 
as calculated from astronomical modeling (Laskar et al. 2004). 
 
Recent ages for the P/E boundary derived via cycle counting from radio-isotopic 
horizons have utilized 
40Ar/
39Ar (sanidine) dating of the K/Pg boundary (Kuiper et al. 
2008; Westerhold et al. 2008; Hilgen et al. 2010), and ash – 17 in the Fur Formation of 
Denmark (Storey et al. 2007; Westerhold et al. 2009).  As outlined in Section 2.1, the 
~1 % uncertainty in the age of the FCs, against which the 
40Ar/
39Ar dates are 
determined, has precluded a high accuracy (<0.2 %) age estimate for the P/E boundary 
using this method. Together with the uncertainty for the duration of the Paleocene 
Epoch from floating cyclostratigraphic timescales (Kuiper et al. 2008; Westerhold et al. 
2008; Hilgen et al. 2010) this can therefore account for the difference between our age 
estimate and those recently derived utilizing 
40Ar/
39Ar dates (e.g. Westerhold et al. 
2008, 2009). 
 
Recently, Jaramillo et al. (2010) obtained a 
238U/
206Pb date of 56.09 ± 0.13 Ma (total 
uncertainty) on zircons from a felsic pyroclastic tuff from a coastal plain Late Paleocene 
– Early Eocene section in Venezuela (Riecito Mache section). This pyroclastic tuff is at a 
level that records a negative CIE that is inferred to represent the PETM, and therefore 
inferentially constrains the P/E boundary to ~56.3 Ma (Jaramillo et al. 2010).  This date 
is ~400-500 kyr older than our age for the P/E boundary.  The zircons utilized to 
derive this date were extracted from a sample described as tuffaceous sandstone Adam J. Charles    Chapter 2 
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(Jaramillo et al. 2010; their Figure S3). It is therefore possible that fluvial reworking of 
detrital zircons from an eruption ~56.1 Ma could account for the discrepancy between 
the Spitsbergen and Venezuelan P/E boundary ages. In addition, the identification of 
the PETM CIE at the Riecito Mache section is complicated by δ
13C
TOC records with a high 
degree of scatter, and therefore an alternative explanation is that the dated tuffaceous 
sandstone was not deposited within the PETM CIE. 
 
 
Figure 2.9: The age of the Paleocene/Eocene boundary in Spitsbergen, using 
cyclostratigraphic Option B. a) δ
13C 
TOC (‰) from core BH9/05 (red; Cui 2010), illustrating 
the phases of the PETM CIE from Röhl et al. (2007). b) Core BH9/05 Log Fe (ppm, red) 
and Mn (ppm, blue). Cycle numbers adhere to those of Röhl et al. (2007), with potential 
additional cycles marked with an asterisk. c) 21 kyr Gaussian filter outputs for Log Fe 
(red) and Log Mn (blue) respectively, illustrating an ~80 kyr duration between the onset 
of the PETM CIE and the bentonite layer. 
 
 
The PETM CIE in Spitsbergen is firmly identified by δ
13C
TOC records together with the 
Apectodinium acme (Figure 2.2; e.g. Crouch et al. [2001]; Sluijs and Brinkhuis [2009]), 
and dinocyst morphotype Apectodinium augustum, which only occurs within the PETM 
interval (e.g. Luterbacher et al. 2004). Given the accuracy of the U-Pb (zircon) system 
by isotope dilution, the context of the dated sample within the PETM CIE and the 
proximity of the dated horizon to the P/E boundary, we consider our age range of 
55.728-55.964 Ma for the P/E boundary from Spitsbergen to be the most accurate 
radio-isotopic age estimate. Our age range for the boundary is within error of age Adam J. Charles    Chapter 2 
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option 2 of Westerhold et al. (2007, 2008) for the same horizon. The numerical age for 
the P/E boundary (equivalent to the PETM onset) must fall within one of the age 
options proposed by Westerhold et al. (2007, 2008) in order to maintain the phase 
relationship of the 405 kyr eccentricity cycle between astronomical solutions and 
records of the same cycle extracted from ODP Site 1262 (Röhl et al. 2007; Westerhold 
et al. 2007, 2008). Therefore, our age for the P/E boundary substantiates age option 2 
of Westerhold et al. (2007, 2008) as the correct option, giving a numerical age of 
~55.93 Ma for the boundary. 
 
 
 
Figure 2.10: The position of the P/E boundary (equivalent to the PETM CIE onset) with 
respect to orbital forcing. a) comparison of P/E boundary ages determined from 
Spitsbergen with the astronomical age options of Westerhold et al. (2007, 2008). Note 
that both Spitsbergen age options are within error of astronomical age option 2 (55.93 
Ma). b) total uncertainty for the age of the P/E boundary from Spitsbergen (grey shaded 
bar), plotted against the Laskar et al. (2004; La2004) orbital solution. Age option 2 of 
Westerhold et al. (2007, 2008) is plotted for comparison. 
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2.4.2 On the age of the K/Pg boundary 
Radio-isotopic constraints at the K/Pg boundary (e.g., single crystal 
40Ar/
39Ar sanidine 
dates from the IrZ-Coal bentonite, Hell Creek Formation, Montana, [Swisher et al. 
1993]) and immediately overlying the P/E boundary (Spitsbergen, this study) now 
bracket Paleocene time, constraining its duration.  However, at present uncertainty in 
the numerical age of the monitor standards used in the 
40Ar/
39Ar studies that constrain 
the K/Pg boundary (see Section 2.1) result in uncertainties on the order of ~600 kyr or 
greater (Kuiper et al. 2008; Channell et al. 2010; Renne et al. 2010) which precludes 
the accurate determination of the number of 405 kyr cycles within the Paleocene.  
Given our high-precision and high-accuracy constraint for the P/E boundary we suggest 
that the uncertainty of the numerical age of the K/Pg boundary now represents the 
most substantial source of uncertainty for constraining the duration of the Paleocene. 
However, an alternative way to derive the age of the K/Pg boundary is to use our P/E 
boundary age together with the duration of the Paleocene Epoch derived from 
cyclostratigraphic studies. 
 
Such cyclostratigraphic analyses of early Paleogene successions from ODP Legs 198 
(Shatsky Rise, NW Pacific Ocean) and 208 (Walvis Ridge, SE Atlantic Ocean), together 
with ODP sites 1001 (Nicaragua Basin), 1051 (Blake Nose) and the Zumaia outcrop 
section (Basque Basin, Spain), led to the development of an age model for the 
Paleocene where the K/Pg and P/E boundaries were separated by twenty-four 405 kyr 
eccentricity cycles giving a duration of 9.720 Myr (Westerhold et al. 2008).  However, 
recent analysis of the Zumaia outcrop section (Kuiper et al. 2008), implies that an 
additional 405 kyr eccentricity cycle (relative to Westerhold et al. [2008]) is present in 
the Paleocene epoch. A revised analysis of the Fe and magnetic susceptibility records 
from ODP Site 1263 has also suggested twenty-five 405 kyr eccentricity cycles are 
present in the Paleocene (Hilgen et al. 2010). If we assume that the most recent 
cyclostratigraphic studies for the duration of the Paleocene are accurate (twenty-five 
405 kyr cycles [Kuiper et al. 2008; Hilgen et al. 2010]), this would indicate a duration 
of 10.125 Myr for the Paleocene epoch. This duration combined with our age range of 
55.728-55.964 Ma for the P/E boundary predicts an age of ~66 Ma for the K/Pg 
boundary. 
 
2.4.3 Implications for the PETM trigger mechanism 
Our new age for the P/E boundary allows us to investigate the relationship between the 
PETM and potential forcing mechanisms. It has been proposed that insolation maxima 
during the peak of both short (~100 kyr) and long (405 kyr) eccentricity cycles may 
have resulted in warmer water conditions, triggering the dissociation of methane 
hydrates on the seafloor, and thus generating hyperthermal events such as the PETM Adam J. Charles    Chapter 2 
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(Cramer et al. 2003; Lourens et al. 2005; Sluijs et al. 2007a). However, Westerhold et 
al. (2007) argued that the PETM occurred on the falling limb of a 405 kyr eccentricity 
cycle, based on records of this cycle extracted from ODP Site 1262. Here, we plot our 
age range of 55.728-55.964 Ma for the P/E boundary (equivalent to the PETM CIE 
onset) against the astronomical solution of Laskar et al. (2004) to illustrate the 
relationship between the PETM onset age and 405 kyr eccentricity forcing (Figure 
2.10). Orbital models have illustrated that the 405 kyr eccentricity phase is stable over 
the entire Paleogene interval (Laskar et al. 2004), which validates our approach, 
although the relative cycle-to-cycle amplitude is less certain due to the chaotic nature 
of the solar system. The total uncertainty for the age of the PETM onset from 
Spitsbergen illustrates that the PETM was not initiated on the peak of a 405 kyr cycle 
(Figure 2.10). In addition, it has been argued that the PETM onset age must fall within 
one of the age options proposed by Westerhold et al. (2007, 2008) in order to maintain 
the phase relationship of the 405 kyr eccentricity cycle between astronomical solutions 
and records of the same cycle extracted from ODP Site 1262 (Röhl et al. 2007; 
Westerhold et al. 2007, 2008). Given our age range is within error of astronomical age 
option 2 (Figure 2.10), our results are consistent with the hypothesis that the onset of 
the PETM occurred on the falling limb of a 405 kyr eccentricity cycle (Westerhold et al. 
2007). Conversely, cyclostratigraphic studies of geological datasets have consistently 
placed ETM2 (equivalent to the Elmo event of Lourens et al. [2005]; or event H1 of 
Cramer et al. [2003]), ETM3 (or the X event of Zachos et al. [2004]; event K of Cramer 
et al. [2003]) and other potential hyperthermals (negative CIEs of Cramer et al. [2003]) 
either on the maxima of both 100 and 405 kyr cycles (Lourens et al. 2005; Galeotti et 
al. 2010) or with ETM2 at a 100 kyr eccentricity peak on the rising limb of a 405 kyr 
eccentricity cycle (Westerhold et al. 2007; Westerhold and Röhl 2009; Zachos et al. 
2010), consistent with orbital forcing as a common trigger mechanism. Therefore, the 
occurrence of the PETM on the falling limb of a 405 kyr eccentricity cycle supports the 
hypothesis that the event required a different trigger mechanism when compared to 
other early Eocene hyperthermals (Zachos et al. 2010). 
 
It has also been proposed that the PETM may have been triggered by the injection of 
volcanic sills into organic-rich sediments in the North Atlantic, generating methane 
and/or carbon dioxide via contact metamorphism, with outgassing through 
hydrothermal vent systems (Svensen et al. 2004, 2010; Storey et al. 2007). If correct, it 
would be expected that the emplacement of these sills occurred immediately prior to 
the onset of the PETM. Recent estimates for the emplacement of sills on the Vøring 
Plateau (55.6 ±0.3 and 56.3 ±0.4 Ma; Svensen et al. [2010]) and for the eruption of 
mid-ocean ridge basalt-like flows in the North Atlantic (55.5 ±0.3 Ma; Storey et al. 
[2007]) are within error of our new age for the onset of the PETM. However, given the Adam J. Charles    Chapter 2 
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low uncertainty on our age for the PETM onset, age estimates with equivalent 
uncertainties are required for igneous units in the North Atlantic, in order to fully test 
the hypothesis that volcanism was responsible for the release of the isotopically light 
carbon which gave rise to the PETM. 
 
2.5 Conclusions 
Our combined chemo- and bio-stratigraphic analysis enables the PETM to be 
recognized at two localities in the Central Basin of Spitsbergen, and demonstrates that 
two coeval bentonite layers occur within the PETM CIE at both localities. By integrating 
cyclostratigraphic datasets with radio-isotopic dating (
238U/
206Pb, zircon) of the PETM 
CIE, we derive similar numerical ages for the P/E boundary based on two different 
options for the interpretation of the cyclostratigraphic data. This approach yields a 
total uncertainty for the P/E boundary (equivalent to the PETM CIE onset age) between 
55.728-55.964 Ma, which is within error of astronomical age option 2 (Westerhold et 
al. 2007, 2008). Combined with models of the duration of the Paleocene spanning 
twenty-five 405 kyr cycles (Kuiper et al. 2008; Hilgen et al. 2010), our new age range 
for the boundary predicts that the numerical age of the K/Pg boundary is ~66 Ma. 
Furthermore, the new age for the P/E boundary (PETM CIE onset age) provides 
additional constraints on the trigger mechanism for the PETM. Comparing our age 
range for the PETM CIE onset with the Laskar et al. (2004) orbital solution indicates 
that the event was not initiated on a 405 kyr eccentricity peak. Furthermore, our age 
range is within error of astronomical age option 2 of Westerhold et al. (2007, 2008), 
consistent with the hypothesis that the onset of the PETM occurred on the falling limb 
of a 405 kyr eccentricity cycle (Westerhold et al. 2007). Conversely, other early Eocene 
hyperthermals have been inferred to occur on eccentricity maxima (or with ETM2 on 
the rising limb of a 405 kyr cycle) consistent with orbital forcing as a common trigger 
mechanism. Our results thus suggest that the PETM was triggered by a mechanism 
different from that proposed for the later Eocene hyperthermals. 
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Abstract 
The Palaeocene-Eocene thermal maximum (PETM) ~56 Ma, provides an opportunity to 
study how the Arctic ecosystem responded to transient global warming.  Previously 
published dinocyst data from Spitsbergen (Longyearbyen section) suggest maximum 
flooding and salinity changes around the peak of the PETM in the Arctic.  Here we 
compare published results from Longyearbyen with data from two additional 
successions in Spitsbergen: core BH9/05 near Sveagruva and a new outcrop section at 
Bergmanfjellet.   Changes in dinocyst assemblages from these localities demonstrate 
that peak abundances of fully marine taxa coincide with maximum dinocyst diversities 
across the basin, confirming the presence of a maximum flooding surface at the peak 
of the PETM.  Later influxes of the taxon Senegalinium, tolerant of low salinity, indicate 
the presence of a surficial freshwater lens which decreased in influence from northeast 
to southwest across the Central Basin.  This fresh water influx, combined with 
indicators of lowered oxygen conditions, confirm the establishment of salinity-driven 
water column stratification.  Fluctuations in Senegalinium abundance indicate 
pronounced temporal variability in the intensity of terrestrial runoff and thus the 
hydrological cycle, and that maximum intensity was reached 40-60 kyr after the onset 
of the PETM.Adam J. Charles    Chapter 3 
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3.1 Introduction 
The Arctic region exerts a global influence on the modern Earth system, through its 
effect on planetary albedo and its influence on the salinity (and thus density) of surface 
waters at the sites of North Atlantic Deep Water formation (e.g. Ramstorf 2002; 
Peterson et al. 2006).  However, recent studies of the region have observed elevated 
surface air temperatures (IPCC AR4 2007), enhanced freshwater runoff from fluvial 
systems (Peterson et al. 2002) and increased precipitation anomalies during intervals 
of high North Atlantic Oscillation (Peterson et al. 2002, 2006), indicating the Arctic is 
changing in response to modern anthropogenic warming.  Despite this, there is a 
considerable degree of uncertainty associated with climate models which suggest the 
response of the region to global change.  Although the models agree that Arctic 
surface air temperatures will rise further, estimates of mean temperature rise by the 
year 2100 range from +2.8ºC to +7.8ºC (mean ensemble value +5 ºC, A1B scenario; 
IPCC AR4 2007).  These estimates are further complicated by the uncertainty 
associated with the quantity of fossil fuels that will be released by future generations, 
which alters the mean ensemble temperature increase depending on the quantity of 
fossil fuels incorporated in the model run (mean 5.2ºC increase in A2 scenario; 3.4ºC 
B2 scenario; IPCC AR4 2007). 
 
Given the uncertainty inherent in the model results, one way to provide some empirical 
data demonstrating the response of Arctic climate to transient warming events is to 
generate climatic records of such events from the geological past.  One such event, the 
Palaeocene-Eocene Thermal Maximum (PETM: Kennett and Stott 1991; Sluijs et al. 
2007a), has been taken as an ancient analogue for anthropogenic global warming.  
Marking the Palaeocene/Eocene boundary ~56 Ma (Chapter 2), warming, climatic 
perturbations and the subsequent recovery of the Earth system occurred within <250 
kyr (Röhl et al. 2007; Abdul-Aziz et al. 2008; Murphy et al. 2010).  Multi-proxy 
datasets infer PETM sea surface temperature increases ranging from ~5ºC in the 
tropics (Zachos et al. 2003) up to ~8-9ºC at the mid-latitudes and poles (Kennett and 
Stott 1991; Sluijs et al. 2006; Zachos et al. 2006).  Stable carbon isotope records (δ
13C) 
through the PETM demonstrate a perturbation of the global carbon cycle coeval with 
warming, with a sharp (2.5-6 ‰) negative excursion recorded in organic and inorganic 
carbon in both marine and terrestrial settings (e.g. Kennett and Stott 1991; Koch et al. 
1992; Bains et al. 1999; Handley et al. 2008).  The pronounced carbon isotope 
excursion (CIE) is synchronous with a >2 km shoaling of the calcite compensation 
depth in the Atlantic (Zachos et al. 2005), resulting in carbonate dissolution and 
reduced sedimentation rates in bathyal settings (Farley and Eltgroth 2003; Zachos et 
al. 2005; Röhl et al. 2007; McCarren et al. 2008).  Pacific and Southern Ocean sites are Adam J. Charles    Chapter 3 
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less affected by carbonate dissolution (e.g. Zachos et al. 2003; Zeebe and Zachos 
2007), with evidence that surface water carbonate production was unaffected (Gibbs et 
al. 2010; Robinson 2011).  Together with the δ
13C excursion, the carbonate dissolution 
occurring at the PETM implies the injection of isotopically light carbon into the 
exogenic system, in the form of methane and/or carbon dioxide (Dickens et al. 1995; 
Kurtz et al. 2003; Svensen et al. 2004; Higgins and Schrag 2006).  However the exact 
mechanism causing carbon release, and the quantities of carbon involved, remain 
controversial (Sluijs et al. 2007a; Panchuk et al. 2008; Zeebe et al. 2009; Cui et al. 
2011). 
 
Continental margin successions show an increase in sedimentation rates through the 
PETM, believed to be caused by enhanced terrestrial runoff and consequently resulting 
in increased mass accumulation rates of organic carbon (John et al. 2008; Sluijs et al. 
2008a).  This, together with increases in weathering intensity (Ravizza et al. 2001; 
Dallanave et al. 2010), precipitation (Schmitz and Pujalte 2007), and an enhanced 
deuterium flux to the high Arctic (Pagani et al. 2006), has been used as evidence for an 
intensification of the hydrological cycle initiated at the onset of the PETM.  Marked 
floral/faunal migrations and increased taxonomic turnover also occur during the PETM 
(Koch et al. 1992; Kelly et al. 1996; Clyde and Gingerich 1998; Wing et al. 2005; Gibbs 
et al. 2006a), with the extinction of ~30-50 % of benthic foraminiferal species around 
the onset of the CIE (Kennet and Stott 1991; Thomas 1998; Takeda and Kaiho 2007).  
Surface water perturbations are also indicated by the extinction of up to 10 % of 
nannofossil taxa (Bown and Pearson 2009), as well as the global migration of the 
dinocyst genus Apectodinium, which may (at least partially) have been the result of 
increased sea surface temperatures during the event (Brinkhuis et al. 1994; Bujak and 
Brinkhuis 1998; Crouch et al. 2001; Egger et al. 2000; 2003; Sluijs and Brinkhuis 
2009). 
 
Although the PETM is well documented in low to mid-latitude sites, conditions in the 
high Arctic are poorly constrained, owing to the lack of modern continental land 
masses in the region, and the logistical constraints on both Arctic fieldwork and ocean 
drilling through Arctic sea ice.   The pioneering Ocean Drilling Program (ODP) Leg 302 
(usually referred to as the Arctic Coring Expedition [ACEX]) was the first to extract 
extensive Palaeogene core material in the Arctic Ocean (Moran et al. 2006).  Leg 302 
recovered sediments spanning the Palaeocene-Eocene boundary at Site 302-4A, but 
which regrettably contained core gaps through the PETM interval (e.g. Pagani et al. 
2006; Sluijs et al. 2006).  However, even taking such constraints into consideration, 
studies of the PETM at Site 302-4A have demonstrated Arctic sea surface temperatures 
that may have reached annual maxima of ~23ºC, and the influx of the PETM dinocyst Adam J. Charles    Chapter 3 
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marker genus Apectodinium (Sluijs et al. 2006, 2008a).  Development of photic zone 
euxinia (Sluijs et al. 2006; Stein et al. 2006; Weller and Stein 2008) and enhanced mass 
accumulation rates of organic carbon (Sluijs et al. 2008a) have also been documented 
across the PETM interval at Site 302-4A.  These changes were probably caused by 
elevated freshwater runoff, leading to the development of low salinity surface water 
conditions, stratification and stagnation (Pagani et al. 2006; Sluijs et al. 2006, 2008a).  
Furthermore, elevated runoff would have increased siliciclastic sediment supply and 
the abundance of organic material delivered to the site, promoting organic carbon 
burial (Sluijs et al. 2008a). 
 
More recently, work on the Palaeogene succession of the Spitsbergen Central Basin 
(Figure 3.1) has revealed that the PETM is recorded in marine mudstones in the 
Longyearbyen section (Harding et al. 2011) and core BH9/05 (Chapter 2; Cui et al. 
2011).   Both these PETM sections contain stratigraphically expanded CIEs (~30 m at 
Longyearbyen [Harding et al. 2011] and ~50 m in core BH9/05 [Cui et al. 2011]), which 
are thicker than the excursions in the majority of continental margin sections so far 
documented (e.g. Bolle et al. 2000; Sluijs et al. 2006; Guisberti et al. 2007; Handley et 
al. 2008), and an order of magnitude thicker than most deep water sites (e.g. Zachos 
et al. 2003; Röhl et al. 2007).  Results from Longyearbyen indicate low salinity surface 
water conditions during the PETM similar to Site 302-4A (Harding et al. 2011).  In 
addition, low bottom water oxygenation was typical during the PETM in Longyearbyen, 
although the presence of organic foraminiferal test linings may indicate short (perhaps 
seasonal) intervals of oxygenation (Harding et al. 2011).  This contrasts with Site 302-
4A, where euxinic conditions developed in the photic zone through the PETM (Sluijs et 
al. 2006; Stein et al. 2006).  The magnitude of the CIE also differs between the 
Spitsbergen sections and Site 302-4A, (6 ‰ at Site 302-4A - Sluijs et al. 2006, 2008a; 4 
‰ in Spitsbergen – Cui et al. 2011; Harding et al. 2011), as does the abundance of 
angiosperm pollen (abundant at Site 302-4A but rare in the Longyearbyen section).  
Both the CIE and angiosperm pollen records may record predominantly local signals 
due to the proximal palaeoenvironmental settings of both Site 302-4A and the 
Longyearbyen section (Sluijs et al. 2008a; Harding et al. 2011).  Significant differences 
between these localities therefore make it difficult to assess which (if either) was 
representative of the Arctic region during the PETM. 
 
Dinoflagellate cyst (dinocyst) assemblage data in Longyearbyen indicate pronounced 
temporal changes in dinocyst assemblages, indicative of oceanographic changes within 
the ‘core’ of the PETM CIE (Harding et al. 2011).  However, owing to the coring gaps 
around the peak of the CIE at Site 302-4A, the striking temporal changes observed in 
Longyearbyen cannot currently be assessed on a regional Arctic basis.  Thus to provide  Adam J. Charles    Chapter 3 
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Figure 3.1: The study sections. a) Location map illustrating the position of the Central 
Basin, and the three study localities (after Uroza and Steel 2008; Blythe and Kleinspehn 
1998). b) The Palaeogene stratigraphy of Spitsbergen, illustrating the stratigraphy 
spanned by the study localities (after Uroza and Steel 2008; Steel et al. 1985). c) 
Palaeogeographic reconstruction of the northern North Atlantic region during the early 
Eocene, illustrating the position of Spitsbergen in black (after Mosar et al. 2002). d) 
Geological map of the area around Bergmanfjellet, illustrating the position of sections 
(a to d) used to construct the composite Bergmanfjellet section. Note the 
Hollendardalen Formation was not previously recorded on published geological maps 
of this area Adam J. Charles    Chapter 3 
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a wider geographical overview of Arctic palaeoceanography (i.e. across the Spitsbergen 
Central Basin) we compare published results from Longyearbyen with data from two 
additional successions, including a new PETM outcrop section from the southern coast 
of Van Mijenfjorden at Bergmanfjellet.  We assess dinocyst assemblage changes across 
all three localities in order disentangle local and basin-scale biotic events, to assess 
temporal changes in oceanographic conditions across the PETM in a high Arctic 
setting. 
 
3.1.1 Dinoflagellate cysts as proxies for sea surface conditions 
Dinoflagellates are protists which have a unique nucleus (the dinokaryon; e.g. Fensome 
et al. 1999) and/or possess two dissimilar flagella (Evitt 1985; Fensome et al. 1999), 
enabling movement through the water column for some members of the group 
(Levandowsky and Kaneta 1987).  The majority of dinoflagellates live in near-surface 
waters in aquatic settings (freshwater-oceanic; e.g. Dale 1996; Marret and Zonneveld 
2003). Today, ~10-15 % of species produce resting cysts (dinocysts) which are 
geologically preservable as part of a two-stage life cycle (Evitt 1985).  Owing to the 
dinoflagellates’ habitat within surface waters, the cysts they produce are known to be 
sensitive indicators of surface water conditions in both modern and ancient sediments 
(Wall et al. 1977; Brinkhuis 1994; Dale 1996; Marret and Zonneveld 2003; Sluijs et al. 
2005).  However, certain types of dinocysts (peridinioids) are preferentially susceptible 
to syn/post depositional oxidation (e.g. Zonneveld et al. 2001, 2008), therefore redox 
conditions need to be assessed before making palaeoceanographic interpretations.  In 
modern and Quaternary sediments, four main ecological signals can be determined by 
examining the composition of dinocyst assemblages: distance from the shore, using a 
parameter known as the neritic/oceanic signal; nutrient availability, or the productivity 
signal; salinity and lastly sea surface temperature (e.g. Wall and Dale 1973; Wall et al. 
1977; Lewis et al. 1990; Dale 1996; deVernal et al. 1997; Devillers and de Vernal 
2000; Kouli et al. 2001; Mudie et al. 2001; Marret and Zonneveld 2003; Zonneveld et 
al. 2009).  Although most dinocyst genera studied in the Palaeogene are extinct, 
multiple studies of fossil cyst assemblages have also illustrated the same variations in 
palaeoecological conditions resulted in marked assemblage changes, as corroborated 
by proxy records (see review in Sluijs et al. 2005). 
 
For example, Sluijs et al. (2008b) used the ratio of more offshore taxon Spiniferites to 
the inner neritic taxon Areoligera (Spiniferites – Areoligera ratio), together with a drop 
in the >63 µm sediment fraction to infer a relative sea level rise occurred during the 
PETM on the New Jersey shelf.  These changes were followed by successive acmes of 
the low-salinity tolerant taxon Senegalinium, implying elevated terrestrial runoff and 
nutrient concentrations on the New Jersey margin during the PETM (Sluijs and Brinkhuis Adam J. Charles    Chapter 3 
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2009).  Other examples of salinity changes include the Oligocene Rhine Graben in 
Germany, where alterations between assemblages dominated by Homotryblium 
tenuispinosum and Thalassiphora pelagica were interpreted as fluctuations between a 
humid and dry climate state (Pross and Schmiedl 2002).  Major climatic perturbations 
in the Palaeogene also resulted in marked dinocyst assemblage changes, such as the 
southern migration of the cold water taxon Svalbardella during the Oi-2b glaciation 
event in the Oligocene (Van Simaeys et al. 2005), and the Apectodinium acme during 
the PETM (e.g. Bujak and Brinkhuis 1998; Crouch et al. 2001).  Finally, the ratio 
between abundances of peridinioid (P) and gonyaulacoid (G) dinocysts (known as the 
P/G ratio, modified from the original concept of Harland [1973]), is typically used to 
infer changes in Palaeogene productivity (e.g. Sluijs et al. 2005; Bijl et al. 2010).  This 
is based on the assumption that the majority of peridinioid (P) cysts in the Palaeogene 
would have been heterotrophic taxa which thrive in nutrient-rich settings, compared to 
the autotrophic gonyaulacoid (G) cysts (Sluijs et al. 2005).  Elevated abundances of 
peridinioids during the PETM in New Zealand have thus been used to infer higher 
productivity during the event (Crouch and Brinkhuis 2005).  The discussion above 
therefore indicates that dinocysts are powerful tools for reconstructing sea surface 
conditions during the PETM and other intervals of the Palaeogene, and are therefore 
applicable for such reconstructions within the Spitsbergen succession. 
 
3.2 Material and Methods 
3.2.1 Geological setting 
The three study localities all lie within the Palaeogene Central Basin of Spitsbergen, the 
largest island of the Svalbard archipelago (Figure 3.1).  The palaeolatitude of Svalbard 
has changed little since the Palaeogene, when it was located ~75°N (Harland 1997), and 
the initiation of sea-floor spreading in the present day northern North Atlantic resulted 
in a dextral strike-slip movement between Svalbard and Greenland (Müller and 
Spielhagen 1990; Harland 1997).  This resulted in the development of a transpressive 
tectonic regime by the latest Palaeocene (Müller and Spielhagen 1990; Bruhn and Steel 
2003), eventually leading to the separation of Svalbard from Greenland to its present 
day position (Müller and Spielhagen 1990).  Transpression resulted in uplift of the West 
Spitsbergen orogenic belt from the Palaeocene to the Eocene-Oligocene boundary 
(Harland 1997; Blythe and Kleinsphene 1998), leading to the deposition of a 
stratigraphically expanded Palaeogene succession within a foreland basin (~2500 m; 
Helland-Hansen [1990]).  Owing to orogenic loading, higher subsidence on the western 
margin of the basin together with a high sediment supply resulted in a marked 
westward thickening of the Eocene stratigraphy (Kellogg 1975; Helland-Hansen 1990).  
For example, using the stratigraphic nomenclature of Dallman et al. (1999: which we Adam J. Charles    Chapter 3 
  64 
employ here), the thickness of the Gilsonryggen Member (in which the PETM resides), 
increases from 300 to 600 m from east to west (Helland-Hansen 1990). 
 
The palaeogeography of the Central Basin in the Eocene is constrained by the growing 
orogenic belt to the west (Helland-Hansen 1990; Müller and Spielhagen 1990; Harland 
1997), and by the distribution of Permian strata to the northeast (phosphatic clasts 
from these strata were eroded and rafted into the basin during deposition of the 
Frysjaodden Formation: Bikenmajer et al. [1972]; Dalland [1977]).  There is consensus 
that at this time the southern margin of the Central Basin was open, with a marine 
connection to the opening North Atlantic (Livšic 1974; Müller and Spielhagen 1990; 
Harland 1997).   However, the position of the eastern margin of the basin is poorly 
constrained.  Livšic (1974) suggested a restricted basin predominantly closed to the 
east based on bivalve assemblages, which are comprised entirely of euryhaline taxa.  
Conversely, Helland-Hansen (1990) argued that the predominance of wave- and storm-
generated sedimentary structures coupled with the sedimentary architecture suggested 
a basin open to both the south and the east. 
 
Here we document results from three mudstone-dominated sections from across the 
Central Basin: the Longyearbyen section, core BH9/05, and a new outcrop section at 
Bergmanfjellet (Figure 3.1).  Detailed lithological, geochemical and dinocyst 
assemblage data from the Longyearbyen section have previously shown that the PETM 
is present within the Gilsonryggen Member of the Frysjaodden Formation, represented 
by a -4 ‰ δ
13C
TOC excursion coeval with the appearance of PETM-diagnostic 
dinoflagellate cyst Apectodinium augustum (Harding et al. 2011).  Terrestrial 
deposition immediately preceded the PETM at Longyearbyen (Harding et al. 2011), but 
coeval marine sediments occur in both core BH9/05 and the Bergmanfjellet locality, 
indicating that the Longyearbyen section is the most proximal of the localities studied 
here.  The presence of A. augustum coincident with a -4 ‰ δ
13C
TOC excursion also 
identifies the PETM in core BH9/05 (Chapter 2); carbon isotope stratigraphy and a 
detailed lithological description for the core have been provided by Cui et al. (2011) 
and Riber (2009) respectively.  In contrast to the Longyearbyen section and core 
BH9/05, the Bergmanfjellet outcrop section on the southern margin of Van 
Mijenfjorden is located close to the western margin of the preserved Central Basin 
deposits, adjacent to the West Spitsbergen orogenic belt.  Owing to the growth of the 
orogenic belt in the Palaeogene, and the thickening of stratigraphy to the west, it has 
been inferred that deposition on the western margin of the basin occurred within a 
foredeep setting with high subsidence (Helland-Hansen 1990).  However, our 
geological mapping of the area has illustrated that the Palaeogene stratigraphy at 
Bergmanfjellet is divided up into faulted blocks (Figure 3.1d).  Therefore we Adam J. Charles    Chapter 3 
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constructed a composite section from the Grumantbyen Formation to the Gilsonryggen 
Member of the Frysjaodden Formation (Figure 3.2). 
 
 
 
Figure 3.2: The Bergmanfjellet section. a) Composite sedimentary log. Positions of 
sections (a to d) are illustrated in Figure 3.1. b) Bulk organic carbon isotope record 
(δ
13C
TOC ‰ VPDB). c) Expanded view of the Hollendardalen Formation, illustrating 
palaeocurrent directions. 
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3.2.2 Organic carbon isotopes 
In order to locate the PETM in the Bergmanfjellet section, 49 samples were analysed to 
construct a bulk organic carbon isotope record ( δ
13C
TOC) through the Gilsonryggen 
Member of the Frysjaodden Formation.  Samples were crushed to a fine powder using 
an agate pestle and mortar before the removal of inorganic carbon via addition of 
Analar HCl (37 %).  Samples were left overnight before dilution with Milli-Q water, and 
subsequently left to settle before being decanted and subjected to further dilution.  
Once neutralized, samples were oven dried at ~60ºC, before further crushing.  Around 
three milligrams of sample was used to measure total organic carbon percentages 
(TOC %) using a Carlo Erba EA1108 elemental analyzer.  Decarbonated TOC % data (not 
shown) was used to calculate the weight of sample required for isotopic analysis so 
each sample had a roughly constant carbon content (~30 µg C).  Samples were run on a 
Euro EA elemental analyzer linked to an Iso Prime mass spectrometer, using an EMA 
soil low organic carbon standard for calibration (TOC: 1.65 %; δ
13C: -27.46 ‰).  
Analytical precision based on standard reproducibility was 0.15 ‰. 
 
3.2.3 Palynological processing 
Standard palynological processing techniques as outlined in Wood et al. (1996) were 
used.  Some 5-10 g of sample was crushed to millimetre sized chips, before being 
bathed overnight in hydrochloric acid (32%) to dissolve carbonates.  Samples were 
subsequently diluted with water, left to settle and then decanted, repeated multiple 
times until neutralised.  The silicate fraction was dissolved by subjecting the samples 
to HF (60 %) over 48 hours before dilution and neutralisation as above.  A known 
quantity of exotic Lycopodium spores were added to the samples during the second HF 
dilution, in order to calculate the absolute abundance of dinocysts (Benninghoff 1962; 
Stockmarr 1971).  Samples were passed through a 10 µm nylon sieve in order to 
remove the solute, with inert organic components remaining in the sieve.  Samples 
were then boiled in HCl (32 %) in order to dissolve neo-formed fluorides from the HF 
stage, rapidly diluted with ~250 ml of water, and sieved again.  Samples with high 
abundances of pyrite framboids and amorphous organic matter (AOM) were subjected 
to flash oxidation (5 minutes in 70% nitric acid) in order to dissolve/break up these 
components, before rapid dilution with ~250 ml of water and subsequent sieving.  
Where possible, 300 dinocysts were counted per slide, with the abundance of the out-
of-count Lycopodium spike used to calculate the absolute abundance of cysts.  
Dinoflagellate cyst nomenclature follows that of Fensome and Williams (2004; see 
Appendix 6 for representative images of key taxa). In order to assess generic diversity, 
the Shannon-Weaver Index or H(G) of Shannon (1948) was used, calculated using the 
statistics package Primer, version 6.1.6. The slides utilized to generate the above data 
are deposited in the collection of the University of Southamton, UK. Adam J. Charles    Chapter 3 
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3.3 Results 
3.3.1 Bergmanfjellet carbon isotope record 
A 4.2 ‰ negative carbon isotope excursion is observed in the bulk organic carbon 
(δ
13C
TOC) record from the Bergmanfjellet section (Figure 3.2, Appendix 3), coincident 
with an acme of the dinocyst genus Apectodinium, including PETM-diagnostic species 
A. augustum.  The onset of the δ
13C
TOC excursion occurs immediately above the base of 
the Gilsonryggen Member of the Frysjaodden Formation, the same point in the 
stratigraphy as the previously documented PETM section in Longyearbyen (Harding et 
al. 2011).  The -4.2 ‰ magnitude of the CIE in Bergmanfjellet is similar to that from the 
PETM intervals in both the Longyearbyen section (Harding et al. 2011) and core BH9/05 
(Cui et al. 2011).  These constraints therefore confirm the presence of the PETM in the 
Bergmanfjellet section.  Unfortunately however, structural disturbance has led to 
stratigraphic gaps within the PETM interval at this locality.  A minor fault was observed 
during sedimentary logging of the section, occurring immediately above the onset of 
the δ
13C
TOC excursion and the first appearance datum of A. augustum.  The absence of 
bentonite layers in the Bergmanfjellet section (observed in the PETM CIE in both the 
other Spitsbergen localities: Figure 3.3) together with abrupt changes in lithology, 
dinocyst assemblages and a ~2 ‰ jump in δ
13C
TOC values, also indicates the presence of 
a second fault in the upper part of the section (Figure 3.3).  The absence of an 
exponential return of isotopic values to more positive values suggests recovery phase I 
of the PETM CIE has been removed by the upper fault at this site. 
 
3.3.2 Dinocyst assemblages 
This section describes the dinocyst assemblage record through both core BH9/05 and 
the Bergmanfjellet section, and defines acme events which are present in both absolute 
and relative abundance data (Figures 3.4-3.5 and Appendix 3) unless otherwise stated. 
3.3.2.1 Core BH9/05 
Fluctuations in the abundance of dinocyst genera in core BH9/05 are displayed in 
Figure 3.4.  Total dinocyst abundance is low between 550-531 m (typically <2500 cysts 
g
-1) and from 510-481 m (typically <3300 cysts g
-1; Figures 3.3 and 3.4).  Although 
assemblages in these intervals are dominated by Spiniferites spp. and other taxa 
present in very low numbers, the low recovery meant that less than 300 dinocysts were 
counted per sample.  Therefore the assemblages from these intervals are not 
considered statistically significant, and environmental interpretations cannot be drawn.  
The PETM CIE is the only interval in >400 m of the Frysjaodden Formation in core 
BH9/05 where >300 dinocysts per sample were consistently observed (between 530 m 
to 511 m).  Therefore discussion of dinocyst assemblages will focus on this interval. 
 
 
Figure 3.3: Comparison of Spitsbergen PETM sections in the depth domain. Sedimentary logs, δ
13C
TOC (‰ VPDB) and total dinocyst 
abundances are plotted against the same depth scale for a) the Longyearbyen section [Harding et al. 2011] b) core BH9/05 and [Cui 
et al. 2011; Dypvik et al. 2011] c) the Bergmanfjellet section [this study]. Tie points used to transfer the BH9/05 age model to the 
other two sections are illustrated as dashed lines (a to e; see text for discussion). Dashed lines marked with the letter ‘f’ in panel c 
represent faults in the Bergmanfjellet section. Note that the Hollendardalen Formation is not present in core BH9/05 due to 
southeastern thinning and pinch out of this formation (Dallman et al. 1999). 
 Adam J. Charles    Chapter 3 
  69 
Total dinocyst abundances between 530 to 529 m reach ~6000 cysts g
-1, before 
increasing to ~63,000 cysts g
-1 from 529-522 m (Figures 3.3 and 3.4).  Concomitant 
increases in the abundances of Apectodinium spp., Lentinia/Spinidinium spp. and 
Senegalinium spp. account for the initial increase (from 528.73 to 524.73 m), with 
Apectodinium (~12,000 cyst g
-1; 26-49 % of the assemblage) slightly more abundant 
than Lentinia/Spinidinium (~8,000 cysts g
-1; 10-28 %)
 and Senegalinium (~8,000 cysts g
-
1; 9-33 %; Figure 3.4).  The acme in Lentinia/Spinidinium in this interval of the CIE in 
BH9/05 is not present in either the Longyearbyen (Harding et al. 2011) or 
Bergmanfjellet sections, and therefore represents a local acme.  Peak abundances of 
the gonyaulacoid cysts Hystrichokolpoma spp., Muratodinium spp. and 
Glaphyrocysta/Areoligera spp. also occur during this interval, with maximum 
abundance of all these genera at ~526 m (tie point c; Figure 3.4), immediately above 
the peak CIE. 
 
These gonyaulacoid cysts start to decline above 525 m and a pronounced acme in the 
hexa-peridinioid Cerodinium/Deflandrea spp. is observed at 523.43 m (~4000 cysts g
-
1; 12 % of the assemblage).  However, the increase in total dinocyst abundance across 
the 525-522 m interval is predominantly the result of an influx of the dinocyst 
Senegalinium spp., which accounts for around 70 % of dinocysts observed at its 
maximum abundance (~46,000 cysts g
-1; Figure 3.4).  From 522-520 m the decline in 
Senegalinium spp. abundance drives the sharp decrease in total dinocyst abundance.  
A more gradual decline in total dinocyst abundance is observed from 520-511 m, 
marked by lower abundances of Apectodinium spp. and Senegalinium spp., although 
the abundance of Spiniferites spp. remains constant. 
 
3.3.2.2 Bergmanfjellet 
Dinocyst assemblage data for the Bergmanfjellet section are displayed in Figure 3.5 
and Appendix 3.  In a similar manner to both the Longyearbyen section (Harding et al. 
2011) and core BH9/05, dinocyst abundances are low outside the PETM CIE (<1,600 
cysts g
-1; Figure 3.5), with <300 dinocysts counted per sample.  Again, the only interval 
with abundant dinocysts (>300 per count) lies within the main body of the PETM CIE 
(68.90 m to 103.75 m; Figures 3.3 and 3.5).  Total dinocyst abundance increases from 
~3,000 cysts g
-1 at 68.90 m to ~19,000 cysts g
-1 at 74.30 m.  This increase is driven by 
elevated abundances of both Apectodinium spp. (~8,000 cysts g
-1; 22-48 %) and 
Glaphyrocysta/Areoligera spp. (~8,000 cysts g
-1; 14-46 %), which dominate 
assemblages in this interval (Figure 3.5).  The absolute abundance of Senegalinium 
spp. also increases around 72 m (~3,000 cysts g
-1, although such an increase is not 
evident in the relative abundances), and thereafter fluctuates between 300-2000 cysts 
g
-1 (2-25 %) from 76.00-90.40 m.  However, Senegalinium spp. remains subordinate to  
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Apectodinium spp. from 76.00-90.40 m, with the latter genus dominating assemblages 
in this interval (~4,000 cysts g
-1; 32-75 %).  Similar to core BH9/05, a pronounced acme 
in Muratodinium spp. (~1,000 cysts g
-1; 7 %) occurs immediately after the peak CIE at 
81.30 m, within the interval dominated by Apectodinium spp. (Figure 3.5). 
 
Elevated abundances of Senegalinium spp. are observed from 91.30-103.75 m (~6,000 
cysts g
-1; 23-43 %), with abundances of Apectodinium spp. remaining relatively constant 
(~4,000 cysts g
-1; 21-55 % [relative abundances decrease slightly due to the closed sum 
problem]).  A marked acme in the hexa-peridinioids Cerodinium/Deflandrea is 
observed at around 92 m (~2,000 cysts g
-1: 12 %), coeval with the increase in 
Senegalinium abundance.  In contrast to the Longyearbyen section and core BH9/05, 
near-monotypic assemblages of Senegalinium immediately after the 
Cerodinium/Deflandrea acme are not observed in Bergmanfjellet.  Above the fault at 
103.75 m there is a return to low dinocyst abundances with assemblages dominated 
by Spiniferites spp. (Figure 3.5). 
 
3.3.3 Redox conditions 
Dinocyst assemblages are known to be affected by redox conditions, with oxic syn- or 
post-depositional conditions leading to the preferential removal of certain types of 
cysts (peridinioids), biasing the assemblage and therefore potentially the 
environmental interpretations drawn from it (e.g. Zonneveld et al. 2001, 2008).  
Conversely, anoxic conditions will preserve the original species composition of 
dinocyst assemblages (Zonneveld et al. 2001, 2008).  Therefore, in order to be able to 
detect environmental signals recorded in the Svalbard dinocyst assemblages, it is first 
necessary to assess redox conditions within the Palaeogene Central Basin.  Here we 
assess temporal redox changes in core BH9/05 by comparing the Th/U ratio from 
Dypvik et al. (2011), with the abundance of labile Amorphous Organic Matter (AOM; 
Figure 3.6).  From 551-529 m depth, the Th/U ratios are >3, AOM concentrations are 
low, and laminations are rare within the sediment (Figure 3.6).  Together with the 
presence of a relatively high diversity agglutinated foraminiferal assemblage (Nagy 
pers comm. 2010), this suggests that bottom and pore waters were oxic within this 
interval.  From 529-516 m depth, an elevated abundance of pyrite framboids is  
 
 
Figure 3.4: Absolute a) and relative b) abundances of dinocysts from core BH9/05, 
plotted against depth. Grey dashed lines indicate the position of age model tie points 
discussed in the text. Shaded areas indicate samples where <300 dinocysts per sample 
were observed, making dinocyst data more imprecise. Note that this diagram shows an 
expanded view of the PETM in order to illustrate the dinocyst acmes, the PETM 
recovery interval (500-487 m) is not shown. Adam J. Charles    Chapter 3 
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observed in palynological preparations, with increased concentrations also derived 
from XRD analyses (Riber 2009; Dypvik et al. 2011).  This together with lower Th/U 
ratios (<3; Dypvik et al. 2011), high concentrations of AOM and laminated sediments 
implies that conditions within the sediment were anoxic during this interval.  
Furthermore, a decline in the agglutinated foraminiferal diversity suggests that bottom 
water oxygenation may have declined (Nagy pers comm. 2010).  Above 516 m, 
decreasing abundances of pyrite and AOM, together with a gradual increase in Th/U 
ratios and foraminiferal diversity implies a gradual transition back to oxic bottom 
waters.  Similar features are observed at both Longyearbyen and Bergmanfjellet. 
Harding et al. (2011) observed elevated pyrite and AOM concentrations within the 
PETM CIE at the Longyearbyen outcrop section.  At Bergmanfjellet, elevated 
abundances of pyrite and AOM are also observed in palynological residues within the 
‘core’ of the PETM CIE, together with pronounced laminations.  Taken together, these 
independent lines of evidence from all three sections suggest a decline in oxygen 
levels within the PETM CIE, implying low bottom water oxygenation across the basin 
and anoxic conditions within the sediment.  Therefore, by determining low bottom 
water oxygen levels it is possible to deduce that the dinocyst assemblages in the ‘core’ 
of the CIE are not biased by oxidation, and these assemblages can be used to assess 
palaeoceanographic conditions in this interval.  Conversely, the low abundance of 
labile peridinioids outside the core of the PETM CIE (Figure 3.6), is consistent with the 
preferential oxidation of these taxa, resulting in the low diversity and abundance of 
dinocysts observed, dominated by the more refractory taxon Spiniferites (Figures 3.4 
and 3.5). 
 
3.3.4 Age model 
Cyclostratigraphic age models have previously been constructed for the Longyearbyen 
section (Harding et al. 2011) and core BH9/05 (Chapter 2).  However, in order to 
prevent artefacts between the different age models biasing interpretations and 
accurately assess dinocyst assemblage changes in a temporal context, it is necessary 
to compare each section against the same age model (i.e. Independent tuning of both 
Spitsbergen localities to the Log Fe record of Site 1263 illustrates a ~5 kyr age model 
offset between sites: Chapter 2).  Here, we use litho-, chemo- and biostratigraphic tie 
points to export age model Option B from core BH9/05 (Chapter 2), to both the 
Longyearbyen and Bergmanfjellet sections (Figure 3.3).  Core BH9/05 was used 
because the age model is based upon cyclostratigraphic data with a higher temporal 
resolution than the age model of the Longyearbyen section.  Option B of this age 
model was constructed by assigning a 21 kyr duration to each precession cycle 
identified in the depth domain, and is consistent with the Murphy et al. (2010) 
3He age 
model from ODP Site 1266 (Chapter 2). Adam J. Charles    Chapter 3 
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The tie points utilized are listed below in stratigraphic order.  The stratigraphically 
lowest tie points are the inflection points marking the onset of the CIE (tie point a) and 
around the peak of the CIE, where a steady negative decline in carbon isotope values is 
replaced by a flat trajectory of values which fluctuate around a mean (tie point b, 
Figure 3.3).  Furthermore, successive acmes in Muratodinium spp. and 
Cerodinium/Deflandrea spp. occur immediately above the peak of the PETM CIE in all 
three localities.  Given the pronounced stratigraphically restricted nature of these 
acmes, and their consistent position with respect to the PETM CIE, we assume these 
events were coeval and use them as a further tie points (tie points c and d, Figures 3.3, 
3.4 and 3.5). 
 
Finally, two conspicuous bentonite layers are recorded within the PETM CIE in both the 
Longyearbyen section and core BH9/05 (Chapter 2), which are inferred to be coeval 
based on their position with respect to δ
13C
TOC records, and are therefore included as 
the highest stratigraphic tie points (tie points e and f, Figure 3.3).  However, no 
bentonites have been discovered within the Bergmanfjellet section, which suggests 
they have been removed by the faulting towards the top of the study interval.  In both 
the Longyearbyen section and core BH9/05, the highest abundance and diversity of 
dinocysts occurs below these bentonite layers.  Therefore, the absence of bentonites 
within the Bergmanfjellet section, coupled with the depleted δ
13C
TOC values and the 
relatively high abundance and diversity of dinocysts directly below the fault implies 
that the >40 m of stratigraphy between the two faults must have been deposited 
during the ‘core’ of the PETM CIE (as defined by Röhl et al. 2007). 
 
3.4 Discussion 
3.4.1 Basin-scale versus local events 
Here we compare dinocyst assemblages from the Bergmafjellet section and core 
BH9/05 with those previously documented from the Longyearbyen section (Harding et 
al. 2011), in order to distinguish basin-scale events from local events in the Central 
Basin throughout the ‘core’ of the PETM CIE (where anoxic conditions preserve original 
cyst assemblages).  We define basin-scale events as dinocyst acmes occurring within all 
three localities, whilst local events occur in only a single locality. 
 
3.4.1.1 Basin-scale temporal changes 
Low abundance assemblages dominated by the gonyaulacoid taxon Spiniferites spp. 
are present at all three localities in pre- and post-PETM sediments.  In modern settings 
Spiniferites spp. typically occurs in sediments underlying open marine water masses  
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(Marret and Zonneveld 2003).  Although pre- and post-PETM sediments are potentially 
biased by oxidation (Section 3.3.3), gonyaulacoids are known to be more refractory 
taxa (e.g. Zonneveld et al. 2008), and their abundance is therefore more unlikely to 
have been altered.  Together with the low abundance/absence of other marine 
gonyaulacoids (e.g. Muratodinium and Glaphyrocysta spp.), the low abundance 
assemblages dominated by Spiniferites in pre- and post-PETM sediments suggests that 
fully marine conditions did not occur within the Central Basin preceding and post-
dating the PETM. 
At the onset (or immediately preceding the PETM CIE), the first occurrence of 
Apectodinium is recorded at all three localities.  Just before the peak CIE dramatic 
increases in Apectodinium abundance mark its acme across the basin (Figure 3.7).  The 
abundance of the genus remains high throughout the interval in which dinocyst 
assemblages are unaffected by oxidation.  Such a PETM-Apectodinium acme has been 
widely recorded (e.g. Bujak and Brinkhuis 1998; Egger et al. 2000; Crouch et al. 2001; 
Sluijs et al. 2007a), and the global migration of this genus is thus far a unique event in 
the entire dinocyst record (Mid Triassic – Holocene).  Typically limited to low latitude 
regions during the Palaeocene (Bujak and Brinkhuis 1998), the global migration of 
Apectodinium has been interpreted to be (at least partially) the result of globally 
warmer waters at the onset of (or immediately preceding) the PETM (Brinkhuis et al. 
1994; Bujak and Brinkhuis 1998; Crouch et al. 2001; Sluijs et al. 2007b; Sluijs and 
Brinkhuis 2009).  However, temperature may not have been the only limiting factor 
affecting the distribution of this taxon.  The high percentage of peridinioids at all three 
Spitsbergen localities within the PETM CIE suggests nutrient-rich surface waters with 
high productivity during the PETM (Figure 3.7).  The coeval acme in Apectodinium 
indicates the genus thrived in such conditions.  This is consistent with results from 
previous studies, which have documented the Apectodinium acme in localities also 
inferred to have received high nutrient supplies (Crouch and Brinkhuis 2005; Sluijs and 
Brinkhuis 2009).  However, warm water, nutrient-rich conditions in continental margin 
settings are not restricted to the PETM, thus some other (as yet unknown) factor must 
have contributed to initiate this unique event (Sluijs and Brinkhuis 2009). 
 
 
 
Figure 3.5: Absolute a) and relative b) abundance of dinocysts from the Bergmanfjellet 
outcrop section, plotted against depth. Grey dashed lines indicate the position of age 
model tie points discussed in the text. Shaded areas indicate samples where <300 
dinocysts per sample were observed, making dinocyst data more imprecise. Dashed 
lines indicate the position of two faults in the section. Adam J. Charles    Chapter 3 
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Figure 3.6: redox indicators in core BH/905 through the PETM interval. Sedimentatry 
log and Th/U ratio are from Dypvik et al. (2011), with δ
13C
TOC from Cui et al. (2011). 
Grey shaded bar indicates the interval where sedimentary anoxia is inferred. 
Amorphous Organic Matter (AOM) index is based on visual estimation of the 
abundance of AOM within palynological preparations. 0 = absent within the entire 
slide, 1= typically present in a 40 µm field of view, 2= common, <30 %, 3 = abundant, 
between 30-60 % of the assemblage, 4 = highly abundant, >60 % of the assemblage. 
Relative and absolute abundance of labile peridinioid dinocysts are plotted for 
comparison. 
 
 
Coeval to the increases in Apectodinium abundance, elevated abundances of 
Glaphyrocysta/Areoligera are also observed across the basin (Figure 3.7).  A 
Glaphyrocysta/Areoligera acme occurs in all three sections around the peak of the 
PETM CIE, coeval with a more temporally restricted acme in Muratodinium, immediately 
after the peak CIE (~30 kyr after the CIE onset using age model Option B from Chapter 
2; ~18 kyr using Option A; tie point c; Figure 3.7).  Glaphyrocysta/Areoligera and 
Muratodinium have previously been observed within inner-neritic normal marine 
settings (Brinkhuis 1994; Powell et al. 1996; Pross and Brinkhuis 2005; Sluijs et al. 
2005), and therefore their peak abundance around the peak CIE implies the most 
saline waters were recorded in the Central Basin at this time.  Together with the 
relatively high generic diversity and low dominance of dinocysts across the basin in 
this interval (Figure 3.7), this confirms the hypothesis of Harding et al. (2011) that the 
peak CIE is coincident with a maximum flooding surface within the basin. 
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Figure 3.7: Comparison of a) relative and b) absolute dinocyst abundance data across 
the Central Basin, plotted against age model Option B of core BH9/05 (Chapter 2). Data 
from core BH9/05 (black), Longyearbyen (blue) and Bergmanfjellet (red) is plotted in 
each panel. Black arrows indicate the position of tie points (a to e, from Figure 3.3) 
used to transfer BH9/05 age model Option B to the Longyearbyen and Bergmanfjellet 
sections. Grey shaded areas indicate the intervals where dinocysts are potentially 
biased by oxidation, defined by analysis of redox conditions in core BH9/05 (Figure 
3.6). 
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However, coeval with the Glaphyrocysta/Areoligera acme, increased abundances of 
Senegalinium are also observed.  Senegalinium has previously been demonstrated as a 
taxon which thrived within low-salinity nutrient-rich settings, caused by high terrestrial 
runoff (Sluijs et al. 2008a; Sluijs and Brinkhuis 2009; Barke et al. 2011). Harding et al. 
(2011) concluded that the co-occurrence of abundant low-salinity tolerant and normal 
marine salinity dinocysts in the Longyearbyen section was the result of salinity-driven 
stratification, with Senegalinium inhabiting a fresh water cap overlying higher salinity 
waters with more normal marine dinocysts (Figure 3.8a).  The increase in low-oxygen 
indicators throughout the basin during the PETM, together with the coeval increase in 
low-salinity dinocysts in all three sections, is consistent with the development of 
stratification across the entire Central Basin by the peak of the CIE. 
 
Subsequently, Senegalinium abundance continues to increase across the basin, with 
the coeval decline in the abundance of the more normal marine taxa 
(Glaphyrocysta/Areoligera and Muratodinium).  From 40-60 kyr after the onset of the 
PETM (23-33 kyr using age model Option A), maximum abundances of Senegalinium 
are reached in all three localities, with low abundances of marine dinocysts (Figure 
3.7).  This suggests that maximum fresh water input and stratification was reached in 
the basin at this time (Figure 3.8b and 3.9).  Two possible explanations for the 
Senegalinium acme exist.  The first is that relative sea level fall immediately after the 
peak of the PETM CIE would have resulted in all localities being closer to the coast and 
therefore the sources of runoff, causing relative increases in freshwater content across 
the basin.  However, no sedimentary evidence for regression is observed in any of the 
sections in this interval (e.g. no regressive facies shifts [Figure 3.3; Dypvik et al. 2011; 
Harding et al. 2011]).  Therefore, a more probable cause of the Senegalinium acme is 
increased freshwater input from enhanced terrestrial runoff.  This has been inferred at 
other PETM localities including Site 302-4A (e.g. Guisberti et al. 2007; John et al. 2008; 
Sluijs et al. 2008a), as a result of an enhanced hydrological cycle (Ravizza et al. 2001; 
Pagani et al. 2006; Schmitz and Pujate 2007).  An intensified hydrological cycle would 
result in enhanced precipitation at high latitudes (Pagani et al. 2006), consistent with 
elevated terrestrial runoff and the development of a freshwater cap across the 
Spitsbergen Central Basin during the PETM.  Peak abundances of Senegalinium are 
reached 40-60 kyr after the onset of the CIE in Spitsbergen (Figure 3.7 and 3.8). Sluijs 
and Brinkhuis (2009) also observed the influx of Senegalinium lagged the onset of the 
PETM on the New Jersey margin, and suggested the onset of freshwater forcing lagged 
the CIE onset.  Therefore, the 40-60 kyr lag between the onset CIE and the peak of the 
Senegalinium acme in Spitsbergen may provide further evidence for the delayed onset 
of freshwater forcing in continental margin settings during the PETM.   Adam J. Charles    Chapter 3 
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Figure 3.8: Schematic diagram illustrating palaeoceanographic changes in the Central 
basin during the PETM, and their affect on dinocyst assemblages. Note the dog-leg in 
the diagram between core BH9/05 and Bergmanfjellet. Section numbers correspond to 
numbers in panel c. a) ~30 kyr after onset CIE using Age model Option B of Chapter 2 
(~18 kyr after onset CIE using age model Option A). b) 40-60 kyr after onset CIE using 
Age model Option B of Chapter 2 (23-33 kyr using age model Option A). The position 
of the reconstruction with respect to the δ
13C
TOC record of core BH9/05 is shown on the 
right. See Figure 3.3 for lithological key. c) Location map illustrating the position of 
the three study localities and the cross section for panels a and b (dashed line). See 
Figure 3.1 for key. 
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However, the perturbation of hydrogen isotopic values (Pagani et al. 2006; Tipple et al. 
2011) and the deposition of a fluvial megafan in the Spanish Pyrenees (Schmitz and 
Pujate 2007), occurred at (or preceeded) the onset of the CIE (Figure 3.9). Most proxy 
data thus support the contention that hydrological cycle intensification began around 
the CIE onset, consistent with results from climate models (e.g. Figure 3.9; Pagani et 
al. 2006). Therefore an alternative explanation for the apparent lag between the CIE 
onset and maximum freshwater forcing in the Central Basin is that rising sea levels 
around the CIE onset suppressed the influence of runoff.  Conversely, the lag in 
maximum freshwater flux could imply that peak hydrological cycle intensity was only 
reached some 40-60 kyr after the CIE onset (at least locally). 
 
Within the Senegalinium acme, a pronounced temporally-restricted basin-scale acme in 
the hexa-peridinioid dinocysts Cerodinium/Deflandrea is also observed (occurring 
within ≤5 kyr using age model Option B; ≤2.5 kyr using Option A; tie point d; Figure 
3.7).  The acme in Cerodinium/Deflandrea and the presence of other hexa-peridinioids 
(such as Lentinia/Spinidinium) within the interval of high Senegalinium abundance 
confirms that Palaeogene hexa-peridinioids could tolerate low-salinities and thrived in 
high nutrient settings, as proposed previously (Brinkhuis et al. 1992; Sluijs and 
Brinkhuis 2009).  However, temporal offsets between the acmes of different hexa-
peridinioid genera (e.g. Senegalinium and Cerodinium/Deflandrea), suggests optimal 
salinities/nutrient contents were different for each genus. 
 
To summarise, the dinocyst assemblages throughout the PETM can be used to infer the 
depositional setting of the basin during the PETM.  High abundances of neritic taxa 
(predominantly peridinioids and Glaphyrocysta/Areoligera, Muratodinium) and high 
nutrient, warm water taxon Apectodinium occur around the peak of the CIE (Figure 3.7, 
3.8 and 3.9).  Subsequently, elevated abundances of high nutrient, low salinity taxon 
Senegalinium are encountered, with similar Apectodinium concentrations (Figure 3.7 
and 3.8).  Overall, this implies that deposition took place in a neritic, high nutrient 
setting throughout the PETM, with relatively warm sea surface temperatures. 
 
3.4.1.2 Spatial changes within basin-scale events 
Although the Senegalinium acme mentioned in Section 3.4.1.1 occurs across the basin, 
changes in Senegalinium abundances occur between each locality, indicative of spatial 
oceanographic changes in the Central Basin.  The concentration of Senegalinium is 
markedly different between each locality within the acme in terms of both relative and 
absolute abundances (Figure 3.7).  In Longyearbyen, ~90 % of the dinocyst assemblage 
is composed of the genus at its acme, compared to 72 % and 43 % in core BH9/05 and 
Bergmanfjellet respectively.  If Senegalinium lived in a surficial freshwater cap (Section  
   
 
Figure 3.9: Comparison of the Senegalinium spp. acme (Spitsbergen) with proxies typically used to infer changes in hydrology. Core BH9/05 
record of Senegalinium spp. abundance is considered representative of the Spitsbergen PETM. Shaded areas in core BH9/05 indicate samples 
where <300 dinocysts per sample were observed, making dinocyst data more imprecise. Note the top of the CIE (recovery phase II) has been 
truncated to show the details of the Senegalinium acme. Data from the Berganuy and Forada sections from Schmitz and Pujalte (2007) and 
Tipple et al. (2011), respectively. Black and Green solid lines in the Berganuy section represent 3pt running average of soil nodule data. Note 
the CIE phases are not defined at Berganuy owing to the low resolution δ
13C record. IODP Site 302-4A data from Sluijs et al. (2006), other than 
hydrogen isotopic data (from Pagani et al. 2006). Grey shaded areas at Site 302-4A indicate regions of drilling disturbance. Note the most 
enriched hydrogen isotopic values and the occurrence of a fluvial megafan occur at (or preceeding) the onset of the PETM CIE, in contrast to 
Spitsbergen, where the Senegalinium acme lags the CIE onset. Adam J. Charles    Chapter 3 
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3.4.1.1), its decreasing abundance away from the most proximal section in the 
northeast (Longyearbyen) suggests the declining influence of freshwater away from its 
source (Figure 3.8).  This is consistent with the fluvial input of freshwater (and 
nutrients) from the northeastern margin of the basin.  In addition, it is notable that 
Apectodinium abundance remains relatively constant through the Senegalinium acme 
at all three sites (Figure 3.7), suggesting Apectodinium could tolerate euryhaline 
conditions and high nutrient supplies, which is consistent with previous results (e.g. 
Sluijs and Brinkhuis 2009). 
 
 
Figure 3.10: Summary diagram of biotic and palaeoceanographic events across the 
Central Basin during the PETM, plotted against age model Option B of Chapter 2. 
correlated δ
13C
TOC records from core BH9/05 (black), Longyearbyen (blue) and 
Bergmanfjellet (red). Black arrows indicate the position of tie points (a to e, from 
Figure 3.3) used to transfer the BH9/05 age model to the other sections. MFS = 
maximum flooding surface. 
 
3.4.1.3 Local acmes 
Two localized acmes are observed in core BH9/05 within the interval of sedimentary 
anoxia.  We refrain from interpreting other localised acmes which occur outside the 
anoxic interval (in other words within intervals of low dinocyst abundance: <300 cysts 
per sample), as such events may be artefacts of differential preservation between 
localities, or the low number of cysts counted.  In core BH9/05, a broad localized acme Adam J. Charles    Chapter 3 
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in the hexa-peridinioid cysts Lentinia/Spinidinium occurs around the peak of the CIE 
(Figures 3.4 and 3.9).  As noted above, hexa-peridinioids such as Lentinia/Spinidinium 
are believed to have inhabited low-salinity high nutrient settings (Sluijs and Brinkhuis 
2009).  Here we propose that optimal salinity/nutrient conditions were different for 
individual hexa-peridinioid genera in the Palaeogene (Section 3.4.1.1).  If correct, the 
localized acme in Lentinia/Spinidinium would suggest that absolute nutrient 
concentrations and/or salinities were different between core BH9/05 and the other 
localities, consistent with the inference of the waning influence of runoff from 
proximal to distal settings (Section 3.4.1.2).  A temporally-restricted acme in 
Hystrichokolpoma also occurs in core BH9/05 (Figures 3.4 and 3.9), coeval with peak 
Muratodinium and Glaphyrocysta/Areoligera abundances in this section.  
Hystrichokolpoma is considered to be an open marine dinocyst taxon (Pross and 
Brinkhuis 2005), and thus its peak occurrence coeval to the highest abundances of 
other marine taxa in core BH9/05 can in part be explained as response to the highest 
salinity conditions in the basin at this time.  The acme may not be present within other 
parts of the basin owing to potential salinity and/or nutrient concentration gradients 
between sites, as described above for Lentinia/Spinidinium. 
3.4.2 A low-salinity Arctic during the PETM 
Four marginal marine sections now document the PETM in the high Arctic (Sluijs et al. 
2006, 2008a; Harding et al. 2011; this study).  Comparison of all four sites therefore 
permits a tentative interpretation of the temporal succession of events occurring 
across the region during the PETM.  Sedimentological data from the Longyearbyen 
section suggest that the onset of sea level rise preceded the CIE onset in the Arctic 
(Harding et al. 2011), with data from all three Spitsbergen localities indicating that 
maximum flooding around the peak of the CIE.  This interval is not documented at Site 
302-4A owing to coring gaps.  However, deuterium isotopic data from Site 302-4A 
implies enhanced moisture transport and precipitation in the Arctic during the PETM 
(Pagani et al. 2006).  Elevated precipitation resulted in high runoff, leading to low 
salinity surface waters, salinity driven stratification, and a high abundances of the low-
salinity tolerant Senegalinium at the Spitsbergen localities and Site 302-4A (Sluijs et al. 
2006; 2008a; Harding et al. 2011; this study).  This, together with the warming of 
surface waters (Sluijs et al. 2006) and sea level rise (Sluijs et al. 2008a; Harding et al. 
2011), resulted in the low bottom water oxygen levels at both sites (Sluijs et al. 2006; 
Stein et al. 2006; Weller and Stein 2008; Dypvik et al. 2011; Harding et al. 2011), with 
euxinia in the water column at site 302-4A (Sluijs et al. 2006; Weller and Stein 2008). Adam J. Charles    Chapter 3 
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3.5 Conclusions 
During the PETM in Spitsbergen, dinocyst assemblages illustrate that deposition took 
place in a neritic setting with a high nutrient supply and relatively warm sea surface 
temperatures.  Sedimentary laminations, together with elevated pyrite and labile AOM 
abundances, are documented within the PETM CIE from all three sections across the 
basin.  Together with decreased Th/U ratios and a decreased diversity of benthic 
foraminifera in core BH9/05, these observations imply a decrease in oxygen levels 
during the PETM, with low bottom water oxygenation across the basin.  When 
considered together with the euxinic conditions within the photic zone at Site 302-4A, 
it is possible that oxygen levels decreased across the Arctic region in continental 
margin settings during the PETM. 
 
Furthermore, dinocyst assemblages across the Central Basin confirm previous 
conclusions from the Longyearbyen section (Harding et al. 2011) that the peak of the 
PETM CIE is coincident with a maximum flooding surface, with the most saline waters 
documented in the basin at this time.  Senegalinium concentrations imply the presence 
of a freshwater cap above these higher salinity waters during the peak of the CIE, with 
the abundance of freshwater decreasing from northeast to southwest, consistent with 
the declining influence of fluvial runoff into the basin from the northeast.  
Subsequently, elevated abundances of Senegalinium in all three sections imply 
maximum freshwater input and stratification around 40-60 kyr after the CIE onset, 
probably reflecting peak terrestrial runoff as a result of an intensified hydrological 
cycle.  Recent studies of the Arctic have recorded enhanced freshwater runoff from 
fluvial systems (Peterson et al. 2002) and increased precipitation anomalies during 
intervals of positive North Atlantic Oscillation (which acts to increase precipitation over 
Scandinavia and Siberia; Peterson et al. 2002, 2006).  The enhanced freshwater forcing 
observed during modern anthropogenic warming in the Arctic thus suggests that the 
region is already starting to respond in a manner similar to the response documented 
here during the PETM.  
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Chapter 4: Reconstructing basin-scale carbon 
burial during the Palaeocene/Eocene thermal 
maximum in Arctic Spitsbergen 
To be submitted 
Co-authors: Ian C. Harding, John E.A. Marshall, Rebecca Hodgkinson, Marcus Badger 
and Richard Pancost 
Author contributions: Adam J. Charles collected total organic carbon and palynological 
data, as well as calculating mass accumulation rates, under the supervison of Ian C. 
Harding and John E.A. Marshall. Rebecca Hodgkinson, Marcus Badger and Richard 
Pancost collected and interpreted the organic geochemical data. Adam J. Charles wrote 
the manuscript, apart from sections 4.2.4 and 4.3.4, which were written by Marcus 
Badger. 
Abstract 
The sequestration of organic carbon has been proposed as a mechanism driving the 
recovery from the transient climatic warming event known as the Paleocene/Eocene 
thermal maximum (PETM). Given that the Arctic has been proposed as substantial 
carbon sink during the Paleogene, constraining the mechanisms and quantities of 
carbon sequestered in the region during the PETM is therefore essential to evaluate 
this mechanism. Here, we study the composition, mass accumulation rate (MAR) and 
total burial of organic carbon across three PETM localities in the Central Basin, 
Spitsbergen, in order to assess the potential of the Arctic as a carbon sink during the 
PETM. MARs and total organic carbon burial indicate the rapid accumulation of large 
quantities of organic carbon (10s of Gt) in this foreland basin setting, illustrating the 
potential of such basins to drawdown significant quantities of carbon on geologically 
transient timescales (<250 kyr). Furthermore, a switch from predominantly terrestrial 
to marine organic matter deposition was caused by a combination of enhanced marine 
productivity and anoxia, in turn driven by eustatic sea-level rise and enhanced 
moisture transport to the Arctic. Given the regional influence of the latter two factors, 
marine-dominated organic carbon burial probably occurred across continental margin 
settings over the entire Arctic. This change in carbon drawdown on a regional scale 
would imply the majority of carbon sequestered in Arctic continental margins was 
withdrawn directly from the exogenic system, and that the Arctic was a significant 
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4.1 Introduction 
The globally-warm background climates of the early Palaeogene (e.g. Pearson et al. 
2007; Zachos et al. 2008; Bijl et al. 2009) were periodically interrupted by a series of 
transient warming events known as hyperthermals (Cramer et al. 2003; Lourens et al. 
2005; Nicolo et al. 2007; Agnini et al. 2009; Galeotti et al. 2010; Stap et al. 2010; 
Zachos et al. 2010; Sexton et al. 2011). Although several hyperthermals are now 
documented from the late Palaeocene to the onset of the middle Eocene (Cramer et al. 
2003; Zachos et al. 2010; Sexton et al. 2011), one particular event, known as the 
Paleocene/Eocene thermal maximum (PETM: Kennet and Stott 1991), is significantly 
amplified with respect to those both preceding and post-dating it (e.g. Cramer et al. 
2003; Zachos et al. 2010). Documented at numerous localities on a global-scale (e.g. 
Sluijs et al. 2007a), the PETM is defined by negative oxygen and carbon isotopic 
excursions in both marine and terrestrial settings (Kennett and Stott 1991; Koch et al. 
1992; Sluijs et al. 2007a). Surface and deep waters warmed by ~5°C on a global-scale 
(Kennett and Stott 1991; Zachos et al. 2003; 2006; Tripati and Elderfield 2005; Sluijs et 
al. 2006; 2007a), with warming driving high taxonomic turnover and poleward 
migrations of both terrestrial and marine flora and fauna (Kelly et al. 1996; Bujak and 
Brinkhuis 1998; Clyde and Gingerich 1998; Wing et al. 2005; Gibbs et al. 2006a; Bown 
and Pearson 2009; Jaramillo et al. 2010). Furthermore, evidence for elevated 
weathering (Ravizza et al. 2001) and precipitation (Schmitz and Pujalte 2007), together 
with an enhanced moisture flux to the high Arctic (Pagani et al. 2006), illustrate an 
enhanced hydrological cycle during the PETM. 
 
Transient warming was accompanied by a ~2.5-6 ‰ negative carbon isotope excursion 
(CIE), which together with widespread coeval carbonate dissolution in bathyl settings 
(e.g. Zachos et al. 2005; McCarren et al. 2008) implies the injection of isotopically light 
carbon into the exogenic system. However, although several different carbon-injection 
scenarios have been proposed, including the dissociation of methane hydrates from 
continental margin sediments (Dickens et al. 1995; Kurtz et al. 2003; Svensen et al. 
2004; Higgins and Schrag 2006), the PETM trigger mechanism remains contentious. In 
turn, the subsequent exponential recovery of carbon isotopic values (Bowen and 
Zachos 2010), together with the transition back to carbonate-rich sediments (Kelly et 
al. 2005; 2010; Zachos et al. 2005), indicates carbon was subsequently removed from 
the exogenic system at a slower rate than it had been injected. Three hypotheses have 
been proposed to explain the recovery of the Earth system following the PETM carbon 
injection: 
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1.  Enhanced continental weathering driven by transient warming would lead to 
elevated inorganic carbon burial in marine settings (although only carbonate 
weathering would alter oceanic δ
13C values; e.g. Walker et al. 1981; Ravizza et al. 2001; 
Kelly et al. 2005). Evidence for enhanced weathering is documented by osmium 
isotopes (Ravizza et al. 2001), with elevated carbonate burial in the recovery interval of 
the PETM (Kelly et al. 2005; 2010; Zachos et al. 2005). However, current constraints on 
the duration of the CIE recovery interval imply that continental weathering alone 
cannot account for the rate of δ
13C recovery observed (Bowen and Zachos 2010; Cui et 
al. 2011). Thus, although weathering would have contributed to carbon drawdown and 
sequestration in marine reservoirs, additional mechanisms are required to explain the 
rate of δ
13C recovery. 
 
2. Excess atmospheric carbon was drawn down and sequestered within the terrestrial 
biosphere. Beerling (2000) proposed that the PETM warming led to a significant 
expansion of the terrestrial carbon reservoir, predominantly through increased forest 
growth and carbon storage within terrestrial biomass. Conversely, Bowen and Zachos 
(2010) argued that elevated tropical temperatures and seasonal aridity during the 
PETM resulted in the enhanced oxidation of carbon stocks in the terrestrial biosphere, 
releasing carbon during peak warming, with the subsequent replenishment of these 
reservoirs contributing to the δ
13C recovery. This mechanism dictates that tropical 
terrestrial flora would have experienced severe disturbance during the PETM. However, 
whilst floral studies from North America have documented a decline in taxonomic 
diversity (Harrington and Jaramillo 2007), peak floral diversity is recorded in the South 
American tropics (Jaramillo et al. 2010). Thus, given the conflicting evidence from 
these localities, as well as modelling studies, the terrestrial carbon storage hypothesis 
remains contentious. 
 
3.  Excess organic carbon burial may have resulted in the preferential removal of 
isotopically-light carbon from the exogenic system (Dickens 2001; John et al. 2008; 
Sluijs et al. 2008a). Given that a supply of organic carbon is required to generate 
methane hydrates, such a mechanism could be related to the recharge of a dynamic 
gas hydrate capacitor (e.g. Dickens 2003; 2011), if methane hydrates were released 
from the continental margins during the PETM (Dickens et al. 1995). Excess burial of 
organic carbon has been documented from both the New Jersey and Californian 
margins as well as the Arctic, and has been interpreted to be the result of elevated 
primary productivity and preservation in continental margin settings (John et al. 2008; 
Sluijs et al. 2008a). Given the majority of organic carbon in the marine realm is 
sequestered on the continental margins (Tyson 1995), an understanding of the 
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in such localities is essential to evaluate the merits of this hypothesis for potential 
carbon sinks. Whilst the Arctic basin is relatively small with respect to other ocean 
basins, the region is unique in that >50 % of the basin is continental shelf (e.g. 
Huntington et al. 2005), a proportion which would have probably been higher during 
the Palaoegene (the initiation of seafloor spreading forming the Eurasia Basin only 
occurred in the late Palaeocene [~Chron 24r: e.g. Harland et al. 1984). It is therefore 
possible that substantial quantities of organic carbon were sequestered in the region 
during the PETM, and other intervals of the Palaeogene (e.g. Sluijs et al. 2008a). 
 
However, owing to the paucity of Arctic PETM localities, analysis of the organic matter 
sequestered has only been undertaken at two localities to date, IODP Site 302-4A 
(Lomonosov Ridge), and Longyearbyen (Spitsbergen). Sluijs et al. (2006) used the 
percentage of terrestrial palynomorphs and dinocysts together with the Branched Index 
of Tetraethers (BIT index: Hopmans et al. 2004) to illustrate an influx of marine 
organic matter during the PETM at Site 302-4A. Similarly, Harding et al. (2011) 
observed a switch from terrestrially-derived phytoclasts to marine dinocysts and 
amorphous organic matter during the PETM in Longyearbyen, coincident with elevated 
Hydrogen/Carbon (H/C) values. The switch from terrestrial to marine organic matter 
deposition at both the above localities has been attributed in part to eustatic sea level 
rise at the Paleocene/Eocene boundary (Sluijs et al. 2006, 2008b; Harding et al. 2011). 
Furthermore, mass accumulation rates of organic carbon (MARs C
org) of 0.18 g cm
-2 kyr
-1 
have been calculated for the PETM interval at Site 302-4A (Sluijs et al. 2008a), but 
these have been the only Arctic estimates to date. Here we analyze the rate, magnitude 
and composition of carbon buried across the PETM in three localities across the Central 
Basin, Spitsbergen, in order to constrain the quantity and mechanisms of organic 
carbon burial, with implications for Arctic carbon drawdown on a regional-scale. 
 
4.2 Material and methods 
4.2.1 Geological setting 
Spitsbergen, the largest and westernmost island of the Svalbard archipelago, resides 
on the northwest corner of the Barents Shelf. In the Palaeogene, rifting in the Labrador 
Sea resulted in the counter-clockwise rotation of Greenland, which together with the 
opening of the northernmost north Atlantic drove a transpressive dextral strike-slip 
regime between Svalbard and Greenland (Harland et al. 1984; Müller and Speilhagen 
1990). This tectonic scenario led to orogenesis on the western margin of Spitsbergen, 
creating the West Spitsbergen Orogen and the adjacent foreland basin, the Central 
Basin (Harland 1997, and references therein). The PETM has now been identified within Adam J. Charles    Chapter 4 
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three localities within the Central Basin (Harding et al. 2011; Cui et al. 2011; Chapters 
2 and 3), which had a paleolatitude of ~75°N. 
The three localities studied are the Longyearbyen section (Harding et al. 2011), core 
BH9/05 (Dypvik et al. 2011; Cui et al. 2011; Chapters 2 and 3) drilled near Sveagruva, 
and the Bergmanfjellet section on the southern margin of Van Mijenfjorden (Chapter 
3). The Longyearbyen and core BH9/05 localities are adjacent to the northern and 
eastern margins of the preserved basin deposits, with the Bergmanfjellet section 
located on the west, within the foredeep of the basin (Figure 4.1). Utilizing the 
stratigraphic nomenclature of Dallman et al. (1999), the PETM is located within the 
homogeneous mudstones of the Frysjaodden Formation at all three localities (≤5 cm 
coarse siltstone interbeds interrupt mudstone deposition at Bergmanfjellet; Figure 4.2). 
The PETM is identified a ~4 ‰ negative organic carbon isotope excursion (δ
13C
TOC) 
together with PETM diagnostic dinoflagellate cyst species Apectodinium augustum 
(Figure 4.2; Harding et al. 2011; Cui et al. 2011; Chapters 2 and 3). 
 
 
Figure 4. 1: The study sections. a) Location map illustrating the position of the Central 
Basin, and the three study localities (after Uroza and Steel 2008; Blythe and Kleinspehn 
1998). b) The Palaeogene stratigraphy of Spitsbergen, illustrating the stratigraphy 
spanned by the study localities (after Uroza and Steel 2008; Steel et al. 1985). c) 
Palaeogeographic reconstruction of the northern North Atlantic region during the early 
Eocene, illustrating the position of Spitsbergen in black (after Mosar et al. 2002). 
 
4.2.2 Mass accumulation rates and carbon burial 
We have calculated values for dry bulk density and total organic carbon in order to 
derive the quantity of carbon sequestered in the Central Basin. In addition, we have 
determined linear sedimentation rates in order to calculate the mass accumulation rate Adam J. Charles    Chapter 4 
  90 
of organic carbon (MAR C
org) for the Spitsbergen PETM localities. Each of these 
parameters has been derived as detailed in the following sections. 
4.2.2.1 Dry bulk density 
In order to derive dry bulk density, we first calculated grain density (ρ), by measuring 
the dry weight (w) and volume (v) of 93 samples from the lower Frysjaodden Formation 
across all three Spitsbergen localities (ρ=w/v). Samples were washed in deionised water 
and then dried at ~60°C overnight to drive off water, before weighing. Subsequently, 
samples were submerged in ~50 ml of water, with the measured volume of water 
displaced equalling the sample volume. The resultant grain density values were 
averaged, yielding a mean of 2.58 g cm
-3 (n=93; Standard deviation 0.21 g cm
-3). Grain 
densities of ~2.6 g cm
-3 for the lower Frysjaodden Formation have also been measured 
from a core drilled in Sysselmannbreen (Elvebakk pers comm. 2011), illustrating our 
average grain density determination is robust. Together with measured porosity values 
of the lower Frysjaodden Formation from the Sysselmannbreen core (Elvebakk pers 
comm. 2011), a grain density of 2.58 g cm
-3 results in a dry bulk density of 2.42 g cm
-3 
±0.20, which we take as representative of the Spitsbergen samples, and use 
throughout our calculations. 
4.2.2.2 Sedimentation rates 
Derivation of accurate linear sedimentation rates for the PETM is complicated by the 
fact that different age models have been proposed for the duration of the CIE (Abdul-
Aziz et al. 2008; Farley and Eltgroth 2003; Murphy et al. 2010; Röhl et al. 2007). 
Cyclostratigraphic analysis has yielded durations of 170 kyr for the PETM CIE (onset-
end recovery phase II) from ODP sites 690 and 1263 (Röhl et al. 2007), and 157 kyr 
from the Bighorn Basin (Abdul-Aziz et al. 2008). Conversely, extraterrestrial 
3He age 
models include a <120 kyr duration from ODP Site 690 (Farley and Eltgroth 2003), 
although this model has been challenged by Sluijs et al. (2007a). Furthermore, Murphy 
et al. (2010) derive a duration of 217 
+44/
-31 kyr from ODP Site 1266. Here we utilize 
three different age model end members to calculate MARs C
org, to account for the 
uncertainty associated with the duration of the PETM CIE. Chapter 2 documents two 
different age models for the PETM in core BH9/05, Options A and B, consistent with the 
Röhl et al. (2007) cyclostratigraphic age model and the extraterrestrial 
3He age model 
of Murphy et al. (2010) respectively. Here we also construct a third age model (Option 
C) for core BH9/05 consistent with the 
3He age model of Farley and Eltgroth (2003). In 
order to construct this age model, we assigned a 120 kyr duration to the PETM CIE 
(from the onset to the end of recovery phase II; 533.66 - 487.00 m), with a 90 kyr 
duration for the core interval of the CIE (533.66 - 509.70 m), and 30 kyr for the 
recovery (509.70 – 487.00 m). This approach assumes that sedimentation rates were  
 
 
Figure 4.2: Lithological, organic carbon isotope (δ
13C
TOC [‰ VPDB]) and TOC (%) records through the PETM on Spitsbergen. a) The 
Longyearbyen section (after Harding et al. 2011). b) core BH9/05 (Log: Dypvik et al. 2011; δ
13C
TOC: Cui et al. 2011). Note the TOC (%) 
curve is a synthetic curve derived by combining results from Riber (2009), Cui et al. 2011, and this study. c) The Bergmanfjellet 
section (Log and δ
13C
TOC from Chapter 3). 
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constant between these tie points. In order to derive sedimentation rates using the 
same age model for each Spitsbergen locality, we utilize these age model end 
members for core BH9/05, and export them to the Longyearbyen and Bergmanfjellet 
sections using the tie points described in Chapter 3. 
 
4.2.2.3 Total organic carbon 
Total organic carbon (TOC %) measurements have previously been undertaken on 
samples from the Longyearbyen section (Harding et al. 2011), core BH9/05 (Cui et al. 
2011; Riber 2009) and Bergmanfjellet (Chapter 3). Here, we augment the TOC % 
records from these studies through analysis of 15 additional samples from core 
BH9/05, and 109 samples from Bergmanfjellet (Figure 4.2, Appendix 4). Samples were 
prepared using the methodology documented in Chapter 3, with around three 
milligrams of sample run using a Carlo Erba EA1108 elemental analyzer, with an 
analytical precision of 0.03 % based on standard reproducibility. 
 
4.2.3 Palynology 
In order to assess the composition of the organic matter being buried across the PETM 
interval in Spitsbergen, we carried out palynofacies and UV fluorescence analyses on 
samples from core BH9/05. Palynological sample processing for the samples analyzed 
here has been described in Chapter 3, and follows standard palynological processing 
methods. Fluorescence microscopy was carried out in incident light using a Zeiss 
Universal Microspectrophotometer 50 (UMSP 50; excitation filter 450-490 nm; long 
pass filter 520 nm; beam splitter 510 nm). Palynofacies analysis was carried out by 
counting a minimum of 300 palynomacerals for an individual sample. Amorphous 
organic matter (AOM: non-particulate) was not included in the count. We utilize the 
ratio between dinoflagellate cysts (dinocysts: marine) and terrestrial phytoclasts (brown 
+ opaque phytoclasts excluding cuticle) together with the absolute abundance of 
dinocysts (from Chapter 3, Appendix 3) to document temporal changes in the relative 
abundance of marine organic matter being sequestered. Furthermore, we use the ratio 
of opaque:brown phytoclasts (excluding cuticle, see Appendix 4) to look at potential 
changes in the abundance of oxidized phytoclasts (opaque) through the PETM (e.g. 
Tyson 1995), as such changes could be indicative of terrestrial biosphere perturbation. 
 
4.2.4 Organic geochemistry 
Here we analyze the C
29/C
27 diasterane ratio in core BH9/05, to further elucidate 
changes in organic matter composition across the PETM. Diasteranes are saturated 
tetracyclic compounds derived from the steroids and sterol membrane lipids and 
hormonal components of eukaryotes during diagenesis. The most common steranes in Adam J. Charles    Chapter 4 
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ancient sediments are those with between 27 and 29 carbons (C
27 – C
29). Although C
27 – 
C
29 diasteranes are derived from a wide variety of eukaryotes, C
29 diasteranes are 
frequently associated with terrestrial higher plant organic matter, whereas C
27 
diasteranes predominate in marine settings (Huang and Meinschein 1976). The C
29/C
27 
diasterane ratio can therefore be used as an indicator of organic matter source 
variations. However as some marine algae have also been shown to produce the C
29 
sterols from which C
29 diasteranes are derived (Volkman 1986, 1988) caution much be 
used when applying the proxy. Nevertherless when used in combination with other 
source material indicators diasteranes have been shown to be useful biomarkers for 
changing source contributions. 
 
35 subsamples were ground to fine powder using a milling machine, and extracted 
ultrasonically with, sequentially, methanol (MeOH), MeOH:Dichloromethane (DCM; 1:1, 
v:v) and DCM. Supernatants were collected and combined, then reduced by rotary 
evaporation before being evaporated to dryness under a stream of nitrogen. Samples 
were split into non-polar and polar fractions over small (4 cm) columns of silica gel 
eluted with n-hexane and DCM:MeOH (3:1, v:v) respectively. Samples were analysed by 
Gas Chromatography Mass Spectometry (GC-MS) on a ThermoQuest Trace MS at the 
Organic Geochemistry Unit, University of Bristol fitted with a fused capillary column (50 
m × 0.32 mm) coated with a 0.12 µm dimethylpolysiloxane film (Agilent Technologies 
CP-Sil 5 CB). Helium carrier gas was used and the oven programmed to increase from 
an initial temperature of 70°C to 130°C at 20°Cmin
-1, then to 300°C at 4°Cmin
-1, finally 
remaining isothermal for 25 mins. Compound peaks (equation 4.1) were integrated in 
TIC mode, or, where impossible due to co-eluting compounds, using characteristic ions 
(m/z=217 for diasteranes). 
 
C
29/C
27=([diastigmastane 20S+diastimastane 20R])/([diacholestane 20S+diacholestane 
20R])  Equation 4.1 
 
4.3 Results 
4.3.1 Mass accumulation rates 
Here we utilize two different approaches to calculate both the MAR C
org throughout the 
PETM, and at individual localities. In order to derive the MAR C
org for the entire PETM, 
we calculate the mean MAR C
org from the CIE onset to the end of recovery phase II 
(mean MARs C
org for the core and recovery intervals were also calculated separately). 
Owing to the faulting within the Bergmanfjellet section, and the uncertainty associated 
with the position of the top of CIE recovery phase II in Longyearbyen, MARs C
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entire PETM interval were only calculated for core BH9/05. Average values for the 
sedimentation rate and TOC were utilized in order to calculate representative rates. 
Table 4.1 illustrates the MARs C
org for core BH9/05 using the different age model end-
members. Given the potential age model options for the duration of the PETM CIE, 
MARs C
org range from 0.64 ±0.11 to 1.27 ±0.21 g cm
-2 kyr
-1 (onset to end recovery 
phase II). 
 
Table 4.1: MARs C
org for core BH9/05 derived using different age model options 
Interval  Duration 
(kyr) 
Mean TOC (%)  Dry bulk density  
(g cm
-3) 
Sedimentation 
rate (cm kyr
-1) 
MAR C
org  
(g cm
-2 kyr
-1) 
Option A:           
Core  70  1.38 ±0.1  2.42 ±0.2  34.33  1.15 ±0.18 
Recovery  105  1.27 ±0.1  2.42 ±0.2  21.64  0.67 ±0.11 
Entire PETM  175  1.35 ±0.1  2.42 ±0.2  26.71  0.87 ±0.14 
           
Option B:           
Core  116  1.38 ±0.1  2.42 ±0.2  20.66  0.69 ±0.11 
Recovery  122  1.27 ±0.1  2.42 ±0.2  18.64  0.57 ±0.10 
Entire PETM  238  1.35 ±0.1  2.42 ±0.2  19.62  0.64 ±0.11 
           
Option C:           
Core  90  1.38 ±0.1  2.42 ±0.2  26.62  0.89 ±0.14 
Recovery  30  1.27 ±0.1  2.42 ±0.2  75.67  2.33 ±0.39 
Entire PETM  120  1.35 ±0.1  2.42 ±0.2  38.88  1.27 ±0.21 
 
 
In order to compare rates of organic carbon burial between sites, MARs of C
org were 
also calculated for the core interval of the PETM CIE at each individual locality, by 
exporting age model options A-C from core BH9/05 to the Longyearbyen and 
Bergmanfjellet sections using tie points (Table 4.2; MARs of C
org were only calculated 
for the CIE core interval due to the absence of tie points in the CIE recovery). Mean TOC 
values were calculated for each interval, with sedimentation rates derived by assuming 
that rates were constant between tie points. Figure 4.3 shows the MARs C
org for the 
individual Spitsbergen localities, plotted against the different age model options. The 
lowest MARs C
org are found in the Longyearbyen section, with elevated rates in core 
BH9/05, and the highest rates at Bergmanfjellet (Table 4.2; Figure 4.3). Thus, the 
different MARs C
org between sites indicate the rate of carbon burial in the Spitsbergen 
Central Basin increased towards both the south and west. This pattern is replicated 
with each age model utilized, illustrating the differential rates of carbon burial between 
sites are insensitive to the age model used to derive the MARs. By utilizing the MARs 
C
org together with the duration of each interval, the total quantity of carbon buried  
 
Table 4.2: MARs C
org and total carbon accumulated for individual Spitsbergen PETM localities, within the ‘core’ interval of the CIE. 
Sedimentation rate (cm kyr
-1)  MAR C
org  
(g cm
-2 kyr
-1) 
Interval  Mean TOC 
(%) 
Dry bulk 
density  
(g cm
-3)  Option A  Option B  Option C  Option A  Option B  Option C 
Carbon 
accumulated  
(t km
-2 x10
3) 
Longyearbyen:                   
a-b  1.61 ±0.2  2.42 ±0.2  14.29  8.72  9.62  0.56 ±0.12  0.34 ±0.07  0.37 ±0.09  73.85 
b-c  1.56 ±0.2  2.42 ±0.2  23.00  12.92  15.54  0.87 ±0.19  0.49 ±0.11  0.59 ±0.13  43.48 
c-d  1.85 ±0.2  2.42 ±0.2  17.76  9.44  11.98  0.79 ±0.16  0.42 ±0.09  0.54 ±0.10  60.40 
d-e  1.48 ±0.2  2.42 ±0.2  21.79  9.42  14.53  0.78 ±0.18  0.34 ±0.07  0.52 ±0.12  121.68 
e-f  1.32 ±0.2  2.42 ±0.2  16.51  12.75  16.15  0.53 ±0.13  0.41 ±0.10  0.51 ±0.13  117.91 
                   
BH9/05:                   
a-b  1.29 ±0.1  2.42 ±0.2  39.55  24.13  26.62  1.24  0.75  0.83  164.34 
b-c  1.63 ±0.1  2.42 ±0.2  39.40  22.13  26.62  1.55  0.87  1.05  77.65 
c-d  1.62 ±0.1  2.42 ±0.2  39.47  20.98  26.62  1.55  0.82  1.05  117.89 
d-e  1.48 ±0.1  2.42 ±0.2  39.94  17.26  26.62  1.43  0.62  0.95  222.76 
e-f  1.23 ±0.1  2.42 ±0.2  27.22  21.02  26.62  0.81  0.63  0.79  181.96 
                   
Bergmanfjellet:                   
a-b  0.93 ±0.03  2.42 ±0.2  140.00*  78.65*  94.59*  3.16  1.77  2.13  419.72 
b-c  0.92 ±0.03  2.42 ±0.2  140.00  78.65  94.59  3.13  1.76  2.12  156.56 
c-d   1.35 ±0.03  2.42 ±0.2  144.74  76.92  97.61  4.73  2.51  3.19  359.39 
d-e  1.28 ±0.03  2.42 ±0.2  144.74*  76.92*  97.61*  4.47  2.38  3.02  697.73 
e-f  N/A  N/A  N/A  N/A  N/A  N/A  N/A  N/A  N/A 
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within each interval can be calculated (Table 4.2). Owing to the gradient of MARs C
org 
across the basin, the total amount of carbon accumulated increases both toward the 
south and the west, for any given interval within the core of the PETM CIE (Table 4.2). 
Given, the Bergamnfjellet section in the west is adjacent to the West Spitsbergen 
Orogenic Belt, this indicates that organic carbon sequestration increased towards the 
foredeep of the basin. 
 
4.3.2 Total carbon burial 
Here we calculate the total amount of organic carbon buried at each Spitsbergen 
locality and across the Central Basin, using the stratigraphic thickness of the PETM 
localities studied and their organic carbon content, where: 
Carbon buried = ρ t (TOC/100)  Equation 4.2 
Where ρ is the dry bulk density in g cm
-3, t is the stratigraphic thickness in cm, and 
TOC is the total organic carbon content in %. The resultant quantity of carbon 
sequestered can be used to calculate an estimate of the total carbon buried within the 
Spitsbergen Central Basin, assuming a basin area of 12,000 km
2 (200 x 60 km, 
following Steel et al. 1981; 1985). Table 4.3 shows the amount of carbon buried across 
the Central Basin calculated from each individual PETM locality. Extrapolating the 
results from the Longyearbyen section across the Central Basin gives a figure of 10.9 
±2.5 Gt of sequestered carbon, whereas this figure rises to 18.3 ±3.0 Gt if results from 
core BH9/05 are utilized. Owing to the faulting within the Bergmanfjellet section, 
estimates could only be calculated for the core interval of the CIE, with 14.8 ±1.6 Gt of 
carbon buried across the basin if results from this section are considered 
representative. However, the incomplete nature of the Bergmanfjellet section implies 
the total amount of carbon sequestered over the entire CIE is underestimated. Within 
the CIE core interval the MARs C
org and total quantities of carbon buried are greatest at 
Bergmanfjellet (Tables 4.2 and 4.3), suggesting the total quantity buried at this site 
throughout the entire PETM was probably higher than the other two localities. Thus, 
given the increasing quantity of carbon buried towards both the south and the west 
(Section 4.3.1), we consider the Bergmanfjellet section in the west and the 
Longyearbyen section in the north to represent high and low end member scenarios of 
sequestration respectively (the quantity of carbon buried in the Longyearbyen section 
may also be slightly underestimated owing to the uncertain position of the top of the 
PETM CIE recovery phase II in this locality). Therefore, we consider that core BH9/05 is 
the most representative study locality, and that 18.3 ±3.0 Gt is the best estimate of the 
quantity of carbon sequestered during the PETM CIE within the Central Basin. However, 
significant uncertainties exist when calculating 
 
 
Figure 4.3: MAR C
org plotted against different PETM age model options. Option A (from Chapter 2), tuned to the Röhl et al. (2007) 
PETM age model of ODP Site 1263. Option B (from Chapter 2), consistent with the extraterrestrial 
3He age model of ODP Site 1266 
(Murphy et al. 2010). Option C, plotted against the 
3He age model for ODP Site 690 (Farley and Eltgroth 2003). Errors were derived by 
propagating the error for both the dry bulk density (±0.2 g cm
-2), and the TOC measurements for each locality (±0.2 % longyearbyen; 
±0.1 % core BH9/05; ±0.03 % Bergmanfjellet). Dashed line in Bergmanfjellet represent the MAR C
org assuming sedimentation rates 
between points a-b and d-e remained the same as those directly above/below these intervals respectively. 
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 the total quantity of carbon accumulated within a basin (e.g. John et al. 2008; Sluijs et 
al. 2008a). Factors such as localised changes in TOC content, the accuracy of the 
calculation of basin area, and the assumption that the PETM thickness in core BH9/05 
is representative across the basin, all add uncertainty to our estimate of basin carbon 
accumulation (e.g. John et al. 2008; Sluijs et al. 2008a). Therefore the uncertainty 
associated with our 18.3 Gt estimate is probably greater than the ±3.0 Gt calculated 
above from error propagation alone. Despite this, the estimates of carbon 
accumulation from all three Spitsbergen localities indicate that the quantity of carbon 
accumulated would be on the order of 10s of gigatonnes, thus indicating our estimate 
is accurate within an order of magnitude. 
 
4.3.3 Palynology 
Figure 4.4 illustrates the absolute abundance of dinocysts (Chapter 3), and the ratio of 
dinocysts (marine) to phytoclasts (terrestrial) through the lower Frysjaodden Formation 
in core BH9/05. Before the PETM CIE onset (below 533.66 m) both these parameters 
illustrate that dinocyst abundance is low, consistent with previous results from all 
three PETM localities across the basin (Harding et al. 2011; Chapter 3). The low 
abundance of dinocysts and amorphous organic matter (AOM: Figure 4.5) in this 
interval illustrate the assemblages are dominated by terrestrial organic matter 
(specifically phytoclasts: Figures 4.4 and 4.5). The opaque to brown phytoclast ratio 
illustrates that ~20-30 % of the phytoclasts transported into the basin at this time were 
oxidized. A gradual increase in the abundance of dinocysts is observed in both 
absolute and relative abundance from ~534-529 m, followed by a pronounced rise at 
528.73 m. (Figure 4.4). 
The abundance of dinocysts to phytoclasts is relatively high from 528.73 m to ~519 m 
(ranging between 0.22-0.62), reflecting the elevated absolute abundance of dinocysts 
in the core of the PETM CIE (Figure 4.4). However, organic matter assemblages within 
this interval are dominated by amorphous organic matter (AOM; Figure 4.5). 
Fluorescence microscopy demonstrates that the AOM has a low fluorescence, 
consistent with the thermal maturity of the samples (vitrinite reflectance values of ~1 % 
have been derived from the lower Frysjaodden Formation in Longyearbyen: Harding et 
al. 2011). Numerous framboidal inclusions reside within the AOM, which exhibit 
specular scatter under fluorescence (Figure 4.6), and are opaque under transmitted 
light (Figure 4.5). These characteristics are consistent with a pyritic composition for the 
framboids, a contention substantiated by the elevated XRD percentages of this mineral 
from the PETM interval of core BH9/05 (Riber 2009). Furthermore, the AOM contains 
highly fluorescent inclusions, such as fragments or entire specimens of dinocysts, such 
as Apectodinium (Figure 4.6). In order to contain inclusions of Apectodinium, the AOM  
 
Table 4.3: Estimates of total carbon burial within the Spitsbergen Central Basin, based on data from individual PETM localities. Basin-scale 
burial estimates assume an area of 12,000 km
2 for the Central Basin (following Steel et al. 1981, 1985). Note that faulting within the 
Bergmanfjellet section prevents an estimate of carbon sequestered within the recovery interval at this localitiy. 
Interval  Height/depth (m)  Interval thickness (cm)  Mean TOC (%)  Dry bulk density  
(g cm
-3) 
C accumulated 
(g cm
-2) 
C accumulated  
(t km
-2 x10
6) 
Basin carbon accumulation (Gt) 
Longyearbyen:               
Core  3.10 - 14.90  1180  1.49 ±0.2  2.42 ±0.2  42.55 ±10  0.426 ±0.10  5.1 ±1.2 
Recovery  14.90 - 28.00  1310  1.61 ±0.2  2.42 ±0.2  51.04 ±11  0.510 ±0.11  6.1 ±1.3 
Entire PETM  3.10 - 28.00  2490  1.51 ±0.2  2.42 ±0.2  90.99 ±21  0.910 ±0.21  10.9 ±2.5 
               
BH9/05:               
Core  533.66 - 509.70  2396  1.38 ±0.1  2.42 ±0.2  80.02 ±13  0.800 ±0.13  9.6 ±1.5 
Recovery  509.70 - 487.00  2270  1.27 ±0.1  2.42 ±0.2  69.77 ±12  0.698 ±0.12  8.4 ±1.4 
Entire PETM  533.66 – 487.00  4666  1.35 ±0.1  2.42 ±0.2  152.44 ±25  1.524 ±0.25  18.3 ±3.0 
               
Bergmanfjellet:               
Core  61.25 – 104.75  4350  1.17 ±0.03  2.42 ±0.2  122.96 ±14  1.230 ±0.14  14.8 ±1.6 
Recovery  NA  NA  NA  NA  NA  NA  NA 
Entire PETM  61.25 – 104.75  4350  1.17 ±0.03  2.42 ±0.2  122.96 ±14  1.230 ±0.14  14.8 ±1.6 
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must have been generated within the marine realm, and during the PETM, and thus 
represents contemporaneous and not reworked AOM. A slight decrease in the 
proportion of opaque phytoclasts is also observed in this interval, with values ranging 
from 0.09-0.26. The decline of opaque phytoclasts during the PETM may indicate the 
terrestrial biosphere in the Arctic was not subjected to increased oxidation during the 
event, although the changes in sea level and runoff (Harding et al. 2011; Chapter 3) 
could also alter the ratio (Tyson 1995). Above 519 m, a gradual decline in the 
abundance of dinocysts and AOM is observed (Figure 4.4), together with a slight 
increase in the proportion of opaque phytoclasts (ranging from 0.15-0.47). Above 503 
m the abundance of dinocysts remains low until the termination of the PETM CIE at 487 
m, with the low AOM content and dinocyst to phytoclast ratio indicating a return to 
assemblages dominated by terrestrial organic matter (Figure 4.4). 
 
4.3.4 Organic geochemistry 
The C
29/C
27 diasterane ratio is illustrated in Figure 4.4. Diasterane ratios of ~2 are 
recorded from 536-534 m, below the onset of the δ
13C
TOC excursion. From 534-528 m 
values decline from ~2 to ~1, coincident with the negative transition of δ
13C
TOC values 
marking the onset of the PETM. However, a sharp increase in the ratio is superimposed 
on this trend (up to 2.8, from 532-531 m). Diasterane ratios fluctuate between 0.6 and 
1.4 from 527-520 m, before a gradual increase back to values ~2 at the end of the CIE 
recovery interval. Although the interpretation of the diasterane ratio is complex 
(Section 4.2.4), the decline in values during the core interval of the PETM CIE supports 
a shift to less terrestrially-derived organic matter reaching the site. Furthermore, 
fluctuations in the ratio during the PETM onset, together with other biomarker proxy 
data from core BH9/05 (Badger et al., in prep), indicate significant variability in the 
material deposited at this time. Such changes may suggest increasing distance from 
land (i.e. relative sea level rise) or changes in runoff (Badger et al., in prep). In addition, 
changes in the contribution of terrestrial and marine organic matter to the site during 
the PETM would have influenced δ
13C
TOC values, and caution is therefore required when 
interpreting the magnitude of the δ
13C
TOC change over the PETM. 
 
4.4 Discussion 
4.4.1 Carbon burial within the Central Basin 
Mass accumulation rates of organic carbon have now been calculated for six separate 
localities during the PETM, for the NW Atlantic and NE Pacific margins (John et al. 
2008), and within the Arctic (Sluijs et al. 2008a; this chapter). MARs C
org from the New 
Jersey and Californian margins, as well as Site 302-4A on the Lomonosov Ridge, range 
from 0.02 – 0.18 g cm
-2 kyr
-1 (New Jersey: 0.02-0.12 g cm
-2 kyr
-1; California: 0.02-0.06 g Adam J. Charles    Chapter 4 
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cm
-2 kyr
-1 [John et al. 2008]; Site 302-4A:  0.18 g cm
-2 kyr
-1 [Sluijs et al. 2008a]). By 
comparison, MARs C
org for the entire PETM CIE from core BH9/05, Spitsbergen, range 
from 0.64 to 1.27 g cm
-2 kyr
-1 (Table 4.1). 
 
However, direct comparison of MARs from Spitsbergen to those from other localities is 
complicated by age model uncertainties. John et al. (2008) derived MARs from New 
Jersey and California by correlating the age model of Röhl et al. (2000; PETM duration 
of 220 kyr) to their study sites. The MARs C
org from North America (0.02 – 0.12 g cm
-2 
kyr
-1) are thus most comparable to those derived using age Option B of Spitsbergen 
(0.64 ±0.11 g cm
-2 kyr
-1, PETM duration 238 kyr). By contrast, Sluijs et al. (2008a) 
assumed a PETM duration of 170 kyr to calculate C
org for Site 302-4A (following Röhl et 
al. 2007), and thus their MARs C
org (0.18 g cm
-2 kyr
-1) are comparable to those obtained 
using age Option A from core BH9/05 (0.87 ±0.14 g cm
-2 kyr
-1). After accounting for 
age model uncertainties, the MARs C
org from Spitsbergen are considerably higher than 
those calculated from previous studies. 
 
 
Figure 4.4: Organic matter source variations during the PETM in core BH9/05. a) 
Sedimentary log and δ
13C
TOC (‰ VPDB) from Dypvik et al. (2011) and Cui et al. (2011) 
respectively. b) Ratio of terrestrial (C
27) to marine (C
29) diasteranes. c) Total dinocyst 
concentration from Chapter 3. d) Ratio of dinocysts to phytoclasts (excluding cuticle). 
e) Ratio of opaque (oxidized) to brown (unoxidized) phytoclasts (excluding cuticle). 
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However, Site 302-4A and the North American localities reside on passive margins 
(John et al. 2008; Sluijs et al. 2008a), whereas deposition in Spitsbergen took place in 
a foreland basin. In Spitsbergen the interval from the PETM onset to top of Chron 24r 
has a stratigraphic thickness of ~250 m in the Longyearbyen section (Harding et al. 
2011). Using the estimated ~2 Myr duration of this interval (Westerhold et al. 2007) 
gives minimum background sedimentation rates of ~13 cm/kyr. Thus, a high 
subsidence, high sedimentation regime in the Spitsbergen Central Basin led to the 
rapid sequestration of carbon in this foreland basin setting, dwarfing that occurring on 
the passive margins. Given the total quantity of carbon accumulated would have been 
on the order of 10s of gigatonnes, the Spitsbergen Central Basin illustrates the 
potential of small foreland basins to sequester vast quantities of carbon on 
geologically transient timescales (<240 kyr). 
 
 
Figure 4.5: Light micrographs of palynological preparations from core BH9/05. a) and 
b) represent organic matter from the ‘core’ interval of the PETM CIE, from depths of 
527.75 m and 523.43 m respectively. c) and d) organic matter assemblages from the 
pre-PETM interval (543.14 m) and PETM CIE recovery interval (490.03 m) respectively. 
All micrographs taken at x200 magnification. 
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4.4.2 Organic matter source variations through the PETM in the Arctic 
Preceding the PETM CIE, the low dinocyst:phytoclast values, low abundance of 
dinocysts and AOM, together with relatively high C
29/C
27 diasterane ratios all indicate a 
predominance of terrestrial organic matter. Conversely, within the core interval of the 
CIE, the elevated dinocyst:phytoclast values, high abundance of dinocysts and marine 
AOM together with low C
29/C
27 diasterane ratios all indicate a switch to assemblages 
dominated by marine organic carbon. The subsequent decline in dinocyst and AOM 
abundance and return to high C
29/C
27 diasterane ratios is indicative of a return back to 
terrestrially-dominated assemblages within the CIE recovery interval. The change from 
terrestrial- to marine-dominated organic matter within the core of the CIE in core 
BH9/05 is consistent with previous results from both the Longyearbyen and 
Bergmanfjellet sections, where elevated dinocyst abundances are documented within 
the core of the PETM CIE (Harding et al. 2011; Chapter 3). Elevated Hydrogen/Carbon 
ratios and a decline in the relative abundance of terrestrially-derived phytoclasts were 
also observed in the core of the CIE in the Longyearbyen section (Harding et al. 2011). 
All the above evidence therefore indicates that the switch from predominantly 
terrestrial to marine organic matter sequestration occurred across the entire Central 
Basin during the PETM CIE. Furthermore, a decline in the BIT index, together with 
decreased abundances of terrestrial palynomorphs and Osmundacae spores during the 
PETM at Site 302-4A (Sluijs et al. 2006, 2008a) indicate the switch from terrestrial to 
marine carbon sequestration was not restricted to the Spitsbergen Central Basin. 
 
The switch in organic carbon composition in both Spitsbergen and Site 302-4A during 
the PETM was caused by the interaction of a number of different factors. Relative sea 
level rise at both localities (Sluijs et al. 2006, 2008a; Harding et al. 2011), would have 
acted to decrease the flux of terrestrial organic matter transported to the sites of 
deposition. Furthermore, evidence for enhanced moisture transport to the Arctic 
(Pagani et al. 2006), as well as low-salinity surface waters during the PETM suggest 
elevated runoff (Sluijs et al. 2006, 2008a; Harding et al. 2011). Whilst enhanced runoff 
would have increased the flux of terrestrial organic matter to the sites of deposition, 
such changes would have been offset by the elevated marine productivity associated 
with the high nutrient input from enhanced runoff. Evidence for such high productivity 
surface waters is provided from dinocyst assemblages at both Spitsbergen and Site 
302-4A during the PETM (Sluijs et al. 2008a; Chapter 3). High surface water 
productivity would have increased the flux of dinocysts and other organic particles 
through the water column, whilst increasing biological oxygen demand (BOD). Elevated 
BOD, together with sea level rise and the warmer Arctic waters during the PETM 
resulted in sedimentary anoxia in Spitsbergen and euxinia in the photic zone at Site 
302-4A (Sluijs et al. 2006; Stein et al. 2006; Weller and Stein 2008; Chapter 3). Such Adam J. Charles    Chapter 4 
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low oxygen conditions would have acted to increase the preservation potential of labile 
marine organic matter, further elevating marine organic carbon burial. Given the switch 
from terrestrial to marine carbon during the PETM CIE, the net effect of sea level rise, 
runoff and anoxia in Spitsbergen and Site 302-4A was to increase the fraction of 
marine to terrestrial carbon buried. As Arctic sea level rise is inferred to be driven by 
eustatic change (Sluijs et al. 2008b; Harding et al. 2011), with elevated runoff caused 
by an enhanced hydrological cycle (Pagani et al. 2006; Sluijs et al. 2008a), it is 
probable that both these factors would affect the Arctic region. Given that the driving 
mechanisms for enhanced marine carbon burial in Spitsbergen and Site 302-4A would 
probably have acted across the entire Arctic during the PETM, we suggest this switch in 
organic matter composition may be a pan-Arctic phenomenon in proximal settings. 
 
 
Figure 4.6: Fluorescence micrographs from core BH9/05. a) Fluoresence properties of 
marine algal material as illustrated by Apectodinium spp. b) and d) Fragments of 
Apectodinium spp. as inclusions within Amorphous Organic Matter (AOM). c) 
Fluoresence properties of AOM in the PETM. Note the inclusions of highly-fluorescent 
material and framboids exhibiting specular scatter (also present within the AOM in 
panels a, b and d). All micrographs taken at x400 magnification, 527.75 m depth. Scale 
bar, 50 µm. 
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4.4.3 The Arctic as a carbon sink during the PETM 
Sluijs et al. (2008a) estimated that the excess (above background) quantity of organic 
carbon buried in the Arctic during the PETM was on the order of hundreds of 
gigatonnes, and the Arctic may have therefore played a significant part in carbon 
drawdown during the PETM. However the role of the Arctic as a carbon sink is 
dependant upon the assumption that the excess carbon sequestered was produced 
within the PETM, and did not consist of reworked organic matter washed into the 
basin. Within the CIE interval, the PETM dinoflagellate cyst assemblages are present 
across the Central Basin (with a low percentage of reworked cysts; Chapter 3). 
Together with the AOM with Apectodinium inclusions (Figure 4.6), this indicates the 
marine organic carbon buried was formed contemporaneously and would have 
withdrawn carbon directly from the exogenic system. Conversely, the fraction of 
reworked terrestrial organic carbon is more difficult to quantify, and will consist of a 
mixture of carbon synthesized during the PETM, and recycled by reworking. 
 
Analysis of both the Spitsbergen PETM localities and Site 302-4A has illustrated that a 
switch from terrestrial to marine organic carbon deposition occurred in Arctic 
continental margin settings during the PETM, with a subsequent return to terrestrial-
dominated organic carbon assemblages in the recovery interval (Sluijs et al. 2006, 
2008a; this chapter). Given the regional-scale factors driving this change, this switch in 
organic matter composition probably affected pan-Arctic continental margin settings 
(Section 4.4.2). If correct, the burial of predominantly contemporaneous marine 
organic carbon produced during the CIE in the Arctic implies the excess carbon buried 
in this interval was not recycled, but withdrawn from the exogenic system. This 
suggests that within the core interval of the CIE, the Arctic would have been a 
significant carbon sink during the PETM. 
 
However, within the recovery interval of the PETM CIE, a return to terrestrially 
dominated organic assemblages occurs in both Spitsbergen and at Site 302-4A (Sluijs 
et al. 2006, 2008a). Given that the transient climatic conditions driving the switch to 
marine organic carbon composition would have gradually abated on a regional-scale 
within the CIE recovery, the return to predominantly terrestrial organic carbon 
assemblages in marginal marine sites may have also been a pan-Arctic phenomenon. 
The significance of Arctic marginal settings as a carbon sink in the recovery interval of 
the PETM therefore depends upon the fraction of reworked terrestrial organic carbon, 
as such material does not involve the removal of carbon from the exogenic system. 
Unfortunately, the amount of reworking is likely to be highly variable on a spatial scale 
(owing to the spatial variability of fluvial inputs and the quantity of carbon such 
systems are reworking from the terrestrial stratigraphy exposed at the time). Assessing Adam J. Charles    Chapter 4 
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the significance of the Arctic as a carbon sink in the recovery interval therefore 
requires a spatial resolution of localities not presently available. Despite this, a certain 
fraction of the terrestrial organic carbon incorporated into the marginal marine 
settings will have been synthesized in the biosphere during the PETM, transported and 
buried within marginal marine sites, withdrawing carbon directly from the exogenic 
system. Thus, current evidence suggests that any excess carbon removed from the 
exogenic system during the Arctic PETM was drawn down through the marine 
biosphere in the CIE core interval, with further localities required to assess the 
potential contribution of organic carbon burial in the recovery. 
 
4.5 Conclusions 
Analysis of three localities across the Central Basin of Spitsbergen now constrains the 
rate, magnitude and composition of carbon burial in this Arctic foreland basin setting 
during the PETM. Comparison of MARs C
org across all three sites indicates a gradient of 
carbon burial, with the rate and quantity of carbon buried increasing towards the 
foredeep of the basin. Estimates of the total quantity of carbon buried within the basin 
during the PETM are on the order of 10s of gigatonnes, consistent with a regime of 
high subsidence and sedimentation. The magnitude and rates of carbon burial 
therefore indicate that foreland basins can rapidly sequester large quantities of organic 
carbon on geologically transient timescales (<240 kyr), even in relatively small basins 
(~12,000 km
2). 
 
Furthermore, analysis of the organic matter composition from core BH9/05 confirms 
previous results from the Longyearbyen section that a switch from terrestrially-
dominated  to marine-dominated organic matter sequestration occurred across the 
Central Basin during the PETM, and a similar scenario is known at Site 302-4A.  This 
switch in organic carbon composition is the result of the interplay of several factors: 
elevated runoff in both Spitsbergen and Site 302-4A led to elevated primary 
productivity, which together with sea level rise and the warmer waters during the 
PETM, resulted in sedimentary anoxia and a net increase in the amount of marine 
organic carbon buried. Such transient changes were driven by the enhanced 
hydrological cycle and eustatic rise at the PETM, which would have affected the entire 
Arctic region. Given the regional nature of the driving mechanisms, it is probable that 
continental margin settings across the Arctic were subjected to similar switches in the 
nature of carbon being buried, resulting in a substantial drawdown of excess carbon 
from the exogenic system via the marine biosphere. 
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Chapter 5: Discussion, conclusions and future 
work 
A brief discussion of some key questions arising from the work in Chapters 2-4 is 
given below (Section 5.1), followed by a synthesis of the major conclusions from this 
study (Section 5.2). Finally, Section 5.3 details how the findings and hypotheses 
proposed could be tested through further research. 
 
5.1 Key questions 
5.1.1 Is the PETM stratigraphically complete in core BH9/05? 
Owing to the proximal depositional setting of the material studied in this work, it is 
pertinent to explore the possibility that unconformities may be present within the 
PETM CIE of core BH9/05.  The onset of the CIE is marked by a pronounced negative 
shift in δ
13C values on a global scale (e.g. Sluijs et al. 2007a).  Thus any unconformities 
within this interval should be manifested as steps in the δ
13C curve.  For example, this 
type of step-like response is observed in the deep water records of the Walvis Ridge 
PETM owing to carbonate dissolution at the onset of the CIE (e.g. Zachos et al. 2005; 
McCarren et al. 2008).  In Spitsbergen, we have recorded multiple transitional values to 
the most negative δ
13C values after the onset of the CIE onset in core BH9/05.  This 
suggests that if unconformities are present within the CIE onset, they are 
stratigraphically restricted to intervals below the resolution of the δ
13C
TOC record, i.e. 
<30 cm.  It is currently not possible to determine the presence of such small-scale 
unconformities, but note that such phenomena would lengthen the duration of the CIE 
onset, further lowering the carbon injection rates derived by Cui et al. (2011, Appendix 
5). 
 
Within the core of the PETM CIE in BH9/05 there is a notable transition to darker 
laminated mudstones with elevated concentrations of pyrite (Riber 2009; Dypvik et al. 
2011; Chapters 3 and 4).  The inferred development of water column stratification 
during the core of the PETM CIE in Spitsbergen (Harding et al. 2011; Chapter 3), 
together with sea level rise and the warmer waters during the PETM (Sluijs et al. 2006) 
resulted in anoxic conditions within the sediment (Chapter 3).  A decline in diversity is 
also observed in agglutinated foraminiferal assemblages in core BH9/05, consistent 
with low bottom water oxygen (Nagy pers comm. 2011).  Thus, rather than the erosive 
tractional currents required to generate unconformities on a scale that could bias  
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cyclostratigraphic interpretations, the site of deposition demonstrates evidence for low 
bottom water oxygen conditions and thus low bottom water current velocities (a non-
depositional hiatus is extremely unlikely in this foreland basin setting).  Conversely, in 
the recovery interval of the BH9/05 PETM CIE, indicators of anoxia within the sediment 
decline.  Thus, it is currently not possible to rule out the presence of small-scale 
unconformities within this interval, although no sedimentological indicators support 
such a contention. 
 
5.1.2 Was the BH9/05 time-series altered by short-lived changes in sedimentation 
rate, or overprinting from a non-orbital influence? 
Comparison of Fe/Mn records from core BH9/05 with TOC (%) time-series records from 
the Longyearbyen section (Harding et al. 2011) has illustrated that the same cycles are 
present at both sites, indicating the cycles in the time-series are not result of 
stochastic noise or site-specific processes (Chapter 2).  However, the BH9/05 time-
series record the presence of three additional cycles within the PETM interval, 
compared to the Röhl et al. (2007) age model.  If these cycles are interpreted as 
precession cycles, then the duration of the PETM is consistent with that proposed by 
Murphy et al. (2010). 
 
It is thus necessary to explore the possibility that rapid changes in sedimentation rate, 
or non-orbital influences altered the time-series records, producing additional cycles.  
Cycle frequencies from 4-6 m are present in the Fe/Mn time-series records from core 
BH9/05, which are interpreted as precession cycles (Chapter 2).  Analysis of the time-
series illustrates that ~5 m cycles are predominant in the interval from 530.42-498.95 
m, whereas ~4 m cycles predominate in the interval 498.95-485.75 m (Figure 5.1), as 
illustrated in the wavelet spectra from these records (Figure 2.4).  Thus the range of 
cycle frequencies for the inferred precession cycles (excluding those marked with an 
asterisk) can be explained by a small change in sedimentation rate at ~500 m, with 
more condensed sedimentation in recovery phase II of the PETM.  The consistent cycle 
thickness within these two respective intervals (Figure 5.1) is consistent with quasi-
periodic changes in insolation associated with orbital forcing (excluding the cycles 
marked with an asterisk).  Recent age models constraining the duration of the CIE (Röhl 
et al. 2007; Murphy et al. 2010) suggest the 4-6 m and 20 m cycles are derived from 
precession and eccentricity forcing respectively, consistent with the cycle ratio 
observed between these two components (Chapter 2). 
 
Conversely, the three ~2 m low amplitude cycles marked with an asterisk are 
stratigraphically thinner than the 4-6 m cycles discussed above (Figure 5.1).  The 
difference in cycle thickness may suggest these three cycles have a different Adam J. Charles  Chapter 5 
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derivation, such as non-orbital influences on the time-series.  Alternatively, intervals of 
relatively condensed sedimentation could also result in precession cycles with a 
reduced stratigraphic thickness.  The ambiguous origin of these cycles therefore 
substantiates the need for two different cyclostratigraphic age options (Chapter 2), to 
account for this uncertainty. 
 
Figure 5.1: Stratigraphic thickness of inferred precession cycles from core BH9/05 
during the PETM interval.  a) δ
13C
TOC (Cui et al. 2011) showing phases of the PETM CIE 
as defined by Röhl et al. (2007).  b) Log Fe and Mn time-series, illustrating the 
stratigraphic thickness of inferred precession cycles.  Cycle numbers are after Röhl et 
al. (2007), with potential additional precession cycles labeled with an asterisk (see 
Chapter 2 for details). 
 
 
5.1.3 How does the stratigraphic thickness of the PETM interval relate to fluvial 
runoff? 
During the PETM interval in Spitsbergen, increased terrestrial runoff is inferred to have 
resulted in low salinity surface waters, leading to elevated abundances of the 
dinoflagellate cyst taxon Senegalinium spp. (Chapter 3).  Abundances of Senegalinium 
decline from the northeast (Longyearbyen section) to the southwest (Bergmanfjellet), Adam J. Charles  Chapter 5 
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suggesting the declining influence of fluvial runoff from a northeastern source 
(Chapter 3).  However, whilst the influence of runoff is inferred to have declined 
towards the southwest, the stratigraphic thickness of the PETM CIE increases in the 
same direction.  It might be expected that the stratigraphic thickness of the PETM 
interval should decline with the waning influence of runoff as sedimentation becomes 
more condensed, in a way similar to other passive margin settings such as the New 
Jersey margin (e.g. John et al. 2008).  The apparent increase in stratigraphic thickness 
with the declining influence of runoff in Spitsbergen therefore appears paradoxical. 
 
However, the Spitsbergen Central Basin is a foreland basin, with the uplift of the West 
Spitsbergen Orogenic Belt being contemporary with the deposition of the PETM 
sediments (Kellogg 1975; Steel et al. 1981; 1985; Müller and Spielhagen 1990; Harland 
1997).  Palaeocurrent directions and the eastern pinch-out of sandstone units indicate 
a western sediment source for the late Palaeocene-early Eocene sediments, consistent 
with a clastic sediment supply derived from the orogenic belt at this time (Kellogg 
1975; Steel et al. 1981; Helland-Hansen 1990; Dallmann et al. 1999).  Furthermore, the 
stratigraphic thickness of the Frysjaodden Formation containing the PETM thickens 
westward (Kellogg 1975; Helland-Hansen 1990; Dallmann 1999), indicating the 
sediment shed from the orogenic belt was the primary control on stratigraphic 
thickness at this time. Thus the increasing stratigraphic thickness of the CIE towards 
the west can be explained by the increasing proximity of the depositional localities to 
the clastic sediment supply from the growing West Spitsbergen Orogenic Belt (Figure 
5.2). 
 
In addition, however, erratic clasts including pebbles of diabase dolerite and granite 
were also deposited within the Frysjaodden Formation (Birkenmajer and Narebski 
1963; Birkenmajer et al. 1972). The present day exposures of these lithologies 
illustrate that they were derived from a north or northeastern source area (Birkenmajer 
et al. 1972).   Together with dinocyst evidence for fluvial input from the northeast 
(Chapter 3), this suggests the presence of two sources of runoff into the Central Basin 
during deposition (Figure 5.2).  The increasing stratigraphic thickness of the PETM CIE 
toward the west suggests that the clastic sediment supply from the orogenic belt 
dwarfed sediment supply from the northeastern fluvial source, leading to the expanded 
CIE towards the west.  Whilst the Bergmanjellet section lies adjacent to the West 
Spitsbergen Orogenic Belt today, it is believed that the orogenic belt was on the order 
of 20 km further to the west during the Paleogene (Steel et al. 1985).  Thus, the 
Bergmanfjellet section would have been relatively distal to the freshwater input from 
the western margin of the basin, leading to the lower abundances of low-salinity 
tolerant dinocysts observed at this site. Adam J. Charles  Chapter 5 
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Figure 5.2: Schematic representation of the palaeoceanographic regime in Spitsbergen 
during the PETM, resulting in the declining influence of freshwater runoff from 
northeast to southwest, and yet increasing stratigraphic thickness in the same 
direction. 
 
 
Given the position of the Longyearbyen section and core BH9/05 on the eastern margin 
of the basin, it is therefore likely that these sites were predominantly influenced by the 
freshwater influx from the northeastern fluvial source, whilst stratigraphic thickness 
was controlled primarily from sediment supplied from the west (Figure 5.2).  Such a 
scenario can therefore account for the declining influence of salinity from northeast to 
southwest, and increasing stratigraphic thickness of the CIE observed in the 
Spitsbergen localities. 
 
5.2 Synthesis of major conclusions 
5.2.1 Links between Arctic hydrology, the marine biosphere and carbon burial 
Arctic PETM localities have now been documented from the Lomonosov Ridge (IODP 
Site 302-4A: e.g. Backman et al. 2006; Moran et al. 2006) and from Spitsbergen 
(Harding et al. 2011; Cui et al. 2011; this study).  Despite the different depositional 
settings of these localities (Site 302-4A: passive margin; Spitsbergen: foreland basin), Adam J. Charles  Chapter 5 
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each provides evidence supporting relative sea level rise, low-salinity surface waters, 
and decreased oxygenation (Table 5.1).  The following sequence of events illustrating 
how the PETM developed in the Arctic is consistent with the evidence provided by all of 
the localities studied. 
 
5.2.1.1 Arctic sea level rise 
Several lines of evidence suggest sea level rise in the Arctic region (Table 5.1).  A pre-
PETM change from terrestrial- to marine-influenced deposition in the Longyearbyen 
section (Spitsbergen) suggests that sea level rise preceded the onset of the CIE 
(Harding et al. 2011, Appendix 1).  At all three Spitsbergen localities, the highest 
abundance of marine dinocysts indicates maximum flooding around the peak of the 
CIE (Harding et al. 2011; Chapter 3, Appendix 3).  Elevated sea surface temperatures at 
Site 302-4A (Sluijs et al. 2006) indicate that Arctic sea level rise may have been (at least 
in part) driven by the thermal expansion of seawater, although melting of small-scale 
Antarctic alpine glaciers and/or changes in basin volume (associated with the North 
Atlantic Igneous province) may also have contributed (Sluijs et al. 2008b). 
 
5.2.1.2 Enhanced hydrology, runoff and stratification 
An enhanced deuterium flux to Site 302-4A has been used as evidence for elevated 
moisture transport to the Arctic, which would in turn result in increased precipitation 
(Pagani et al. 2006).  Such elevated precipitation would have resulted in high runoff in 
continental margin settings such as the Spitsbergen Central Basin and Site 302-4A (e.g. 
Sluijs et al. 2008a; Weller and Stein 2008; Chapter 3), leading to low salinity, nutrient-
rich surface waters (Table 5.1).  This in turn resulted in a stratified water column, 
enabling the proliferation of freshwater tolerant dinoflagellates such as Senegalinium 
spp. in a surficial low salinity lens, with genera typically associated with open marine 
conditions inhabiting higher salinity waters below (Chapter 3).  The pronounced acme 
in Senegalinium has been shown to lag the CIE onset by 23-60 kyr (a value 
incorporating total age model uncertainty), which indicates that maximum freshwater 
input and stratification lagged the CIE onset, at least in Spitsbergen (Chapter 3). 
 
5.2.1.3 Anoxia, productivity and carbon burial 
Warmer Arctic waters (Sluijs et al. 2006) and salinity stratification during the Arctic 
PETM drove a decline in oxygen levels, leading to sedimentary anoxia in Spitsbergen 
(Harding et al. 2011; Chapter 3) and photic zone euxinia at Site 302-4A (Sluijs et al. 
2006; Stein et al. 2006; Weller and Stein 2008).  Anoxia, sea level rise, and the 
enhanced marine productivity driven by high runoff (Table 5.1), resulted in a net 
increase in the fraction of marine carbon being buried in the Arctic during the PETM  
 
Table 5.1: Evidence for palaeoceanographic changes in the Arctic region during the PETM 
Spitsbergen  Site 302-4A  Change during 
PETM  Evidence  References  Evidence  References 
Relative sea 
level rise 
Longyearbyen: change from 
terrestrial to marine deposition, 
decreased quartz abundance, 
elevated H/C ratios. Elevated 
abundance of marine dinocysts at all 
sites.  
BH9/05: decline in C
29/C
27 diasterane 
ratio and rise in dinocyst:wood ratio 
Harding et al. (2011); 
Chapters 3 and 4 
Decline in BIT index, and relative percentage of terrestrial 
palynomorphs and Osmundacae spores. Increased 
abundance of marine dinocysts, marine biomarkers, and 
aquatic organic matter. Elevated HI values. 
Sluijs et al. (2006, 2008a); 
Weller and Stein (2008); 
Boucsein and Stein (2009). 
Elevated sea 
surface 
temperatures 
-  -  TEX
86’ palaeotemperature proxy  Sluijs et al. (2006) 
Enhanced 
moisture 
transport 
-  -  Enhanced deuterium flux  Pagani et al. (2006) 
Increased runoff  Increased concentration of terrestrial 
n-alkanes (with odd chain lengths 
>C
24) during the PETM 
Cui (2010)  Elevated concentrations of terrestrial palynomorphs – 
despite increased dilution from elevated sedimentation 
rates.  Maximum terrestrial n-alkane concentrations 
Sluijs et al. (2008a); Weller 
and Stein (2008) 
High 
productivity 
Predominance of peridinioid 
dinocysts at all three sites – 
including presence of presumed 
high-nutrient taxon Apectodinium 
Harding et al. (2011); 
Chapter 3 
Predominance of peridinioid dinocysts – including 
presence of high presumed high-nutrient taxon 
Apectodinium 
Sluijs et al. (2006, 2008a) 
Low salinity 
surface waters 
Senegalinium acme at all three sites  Harding et al. (2011); 
Chapter 3 
Senegalinium acme.  δ
18O and 
87Sr/
86Sr analysis of fish 
bones indicate low salinities, but may not represent the 
full extent of freshening due to the uncertain depth 
habitat of the specimens.  
Sluijs et al. (2006, 2008a); 
Waddell and Moore (2008); 
Gleason et al. (2009) 
Low oxygen 
conditions 
Laminated sediments and elevated 
pyrite content across the basin. 
Riber (2009); Dypvik 
et al. (2011); Harding 
et al. (2011); Chapter 
3 
Laminated sediments and absence of foraminiferal test 
linings.  Elevated TOC concentrations.  Presence of the 
bacterial biomarker isorenieratane and abundant <5 µm 
pyrite framboids.  C/S ratios <1.  Elevated concentrations 
of S and redox sensitive elements indicated by XRF. 
Sluijs et al. (2006, 2008a); 
Stein et al. (2006); Weller and 
Stein (2008); Boucsein and 
Stein (2009); März et al. 
(2010) 
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(Chapter 4).  The predominance of marine carbon burial within the PETM CIE implies 
that the sequestered carbon was synthesized during the PETM and would have thus 
drawn down carbon directly from the exogenic system, implying that the Arctic would 
have been a significant carbon sink during the PETM (Chapter 4). 
 
5.2.2 Constraints on the numerical age and trigger mechanism for the PETM 
Combining radio-isotopic dating of one of the bentonite layers within the Spitsbergen 
PETM CIE together with cyclostratigraphic analysis of Fe and Mn time-series, has 
constrained the numerical age of the Palaeocene-Eocene boundary (onset PETM CIE) to 
between 55.728-55.964 Ma (Chapter 2, Appendix 2), consistent with the recently 
proposed astronomical age of 55.93 Ma (Option 2 of Westerhold et al. 2007, 2008).  
The numerical age of the boundary has to fall on one of the astronomical age options 
of Westerhold et al. (2007, 2008), in order to maintain the phase relationship between 
records of the 405 kyr cycle extracted from ODP Site 1262 (ODP Leg 208 Walvis Ridge) 
and the same component of the astronomical solutions (Laskar et al. 2004).  Thus, 
these findings substantiate an age of 55.93 Ma (Option 2 of Westerhold et al. 2007, 
2008) for the Palaeocene-Eocene boundary, equivalent to the onset age of the PETM 
CIE.  When compared to the orbital solution of Laskar et al. (2004) this indicates the 
onset of the CIE occurred on the falling limb of 405 kyr eccentricity cycle.  Given that 
other early Eocene hyperthermals are consistently found on eccentricity peaks or the 
rising limb of such cycles (Westerhold et al. 2007; Westerhold and Röhl 2009; Zachos 
et al. 2010; Sexton et al. 2011), this suggests the PETM was driven by a different 
trigger mechanism when compared to the other hyperthermals. 
 
5.3 Further research 
5.3.1 Testing the numerical age of the Palaeocene-Eocene boundary 
The combined radio-isotopic and cyclostratigraphic analysis of the PETM in Spitsbergen 
has permitted the derivation of a precise age estimate for the Palaeocene-Eocene 
boundary (Chapter 2).  Further research should aim to test the proposed age range for 
the boundary by combining radio-isotopic and cyclostratigraphic methodologies.  This 
could be achieved by the radio-isotopic dating of ash layers within other sedimentary 
successions, and then ascertaining the duration between a given ash layer and the 
onset of the PETM CIE (e.g. Westerhold et al. 2009).  Given that the errors associated 
with 
40Ar/
39Ar radioisotopic dating are currently ~1 % (e.g. Renne et al. 1998; 2010; 
Kuiper et al. 2008; Channell et al. 2010), U-Pb dating of ash layers is required for this 
purpose in order to accurately assess the age of Paleocene-Eocene boundary. 
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5.3.2 Towards a robust age model for the PETM 
In Chapter 2, cyclostratigraphic analysis of Fe and Mn time-series from core BH9/05 
has yielded two possible age model options for the PETM interval.  Option A adheres to 
the cyclostratigraphic age model proposed by Röhl et al. (2007), with Option B 
consistent with the extraterrestrial 
3He age model of Murphy et al. (2010).  However, 
precession cycles 1-3 in age model Option A correspond to one 100 kyr eccentricity 
cycle.  Given that 4-6 precession cycles should be present for every one short 
eccentricity cycle, it is difficult to reconcile these two orbital components using this 
age option.  The potential presence of three additional precession cycles (relative to 
Option A) in the PETM interval using age model Option B results in a 1:5 short 
eccentricity to precession cycle ratio, consistent with orbital cycle ratios (Pälike 2005).  
However, the additional cycles recognized are stratigraphically thinner (~2 m) than the 
other inferred precession cycles in core BH9/05 (~4-6 m; Figure 5.1).  This change in 
stratigraphic thickness could be caused either by intervals of relatively condensed 
sedimentation or from non-orbital influences on the time-series. 
 
Thus, given the ambiguous origin of these cycles, cyclostratigraphic analysis of further 
localities is required in order to test for their presence in other settings.  Although it is 
notable that several cyclostratigraphic studies have been carried out in bathyal settings 
(Norris and Röhl 1999; Röhl et al. 2000, 2007), constructing PETM age models in such 
localities is complicated by the effects of carbonate dissolution associated with the 
shoaling of the carbonate compensation depth (Zachos et al. 2005; McCarren et al. 
2008), as well the pronounced change to condensed sedimentation (Farley and Eltgroth 
2003; Röhl et al. 2007; Murphy et al. 2010), making cycle identification subjective.  
Thus the additional cycles found within core BH9/05 may not be present in such 
settings owing to a hiatus at the base of the CIE in such localities.  However, previous 
studies on the duration of the PETM CIE have focused on Atlantic and Southern Ocean 
sites (Norris and Röhl 1999; Röhl et al. 2000, 2007; Farley and Eltgroth 2003; Murphy 
et al. 2010), where carbonate dissolution is most intense (Zachos et al. 2005; Zeebe 
and Zachos 2007; McCarren et al. 2008).  Pacific localities are stratigraphically more 
complete and thus more suitable for age model construction, but also show a decline 
in carbonate content, and may therefore be subject to the same problems (e.g. Zachos 
et al. 2003).  Analysis in neritic-upper bathyal settings is complicated by elevated 
sedimentation rates in passive margin locations (John et al. 2008; Sluijs et al. 2008a), 
which would alter the stratigraphic thickness of orbitally-derived cycles, thus 
potentially hindering their identification.  Furthermore, erosional unconformities are 
often present in such successions, and typically truncate the PETM recovery interval 
(e.g. New Jersey and California: John et al. 2008; Tanzania: Handley et al. 2008; 
Kumaru section, New Zealand: Sluijs et al. 2008b; Woensdrecht, the Netherlands: Sluijs Adam J. Charles  Chapter 5 
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et al. 2008b).  Given that cyclostratigraphy in terrestrial settings is also potentially 
complicated by intervals of non-deposition, erosion and autocyclic fluvial avulsion, 
constructing age models for the PETM in any setting is highly problematic owing to the 
perturbation of the entire exogenic system.  These problems can (in part) therefore 
explain the array of durations proposed for the PETM (also see Murphy et al. 2010, for 
the discrepancies between 
3He and cyclostratigraphic age models). 
 
One approach to minimize the error associated with the duration of the PETM CIE may 
therefore be to integrate all the age models so far generated to minimize the problems 
associated with each geographic setting and the methodologies used to derive each 
age model.  However, this approach is also complicated as the records would require 
correlation via carbon isotopic records derived from different proxies in disparate 
settings.  Given that the fractionation effects, sedimentary processes and lag times 
would differentially alter the various proxies recording carbon cycle perturbation, 
matching isotopic records between the different sites could result in an erroneous 
correlation.  Thus, in order to move towards a more robust age model for the duration 
of the PETM CIE, age models for the duration of the CIE must be integrated with long-
term (Myr timescale) records from the deep sea (e.g. Westerhold et al. 2007; Zachos et 
al. 2010).  Such records can indirectly constrain the CIE duration through correlation of 
the 405 kyr component of orbital forcing extracted from geological records to those 
from astronomical solutions.  Whilst this has already been achieved from Site 1262 
(Westerhold et al. 2007), replicating this methodology at other localities would 
mitigate against the effects of carbonate dissolution at Site 1262, and lead to a more 
robust indirect estimate for the CIE duration. 
 
5.3.3 Testing Arctic PETM Hypotheses 
This study of three highly expanded PETM successions in Spitsbergen has generated 
high-resolution records of the event across a second Arctic setting.  Thus, whilst the 
Spitsbergen sites have provided a wealth of data on the PETM in the high Arctic, it is 
notable that the event is still only documented from two widely geographically 
separated localities in the region.  Further Arctic PETM localities are therefore required 
in order to test several hypotheses proposed for the region.  A brief summary of the 
key hypotheses requiring testing is listed below. 
 
5.3.3.1 Hypothesis 1: Summer sea surface temperatures were subtropical (>20°C) 
in the Arctic during the PETM 
Robust quantification of sea surface temperatures in the Arctic region is essential, as 
such temperatures represent an end member scenario for meridional sea surface 
temperature gradients, and thus are required to constrain global climate models for Adam J. Charles  Chapter 5 
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the PETM (Sluijs et al. 2008a).  To date, sea surface temperatures are only constrained 
from Site 302-4A using the TEX
86’ palaeotemperature proxy (Sluijs et al. 2006; note 
that TEX
86’ differs from TEX
86 in that isomer GDGT-3 is not included within the 
temperature calibration).  Unfortunately, the thermal maturity of samples from 
Spitsbergen prevents both TEX
86 and hydrogen isotopic analysis at this second Arctic 
locality.  Given that temperatures are only derived from one proxy in one nearshore 
locality across the region, it is difficult to assess how representative these temperature 
values are for the Arctic.  Furthermore, the summer-biased ~23°C temperature 
obtained from this site during the PETM (Sluijs et al. 2006) was obtained using the 
TEX
86’ calibration (Sluijs et al. 2006).  Since the latter study additional calibrations for 
the TEX
86 proxy have been proposed (Kim et al. 2008, 2010; Liu et al. 2009), and 
analysis of similar samples has indicated results vary by ±3-4°C between laboratories 
(Schouten et al. 2009).  Thus derivation of further sea surface temperature data from 
other Arctic localities is required to test the hypothesis that Arctic sea surface 
temperatures were >20°C during the PETM. 
 
5.3.3.2 Hypothesis 2: An enhanced hydrological cycle resulted in increased 
moisture transport to the Arctic region during the PETM CIE, with peak 
hydrological forcing potentially lagging the onset of carbon injection by 23-60 kyr 
In a similar way to sea surface temperature data, hydrogen isotope data have to date 
only been generated from Site 302-4A (Pagani et al. 2006).  An enhanced hydrological 
cycle would be expected during the PETM owing to the global increase in temperatures 
(Pagani et al. 2006), with evidence for enhanced weathering and precipitation 
supporting such a contention (Ravizza et al. 2001; Schmitz and Pujalte 2007).  Given 
that an enhanced hydrological cycle should elevate the flux of deuterium to the high 
latitudes (Pagani et al. 2006), study of hydrogen isotopes from the PETM interval in 
high northern latitudes could illustrate how the hydrological cycle responds to 
transient warming.  However, whilst the enhanced deuterium flux to Site 302-4A 
illustrates the intensification of the hydrological cycle at the PETM (Pagani et al. 2006), 
gaps in the core recovered at this site prevent the recognition of potential temporal 
changes in hydrological intensity.  Thus, hydrogen isotopic analysis of another highly 
expanded Arctic PETM locality could confirm the leads and lags between carbon 
injection, temperature and hydrology suggested by the results from Spitsbergen 
described here. 
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5.3.3.3 Hypothesis 3: Sea level rise and enhanced hydrology drove elevated marine 
productivity, a decline in oxygen levels and a switch from terrestrial to marine 
carbon burial in Arctic marginal marine settings 
Whilst results from both Spitsbergen and Site 302-4A have provided evidence for 
coeval sea level rise, elevated moisture transport and increased marine carbon burial 
(Table 5.1), an increased spatial coverage of Arctic PETM localities is required to test 
the hypothesis that the Arctic was a site of elevated carbon fixing and sequestration.  
This scenario can be tested by employing the same methodologies used in this study 
at other sites.  The combination of palynological, sedimentological and geochemical 
studies across additional sites will therefore further constrain conditions in the Arctic 
during the PETM, providing important limits on meridional moisture and temperature 
gradients to feed into and enhance global climate models. 
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